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Iron Oxides in Mediterranean Soils: Properties and Influence
on Soil Behaviour
J. Torrent Departamento de Ciencias y Recursos Agricolas y Forestales, Universidad
de Cordoba, Apdo. 3048, 14080 Cordoba, Spain.
Abstract. Iron oxides occur in relatively low amounts in most Mediterranean soils: They exert,
however, considerable influence on several important soil properties. The crystalline forms,
of which goethite and hematite are the most common, generally dominate over the shortrange order forms. Among the soil properties influenced by Fe oxides, soil color, aggregation
and specific ion adsorption are the most conspicuous. Soil color is quantitatively related to
the hematite content in hematite-containing soils and constitutes a useful indicator of the
pedoenvironment in which soils were formed. There is evidence that Fe oxides play a role in
aggregating Mediterranean soils, but the precise nature, and the quantitative importance of
the processes involved are not fully understood. Due to their high specific surface area, and
to the presence of hydroxylated surfaces, pedogenic Fe oxides are important sorbents for
cations and anions. In particular, their role in phosphate sorption is well established. More
research is needed on several subjects, as, for instance, cation adsorption, and the capacity of
these minerals to act as sinks for phosphate and other ions. Also, the differences in behaviour
between goethite and hematite must be better characterized and understood.
1. Introduction. Regions with Mediterranean climates generally lie between humid temperate
areas and low-latitude warm deserts. However, Mediterranean soils (a term used here to
designate soils found in regions with a Mediterranean climate) cannot strictly be considered
intermediate, regarding degree of weathering, morphology and mineralogy, between those of
the surrounding climatic areas. Mediterranean soils typically have a xeric moisture regime,
with cool moist winters and warm dry summers. Weathering is thus limited to the periods in
which the soil remains moist, but, in spite of the summer drought, many Mediterranean soils
are more weathered than those of temperate humid regions. There are several reasons for
this. One is the prevalence of relatively mild temperatures in spring and autumn, when soils
are generally moist; another is the significant potential for leaching and removal of the
soluble products of weathering in rainy winter months. Moreover, Mediterranean regions have
not been glaciated and many of the geomorphic surfaces are older than Holocene. Paleosoils,
which formed during the pluvial-interpluvial Pleistocene cycles, under climates warmer and
moister than that of today, are common in the Mediterranean regions (7).
The moisture and temperature regimes, and the timespan in which mineral transformation
has occurred have markedly influenced the mineralogy of Mediterranean soils. In particular,
Fe oxides (a term used here to embody Fe oxides, oxihydroxides and hydroxides) differ from
those of temperate and tropical regions, and, for several reasons, have attracted the interest
of not only soil scientists, but also of geographers and travellers. To mention an example, the
strikingly red Terra Rossa soils of southern Italy were repeatedly mentioned by Goethe in his
Italian Travels (2). Despite this interest, scientific literature concerning this subject is still
scarce. The objective of this paper is to briefly present existing knowledge on the occurrence,
nature and significance of Fe oxides in Mediterranean soils.
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2. Iron oxides content. In most Mediterranean soils, part of the Fe-bearing primary minerals
are still unweathered, and the loss of basic cations and silica has been relatively low. These
conditions do not favor a high concentration of pedogenic Fe oxides. Consequently, Fe d , i.e.,
the Fe in Fe oxides, which is usually determined by a reductive extraction based on dithionite
(3,4), is relatively low. Most Mediterranean soils have <50 g Fe d kg"1; higher values are
occasionally reported in hydromorphic soils with Fe-Mn concretions, in soils derived from
parent materials rich in Fe oxides (e.g., some Triassic and Devonian rocks), and in highly
weathered soils on Pliocene geomorphic surfaces (5,6). An average value of 17.1 g Fe d kg'1
was found for 114 samples of A and B horizons of soils on widely different parent materials
of the Mediterranean part of Spain, with many values between 5 and 25 g kg"1 (Fig. 1).
In well drained Mediterranean soils, Fe oxides occur as isolated crystals or in small
aggregates concentrated in the clay fraction. Accordingly, in groups of soils of similar origin,
Fe d is usually correlated to the clay content of the soil. The Fe d /clay ratio generally ranges
from 0.05 to 0.15 (Table 1), which means that, on a weight basis, about 7-22% of the clay
fraction corresponds to Fe oxides.
The Fej/Fe, ratio (where Fe, is total Fe) usually ranges between 0.4 and 0.8 (7), indicating
that significant amounts of silicate Fe are still present, as previously indicated. The
weatherability of the parent material and soil age are the factors that most influence Fe^Fe,.
In soil chronosequences, Fe d /Fe, usually increases with age (8,9,10,11), but this is not always
the case (8). From the soil orders of Soil Taxonomy (12) most commonly found in
Mediterranean regions, Alfisols generally have the highest Fe d /Fe, and Fe d values, for they
are usually more weathered than Entisols, Inceptisols, Mollisols and Vertisols.
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Fig. 1. Frequency diagrams of the Fe d content in samples of A and B
horizons of different soils from the Mediterranean part of Spain (79).
(Reprinted by permission of Kluwer Academic Publishers).
3. Mineralogical characteristics
3.1. Occurrence of different forms. According to current ideas on the effect of pedogenic
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Table 1. Values of the Fe,j/clay and Fe 0 /Fe d ratio for different groups of Mediterranean soils.
Origin of soils*

Classification1"

No. of samples

Different areas of
AI,V,E
Mediterranean Spain (15)
Terraces, Guadalquivir
A,E
River (S. Spain) (39)
Terra Rossa soils
AI
(Italy) (28)
Terra Rossa soils from
A,I
Sardinia and N. Italy (29)
Red soils from Spain (7)
A.I.V
A
Red paleosoils of the
Granada Depression
(S. Spain) (77)
Sequences of river 0
AM
terraces (California) (16)
AM
River terraces, Cajon
Pass (California)0 (9)
I,A,V,E
Calcareous soils from
S. Spain (78)
AIM
Terra Rossa soils from
S. Europe, W. Asia,
Australia, and USA (20)
I,A
Soils on calcareous
rocks (Central Italy) (30)
Soils on basalt and
AV
scoria of S. Syria (17)
a
b

c

Fe d /clay

FeJFea

Mean

S.D.

Mean

S.D.

114

0.074

0.056

0.12

0.10

26

0.060

0.028

0.07

0.04

13

0.051

0.018

0.08

0.03

16

0.071

0.030

-

-

50
14

0.087
0.133

0.040
0.037

-

-

-

-

46

0.125

0.041

0.21

0.18

21

0.070

0.040

0.27

0.07

25

0.034

0.029

0.17

0.14

48

0.056

0.010

0.04

0.02

12

0.050

0.010

0.08

0.04

12

0.042

0.015

-

-

Only the A and B horizons were considered.
In order of abundance. E= Entisols, 1= Inceptisols, V= Vertisols, M= Mollisols, A=
Alfisols.
For soils with more than 5% clay.

environments on the formation of Fe oxides (13), the relatively warm Mediteranean
pedoclimate, and the relatively low contents of inhibitors of crystallization (organic matter and
silicate) determine that the ferrihydrite formed when Fe is released from the primary Febearing minerals be converted into crystalline Fe oxides. For this reason, the Fe extracted by
acid ammonium oxalate (Fe 0 ), which is a measure of the short-range order Fe oxides (14),
has lower values in Mediterranean than in soils of humid temperate areas. For instance, only
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4 of 114 soil samples of the Mediterranean part of Spain had Fe 0 >3 g kg"1 (15). Occasionally,
values near 10 g kg"1 have been reported for well drained soils (16,17); these values are not
unfrequent in hydromorphic soils (17). Up to 10% and 6% of ferrihydrite in the coarse and
fine clay, respectively, have been found in some pyroclastic derived soils (18).
The Fe 0 /Fe d ratio measures the degree of activity of the Fe oxides (14,19), and has often
been used in pedogenic studies of Mediterranean soils, where it generally decreases with soil
age (9,11,16). In most soils, Feo/Fe,, is <02 (Table 1); values <0.05 are reported in the more
weathered soils (such as Terra Rossa) and values >0.3 are sometimes found in calcareous
soils, where Fe d is relatively low. A significant difference between the means of Fe 0 /Fe d for
the A and B horizons (X = 0.13 and 0.10, respectively) was found in a study of 114 soils of
Spain (15); the same was observed in some Terra Rossa soils (20). This difference is probably
due to the effect of organic matter in preventing crystallization of ferrihydrite and to some
accumulation of organic Fe (extractable by acid oxalate) in the A horizons.
Of the crystalline pedogenic Fe oxides, goethite (Gt) and hematite (Hm) are, by far, the
most common. Lepidocrocite has occasionally been found in well drained soils (21), and in
some buried paleosoils and hydromorphic soils (Torrent, unpublished). Maghemite, also rare,
has been reported by some authors (21,22,23,24). This mineral, when present in the A
horizons, usually results from the transformation of other Fe oxides by forest fires (21).
However, it has also been found in B horizons, where it seems to be neoformed (23).
Whereas goethite is nearly always present in Mediterranean soils, hematite is not so
ubiquitous. If it is assumed that a color with a Munsell hue redder than 10YR indicates the
presence of hematite (25,26), probably 50-70% of Mediterranean soils contain significant
amounts of this mineral. From these, less than half have enough hematite to be considered
"Red Mediterranean Soils", a term used by some pedologists to include all Mediterranean
soils with a hue redder than 5YR.
Rubification (i.e., reddening due to pedogenic hematite formation) is favored by the
Mediterranean pedoenvironment, where soils are warm, dry during relatively long periods, and
low in organic matter (13,27). However, even in the reddest soils (e.g., Terra Rossa formed
on hard, pure limestone), pedogenic goethite is formed. For this reason, the Hm/(Gt+Hm)
ratio rarely exceeds 0.75 (20,28,29,30). Due to its dependence on pedoenvironment and soil
age, the Hm/(Gt+Hm) ratio has been used in soil genesis studies (8,10).
32. Properties of goethite and hematite. Transmission electron microscopy (TEM) gives
relatively little information on the Fe oxides of Mediterranean soils; the first reason being that
these minerals occur in low concentrations in the clay fraction. Even after treatment with
concentrated NaOH to dissolve part of the silicate clays (31), goethite and hematite are rarely
recognized, because they often occur in irregular masses. Acicular goethite crystals are
sometimes observed (8); hexagonal hematite platelets have also been reported (32).
In the last 15 years, the use of differential X-ray diffraction (DXRD) (33), either in intact
or NaOH-treated clay fractions, has offered an insight into the crystal properties of goethite
and hematite in Mediterranean soils. Mean coherence length (i.e., the size of the coherently
scattering domains) perpendicular to a given diffraction hkl plane (MCL,^) have been
measured for the 110 and 110 reflections for goethite and the 110 reflection for hematite
(Table 2). Available information indicates that paragenetic goethite and hematite have similar
MCLs (not necessarily crystal sizes), generally ranging from 10 to 60 nm. In contrast, in many
soils of tropical areas, hematite shows larger MCL than goethite (34,35,36,37). When MCLa
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Table 2. Some properties of goethite and hematite in Mediterranean soils.
Soils

Goethite

Hematite

MC1V

j*

MCIV

x'b

-

23-51

6-15

— run —
35-68

0-5

-

30-48

4-24

26-45

2-16

-

-

8-15

-

2-7

-

24-34

14-18

23-25

8-10

-

17-49

4-17

12-59

0-14

7-20

6-20

6-21

10-27

2-9

-

-

8-21

MC1V
nm
Alfisols of river terraces
from Spain (8)
Alfisols of river terraces in
S. Spain (39)
Alfisols on calcarenites from
S. Spain (47)
Terra Rossa soils from several
Mediterranean regions (20)
Terra Rossa soils from Sardinia
and NE Italy (29)
Soils on calcareous rocks of
central Italy (30)
Xerolls, Xeralfs, Xerults of
marine terraces (California) (11)
a
b

MCL= mean coherence length perpendicular to the indicated plane.
Al mole fraction, Al/(A1+Fe), from X-ray diffraction data (x 100).

and MCLj. of hematites were calculated, MCLj. <MCLS, i.e., domains have platy morphology,
in agreement with some Mössbauer studies (38).
Specific surface area (SSA) of goethite and hematite, calculated from MCLs of the order
of magnitude of those reported in Table 2, ranges between 40 and 160 m2 g*1 (39). This range
does not differ much from the 90-210 m2 g"1 range calculated for the difference in SSA of
intact and deferrated samples in the clay fractions of 12 Terra Rossa soils (40). However, due
to the low Fe oxides content of most Mediterranean soils, the accuracy of this type of
calculation is limited. In summary, a plausible figure for the SSA of goethite and hematite in
Mediterranean soils is 100-150 m2 g"1, which can make a significant (but not substantial)
contribution to the surface area of the soil.
The Al/(Fe+Al) mole fraction (x) of the different Fe oxides is a useful pedoenvironmental
indicator (41,42). In goethites of Mediterranean soils, x seldom exceeds 0.20 (Table 2),
reflecting limited availability of Al in the course of pedogenesis, for most soils have relatively
high base saturation. In agreement with soils of tropical areas (41), x in hematite tends to be
about one half of x in associated goethite (Table 2).
4. Iron oxides and soil properties
4.1. Soil color. The undisputable effect of Fe oxides on soil color has recently been reviewed
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(43,44). Suffice it to say that in Mediterranean, as well as in soils of other regions, these
minerals constitute the most important pigments, even though they may occur in low
concentrations. Most Mediterranean soils have hues between 2.5Y and 10R; as previously
indicated, hues redder than 10YR suggest the presence of hematite. This mineral seems to
have a higher pigmenting power in Mediterranean than in tropical soils (26), probably
because crystals tend to be less aggregated in the former. Consequently, some Mediterranean
soils with Fed <50 g kg"1 can have hues as red as those of hematite-rich tropical soils, in which
a color saturation effect is observed (45,46).
Soil color is quantitatively related to the hematite content of the soil. A redness rating
(RR), defined as (10-H)xC/V (where H is the number preceding YR in the Munsell hue, C
is the chroma, and V the value), was found to be well correlated to the soil hematite content
determined by DXRD (8,26). This index, as well as other indices based on the CIE
(Commission Internationale de PEclairage) L*aV system or the Y, x, y chromaticity
coordinates have been successfully used for this purpose (30,45,47,48). The best correlations
are obtained when the population studied consists of soils with a similar origin (Fig. 2).
In contrast to hematite, the relatively low pigmenting power of goethite precludes good
quantification of this mineral, in particular when hematite is present (45). In that case,
goethite can be predicted from the difference between the total amount of Fe oxides and the
predicted hematite content.
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Fig. 2. Relationship between Redness Rating and hematite content in
two groups of Mediterranean soils (data from 39,47).
Soil color can be measured visual or spectrophotometrically. However, the accuracy (and
usefulness) of the measurement depends on the methodology employed, and the care with
which samples are prepared (49).
Soil color has little influence per se on other soil properties, except for the thermal regime
of bare soils. However, as previously indicated, the Hm/(Gt+Hm) ratio (and, hence, color)
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is sensitive to pedoenvironment, reflecting characteristics such as thermal and moisture
regimes, organic matter content and pH (13). This sensitivity is particularly evident in
Mediterranean soils, serving to point at small differences in the conditions of soil formation
and evolution. For instance, the soils of two river terrace sequences in close proximity in
central Spain showed striking differences in soil color (and hematite content), which were
attributed to differences in soil pH and moisture regime (10). Unfortunately, the
interpretation of the color of Mediterranean soils has been flawed in the past by preconceived
ideas. One of them was invoking the need for quasi-tropical paleoclimates to produce
hematite. Today, it is well established that Holocene rubification has taken place, not only in
Mediterranean soils, but also in the soils of some axeric areas, provided that pedoenvironment
is dry during some periods (27,50,51).
42. Soil aggregation. Processes as critical as runoff and erosion, crusting, seed emergence, and
rooting are critically affected by soil aggregation. In a recent review (52), it was concluded
that Fe oxides can play a role in stabilizing soil structure. This statement was mainly based
on in vitro studies, in which short-range Fe hydroxides were precipitated at low pHs and
formed stable coatings on clay minerals, as shown in an early study (53). In contrast,
crystalline Fe oxides precipitated at near neutral pH do not interact with clay minerals (54).
This agrees with TEM observations generally showing absence of close association between
clay minerals and Fe oxides. However, addition of the latter can promote aggregation in some
soils (55). Likewise, removal of Fe oxides results sometimes in a decrease of aggregation (52).
The relationships between aggregation and Fe oxides in Mediterranean soils have received
little attention, although they do not seem to escape the ambiguity affecting this subject. A
study of several Californian soils showed that removal of Fe oxides increased dispersivity (56).
For soils near the Mediterranean region of Italy, short-range order Fe oxides were more
effective in aggregation than crystalline forms (57). In another study on a similar area,
oxalate-extractable forms aggregated a greater quantity of fine clay and a larger surface area
of particles per gram of oxide than dithionite-extractable forms (58). For thirteen Terra Rossa
soils, particle size distribution (PSD) changed more by dithionite than by oxalate treatment
(Fig. 3) (28). However, the oxalate-extractable (short-range order) forms seemed to be
effective in aggregating sand and silt. In addition, the corresponding change in PSD was
significantly correlated to the ratio oxalate-extractable Si/oxalate-extractable Fe. Thus, silica
might contribute to aggregation, probably by forming bridges between Fe oxides and other
soil particles, such as quartz grains.
Field observations that some red Mediterranean soils are better aggregated than similar
soils without hematite, suggest that this mineral might be more effective than goethite in
promoting aggregation. Direct evidence for the aggregating role of hematite was given for red
soils developed on Terra Rossa from Portugal, where small (<5 nm) particles identified as
"protohematite" by electron diffraction were responsible for the formation of microaggregates
with clay minerals (59). Similar observation has been made on fersiallitic soils of Portugal
(60). Hematite was also identified in pseudoparticles of rubified Moroccan soils (61). In Terra
Rossa soils from Italy, the change in PSD by dithionite treatment was better correlated to
hematite than to goethite content (28). In contrast, other studies showed no difference
between goethitic and hematitic soils (57), or that that there were fewer aggregated particles
in soils containing goethite and hematite than in soils containing only goethite (58). These
conflicting reports suggest that other factors often offset the possible differences in the

X

aggregating capacity of goethite and hematite.

Particle size (ftm)
Fig. 3. Cumulative particle-size distribution curves (2-2000 /*m) of a
Terra Rossa soil for the untreated, citrate-bicarbonate-dithionitetreated, and NH4-oxalate-treated samples (28). (Reprinted by
permission of Catena Verlag).
4.3. Specific ion adsorption. Specific adsorption of cations and anions is an important property
of the Fe oxides (62), but, except for phosphate, little work has been done to quantify these
reactions in Mediterranean soils. In the last 15 years, evidence has accumulated to show that
Fe oxides have a dominant influence on P sorption by Mediterranean soils at low (<mM)
equilibrium concentration (63,64). A significant relationship is usually encountered between
P sorption and Fe d (Fig. 4). For soils developed on similar parent materials, the correlation
is usually high (39). In several studies, the regression coefficient of P-sorption capacity on the
surface area of the Fe oxides is of the order of 1-2 /wnol P m"2 (39,40). These values are in
reasonable agreement with the mean values of 2.5 /imol m"2 reported for synthetic goethites
(65) and 1.0 txmol m"2 reported for synthetic hematites (66).
As previously discussed, Mediterranean soils usually have very low Fe 0 values. The effect
of short-range order Fe oxides on P sorption is, therefore, limited. However, FeQ, because of
its possible covariance with Fed, can occasionally be a good predictive variable. Cases in which
short-range order Fe oxides seem to dominate P sorption have also been reported (67). It
must be remembered that short-range order Fe oxides have SSA of the order of 400 m g"1
(68), i.e., several times that of their crystalline counterparts, and have similar P-sorption
capacity on a surface area basis (69).
The question of whether goethite and hematite of Mediterranean soils differ in their Psorption capacity is unresolved. These two minerals have similar SSA but they could have
somewhat different P-sorption capacities, as it is the case for their synthetic equivalents.
Goethite was more active in P adsorption than hematite in Terra Rossa soils (40). However,
the Hm/(Gt+Hm) ratio covaried with other soil properties which also might influence P
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sorption (clay mineralogy, aggregation, etc.).
Slow P sorption has been related to Fed in Mediterranean soils (70,71,72). It is likely that
the slow process is due to the penetration of phosphate into micropores, surface defects or
spaces between domains of goethite and hematite, resulting in not easily desorbable
phosphate.
The role of Fe oxides as sinks for P has been documented for different Mediterranean soils
(73,74,75). This accumulation occurs in the course of pedogenesis and can increase by P
fertilizer addition (76). Future work is needed to establish the capacity of Fe oxides to
accumulate phosphate (and other ions) and to release them upon changes in environmental
conditions (pH, Eh, etc.).
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in relation to Fed for 114 soils of the Mediterranean part of Spain (15).
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MINERAL REACTIONS IN ACID SULFATE SOILS
Nico van Breemen, Department
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University, POB 37, 6700 AA Wageningen, the Netherlands

Agricultural

Introduction. Mineralogy and mineral transformations in acid sulfate soils are of interest (1)
practically, because of the agronomic and environmental problems of high acidity, (2)
didactically, because of the distinctness of the minerals, and of their transformation, and (3)
scientifically, because of several unresolved and perplexing problems, Acid sulfate soils (pH
3-4) form by oxidation of reduced S (mainly pyrite, cubic FeS2) to H 2 S0 4 . They develop after
drainage of pyritic marine sediments which lack sufficient acid-neutralizing substances (e.g.
CaC03) to buffer all of the acid. Part of the oxidized S is retained temporarily (generally for
10'-103 years) in the basic iron sulfate jarosite, which causes characteristic pale yellow
mottles.
This paper reviews the most succinct aspects of acid sulfate soil mineralogy by focusing on
the two stages of acid sulfate soil genesis: formation of pyrite in potential acid sulfate soils,
and formation of Felll- and sulfate minerals after oxidation of pyrite.
Accumulation of pyrite. Pyrite-S contents normally far exceed those of C-bonded S and
amorphous or tetragonal FeS (which are also sources of potential acidity). The highly
insoluble pyrite is the stable form of S in near-surface anoxic environments. In marine
sediments, pyrite forms from seawater-sulfate and detrital iron, in the presence of
metabolizable organic matter and sulfate reducing bacteria. The end product of bacterial
sulfate reduction is sulfide, S(-II). Pyrite, however, is a disulfide with S of average oxidation
state -I. So, an oxidation step is required to produce pyrite from bacterially reduced sulfate.
Fe(III) can oxidize sulfide to disulfide, but only for at most 2/3 of all of the reduced S that is
precipitated with Fe(II). Normally, therefore, 0 2 is needed for complete pyritization of detrital
Fe. This explains why high pyrite contents are often observed near interfaces of reduced and
oxidized zones, and especially in the zone of fluctuating tidal ground water. Tropical
mangrove marshes (high supply of organic matter; iron-rich sediments) can be particularly rich
in pyrite (5-10 % FeS2).
Microscopically, visible single pyrite crystals may precipitate within hours from an aqueous
Fe2+ polysulfide solution at room temperature. Framboidal pyrite, which usually makes up the
bulk of sedimentary pyrite, forms more slowly via solid FeS precursors. The accumulation of
pyrite in alternating oxic/anoxic sediments probably represents a small net effect of two much
larger fluxes: one into the reduced S pool by bacterial sulfate reduction, and one out of that
pool by reoxidation to sulfate. Usually, the framboidal pyrite is inside dead plant cells, while
most of the quicker-forming, small, single pyrite crystals occur outside such cells. Clearly, cell
walls of dead plants protect the slowly accumulating bulk of reduced S (=framboidal pyrite)
against the vagaries of a dynamic, temporary oxic environment.
Oxidation products. Within days to weeks, aeration causes oxidation of pyrite, first to Fe(II)
sulfate and sulfuric acid, next to Fe(III) sulfates (at pH <4) or (hydrous) oxides (at pH>4).
Various autotrophic bacteria of the Thiobacillus group utilize the energy released by oxidation
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of S(-II, 0, IV) or Fe(II) to S(VI) or Fe(III), thereby greatly speeding up oxidation. In oxic,
acid conditions, jarosite (K,NaFe3(S04)2(OH)6) precipitates. Many other Fe(II) and Fe(III)
sulfates exist, but they are so soluble that they persist only in arid conditions. Most acid
sulfate soils are seasonally watersaturated and gleyed, whereby jarosite mottles partly replace
the Fe(III) oxide mottles seen in non-acid gley soils. In humid tropical areas, jarosite may be
lacking: due to continued excessive wetness and, often, high contents of organic matter, the pe
remains too low for oxidation of Fe(II) sulfate to jarosite, even after drainage. Such soils may
loose most of the iron derived from pyrite by lateral removal of dissolved Fe(II) sulfate.
Jarosite is one of the few secondary iron minerals that is always well-crystallized. As a result,
its thermodynamic properties are presumably less variable than those of most iron oxides. This
may be one reason why jarosite reacts predictably in some ways. E.g. jarosite usually occurs
in the conditions predicted by its (meta)stability field (Fig. 1). Remarkably, however, aqueous
solutions can remain highly supersaturated with jarosite in its presence. As follows from the
pe-pH diagram of the system Fe-S-H20-02-(K20) (Fig. 1), jarosite and pyrite do not coexist in
equilibrium. This is reflected by their commonly observed spatial or temporal separation.
Jarosite and pyrite keep away from each other even in the absence of 0 2 , by the release of
dissolved Fe3+ from jarosite (the pH is low enough for appreciable dissolution of Fe(III)),
followed by rapid oxidation of pyrite by Fe3+. Jarosite is metastable with respect to coarserthan-very-fine-grained goethite or hematite. Indeed, in acid sulfate soils of monsoonal areas,
jarosite is transformed to goethite or hematite near the upper boundary of the jarositic horizon.
This loss of jarosite is made up for by newly formed jarosite in the lower part of that horizon.
The source material for this jarosite is dissolved Fe(II)S04 rising upward from the pyritic
subsoil. So, during soil development, successive accumulation horizons of iron oxide and of
jarosite move to greater depths, as does
the upper limit of the pyritic substratum.
This profoundly influences soil morphology and mineralogy in decades to centuries: acid sulfate soils are very transient
phenomena. The better drained acid sulfate soils in climates with a pronounced
dry season have stri-king red mottles of
hematite. Hematite is lacking in adjacent
non-acid marine soils of similar age and
topography, which have goethite mottles
instead. Apparently, low pH favours the
formation of hematite over goethite. Two
more sulfate minerals deserve mention.
Gypsum forms in acid sulfate soils
wherever it solubility product is exceeded, e.g. under (often seasonally) dry
conditions and a supply of Ca, usually
from sedimentary CaC0 3 . I end with a
ghost: jurbanite, A10HS04.5H20. Jurbanite has never been found in acid sulpe-pH diagram of fine-grained goethite (Fe(OH) 3 ),
Fig. 1
fate soils, but at least the activity of disjarosite and pyrite. Solid phases are indicated by
solved Al3+ behaves as if regulated by
hatching. The boundaries between solids and
equilibrium with this mineral, to the
solution are solute activities of 10""(Fe2*), 10'2(SO42')
and 10-3(K*).
delight of unscrupulous modellers.
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The Role Of Clay Minerals In The Maintenance Of Soil
Structure

G.J. Churchman* and R.C. Foster CSIRO Division of Soils and Australian
Cooperative Research for Soil and Land Management, Private Bag No. 2, Glen
Osmond, South Australia 5064, Australia.
Abstract. Scanning electron microscopy carried out using an environmental cell showed that, in a
Calcic Rhodoxeralf in South Australia which has never been cultivated, sand-size quartz particles
are largely covered by clay-size particles that are closely attached to the quartz. Samples from
nearby cultivated plots in the same soil type had many uncoated quartz particles. Transmission
electron microscopy of ultrathin sections revealed complex multilaminate microaggregates of silt
size. The cores of these microaggregates are variously composed of quartz, plant cell remains,
extracellular polysaccharides and microbial colonies. In the virgin soil, clay minerals largely occur
as domains or tactoids within microaggregates while, in cultivated soil, much dispersed clay also
occurs in micropores between microaggregates. Particle size distributions following treatments
with either hydrogen peroxide or sodium citrate/bicarbonate/dithionite indicate that clay in the
virgin soil is more strongly bound by Fe and Al compounds than by organic matter. However,
compounds of Fe and Al are no more effective than organic matter for binding clay in the
cultivated soil.
The stability of associations of <2um particles against shaking generally increased with increases
in the specific surface areas of soils as measured by nitrogen sorption. Some acidic kaolinitic soils
flocculated on shaking. Many Australian illitic and smectitic soils flocculated on shaking.
Na-smectitic soils showed spontaneous dispersion and sometimes also macroscopic swelling upon
dialysis against water. Na-illitic soils showed spontaneous dispersion but not macroscopic
swelling in water. Na-kaolinitic soils with a range of specific surface areas and associated minerals
showed no dispersion or swelling in water. Charge and particle size appear to govern the effect of
osmotic forces on soils.
Introduction. Soil structure encompasses both the "architectural arrangement" of primary
particles in a soil (1), and also the arrangement of its voids or pores (2). Good soil structure
enhances plant growth. It provides fine pores for the storage of water, coarser pores for the
transmission of air, water and nutrients to roots as well as for the drainage of excess water, and
also even coarser pores to enable the establishment and extension of roots. These different pores
should be stable towards disturbance by most climatic, animal and agricultural management
influences. A good soil structure should also provide easy workability as well as resistance to the
erosive forces of wind and water.
The very occurrence of stable pores, as well as the distribution of their sizes and shapes is itself a
consequence of the aggregation of the primary soil particles. Aggregates in soils comprise
associations of particles which are stronger than loose stacks of sand grains but weaker than
cemented soil features like iron concretions and nodules.
Clay minerals have: 1. high surface areas, 2. electrical charges, 3. the ability to disperse and
become flocculated and to swell and shrink, and 4. a variety of particle shapes. Because of their
high surface areas, which derive from their small sizes, and also their charged nature, they form
strong associations with other soil particles which are small and/or charged. These include oxides,
hydroxides and oxyhydroxides of Fe and Al, which also have high surface areas. These "metal
oxides" are (variably) charged 0,4,5). Clay minerals also associate with organic matter. At the
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pH's of most soils organic matter typically has a negative charge which is comparable to, or grater
than, that of the most highly-charged clay minerals ie. smectites and vermiculites (6).
According to early mechanisms for the stabilisation of aggregates, either clays provide a
continuous network that enmeshes and binds other soil particles together, or soil particles are held
together by irreversibly dehydrated silicates, oxides and hydroxides of iron and aluminium, or
humic-sesquioxide complexes (7). It has also been suggested (8) that clays and organic matter are
linked together to form the basic unit of soil aggregates, with successively larger entities bearing a
fractal type of relationship to this basic unit. Tisdall and Oades (9) proposed a hierarchical model
in which a stable soil structure is based on strong mutual associations between the finest inorganic
ie. clay particles. These associations are bound into successively larger entities by a variety of
aggregating agents of largely organic origin. According to Tisdall and Oades (9) water-stable
macroaggregates (>c. 200um), but not microaggregates (<c. 200um) are affected by agricultural
practices. Others eg. (10), however, have found that agricultural practices can affect the
distribution of water-stable microaggregates in soils.
Electron microscopy enables the direct observation of the structure of soils at the finest scale. It
has indicated that mechanisms for the stabilisation of associations of soils can vary with soil type
(11). These variations probably relate to differences in clay mineralogy.
In order to clarify the role of clay minerals in the stabilisation of the structure of soils, we studied
associations formed by clays in an agriculturally important type of soil and the effects of farming
practices upon these associations. We also carried out some experiments on the stability of
associations of clays in soils relative to common disruptive forces. In particular, we tested a recent
suggestion (12) that the resistance of soils to mechanical disruption may be closely related to
their specific surface areas (hereafter "surface areas"). We also investigated factors influencing the
effect of osmotic forces on soils. Osmotic forces affect sodic soils, which are widespread in
Australia (13) This paper reports the results of the electron microscopic and laboratory
investigations.
Materials and Methods. Form of occurrence of clay minerals in an agricultural soil. Core
samples were taken of a Calcic Rhodoxeralf from the sites of tillage and crop rotation trials being
conducted by the South Australian Research and Development Institute at Halbury, c.90km N. of
Adelaide, South Australia. Core samples of a Calcic Rhodoxeralf were also taken from the site of
a former school, 700m from the trial sites that has never been cultivated. Soils were sampled at
the trial sites on each of duplicate pairs of plots. One set was under conventional cultivation and a
rotation of legumes (alternately peas and beans) with wheat. The other set was under zero tillage
management and a rotation of pasture and wheat. The trials had been conducted for 18 years and
followed approximately 100 years of farming.. Soils in each of the 5 sites were sampled at depths
of 0-10, 10-20, 20-50mm. These duplex soils were also sampled at successive intervals of up to
50mm until the clay-rich B horizon was reached. The pH (in water) of the virgin soil was 7.7
between 0 and 200mm depths while that of the cultivated soil at 0-100mm depth was 7.1.
Combined analyses by X-ray diffraction (XRD) and X-ray fluorescence (XRF), including analyses
for cation exchange capacity (CEC) from the exchange of Ba^"1", showed the clay fraction of the
soil in the uncultivated and also the various cultivated sites was dominated by a mineral
comprising illite and smectite layers in random interstratification. Kaolinite was also present in
minor proportions (< 20%) and quartz in trace amounts (< 5%).
Interstratifications of smectite with either illite or kaolinite, generally designated as "randomly
interstratified minerals", or RIM, are common in Australian soils (14). They can have high CEC's
and can also confer to soils many of the physical properties of smectites eg strong shrink-swell
characteristics.
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Small (approx 100 mm3) sub-samples were taken from the centre of each of the core samples in
the field and immediately left to fix overnight in gluteraldehyde vapour to kill the soil biota in situ
and to stabilise the soil organic matter (IS, 16). Aggregates from each of these fixed sub samples
was examined by a scanning electron microscope using an environmental cell (ESEM). Other
aggregates were treated with stains to help identify organic components, dehydrated, embedded in
Spurr's resin and ultrathin sections made from them, following (15) and (16). The sections were
examined by Transmission Electron Microscopy (TEM) and Electron Probe Microanalysis
(EPMA) was used to identify both minerals and soil organic matter.
The remainder of each sample was analysed for particle-size distribution using sedimentation
procedures. Dispersion of the soils prior to the determination of their particle size distributions
was carried out on lOg. samples of air-dried soils by either of two methods. One set of samples
was treated with sufficient 100 vol. hydrogen peroxide, added along with c. 0.3g FeSOd until no
further reaction occurred (17). Another set was treated with sodium dithionite, along with sodium
citrate and sodium bicarbonate (CDB treatment) (18). Following each treatment, samples were
shaken end-over-end for 20hr. in 100ml solutions containing 0.4% sodium hexametaphosphate in
0.02M NaOH.
2. Stability of associations of clays in soils to mechanical disruption 10 Australian soils with
predominantly kaolinitic clay mineralogies, 7 with predominantly illitic clay mineralogies and 7
with clay mineralogies that were predominantly smectitic were chosen for the study of mechanical
dispersibility. 5 New Zealand soils, 3 kaolinitic, 1 illitic and 1 smectitic were studied the same way
for comparison. The samples were derived from both surface and subsurface horizons and
therefore encompassed a range of contents of organic carbon (C or g). Alliiad been air-dried and
>2 mm particles sieved out prior to experimentation.
2g samples of each soil was immersed in 30ml water in a glass test tube. It was shaken twice, then
end-over-end at 14 revolutions per minute for lmin., for 15 min. and then for 16hrs They were
then ultrasonified, using a Branson model 250 sonifier with a microtip probe, for 1 minute.
Following each of these levels of treatment, the suspensions were allowed to stand and aliquots
containing the <2 urn fractions were pipetted off at a time appropriate to sampling depth,
following Stokes' Law. The turbidities of these samples were determined using a Hach Ratio
Turbidimeter and hence yields of particles <2 u.m. Dispersion indices were expressed as ratios D2
of yields of <2 um material from the shaking treatments to those from the ultrasonic treatment.
The dispersibilities of the Australian soils were also determined after they had been saturated with
calcium ions and then shaken in solutions containing a common low concentration of calcium salt.
Calcium saturation was carried out by percolation of 100ml of 0.1M CaCh through samples on
filter paper followed by their leaching with 0.2mM CaCl2 solution until leachates attained an
electrolyte concentration close to that of the leaching solution (49 uS). Dispersibilities were then
obtained following the same range of increasing energy treatments carried out as before but in
solutions of 0.2mM CaCl2 rather than in water.
3. Stability of associations of clays in soils to osmotic forces. 7 soils from Australia were chosen
to represent a range of dominant clay minerals, surface areas and extent and location of layer
charge, lg each of air-dried samples of these were placed in dialysis bags. Bags were made by
sealing off moist dialysis tubing (25mm diameter when flat) by stretching it over closed plastic
vials containing water, for weighting. The samples were soaked with 1 M NaCl, and, with the
bags suspended inside cylinders, the samples were dialysed against water, without mechanical
disturbance. The treatments were continued until rates of changes in the height of columns of the
dialysed samples were low.
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Results And Discussion. 1. Form of occurrence of clay minerals in an agricultural soil. ESEM
showed that in soils from both the virgin site and cultivated plots, microaggregates were bound
together by fungal hyphae (Fig. la), fine rootlets (Fig. lb) and fragments of cellular debris . Often
several organic strands linked two microaggregates. Many of the fungal hyphae appeared
flattened and dead, even when the greatest care was taken in fixing the aggregates and preparing
them for ESEM.

Fig. 1. Environmental scanning electron micrographs (ESEM's) of samples from 0-10mm
depth of virgin soil showing (a) fungal hyphae, and (b) fine rootlets.

ESEM also showed that most of the surfaces of microaggregates from the virgin site were coated
with clay-sized particles; very few exposed quartz grains were seen, and these were mostly small
(Fig. 2a). Moreover, the clay-sized particles were firmly held on to the quartz surface; completely
immersing the microaggregates in water failed to remove them (Fig. 2b). Clay-sized material
could include organic matter as well as minerals but associations of fine particles are similarly
extensive in the sample from 150-220mm, which contains only 1.3% C or g, as in the more highly
organic surface (0-lOmm) sample, which has 8.8% C or g.

Fig. 2. ESEM's of samples from 10-20mm depth in virgin soil (a) as received, and (b) after
immersion in water.
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By contrast, many quartz particles at the surface of microaggregates from the cultivated plots
were uncoated, exposing relatively large areas of smooth quartz (Fig. 3a, b). There was no
consistent difference in ultrastructure between aggregates from the zero till (direct drilled) and
those from conventionally cultivated plots. A high proportion of the quartz particles in each case
were uncoated.

Fig. 3. ESEM's of samples from 0-10mm depth after 18 years in (a) a zero till plot, and (b)
a conventionally cultivated plot, each following c. 100 years of farming.
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TEM of ultrathin sections of aggregates showed that much of the clay occurred in complex
multilaminate microaggregates of silt size (eg. Fig. 4a) in which the clay was oriented differently
in each of the lamellae (Fig. 4b) As well, many of the microaggregates had a core of quartz ( Fig.
4c). In the TEM quartz grains are easily recognised by the observations that, when they contact
the diamond knife during ultra microtomy, they shatter into shards with characteristic conchoidal
surfaces, and by the fact that these shards give only a Si peak in EPMA whereas the clay cutans
enclosing the quartz core also give Al and K peaks.

Fig. 4. TEM's of ultrathin sections of samples from (a) 0-10mm depth in virgin soil, and (b)
and (c) 20-50mm depth in conventionally cultivated plots.
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Clay also coated remnants of plant cells (Fig. 5a) and some microaggregates contained plantderived extracellular polysaccharides (Fig 5b). Many microbial colonies were also coated with
tangentially oriented clay (Fig 5c).
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Fig. 5. TEM's of ultrathin sections of samples from (a) and (b) 20-50mm depth in plot with
zero till for 18 years, following c. 100 years of farming, and (c) 0-10mm depth in virgin soil.
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Particular interest attaches to the fact that the micropores of sub-micron diameter in aggregates
from the virgin site were open (Fig. 4a), whereas micropores in aggregates from both the zero till
and conventionally cultivated sites were often occluded by dispersed clay (Fig. 6a). This dispersed
clay consisted of particles of between 0.001 and O.Olum in length and between tens of A and 0.01
um in thickness (Fig. 6a, b). These remained dispersed through the fixation and dehydration
processes needed to prepare ultrathin sections. EPMA of the dispersed clay showed that it had a
similar composition to the clay in the complex silt-sized multilamellate aggregates. This suggests
that, in the tilled soils, the clay domains or tactoids (19) are being broken down, and the fine
material dispersed and deposited in the micropores. This observation is in accord with the greater
concentration of clay removed from the tilled soils after removal of organic matter alone in
comparison with that removed from the uncultivated soil (Fig. 7).

Fig. 6. TEM's at (a) low, and (b) high magnification of ultrathin sections of samples from
20-50mm depth in conventionally cultivated plots.
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Hence electron micrographs showed that soils could exhibit microstructure. They also suggest
that the associations of clay-size particles leading to microstructural features can be disturbed by
cultivation.
Direct observation of the Calcic Rhodoxeralf at Halbury lends support to hierarchical models for
stable soil structure like that of Tisdall and Oades (9). Microaggregates are bound together by
fungal hyphae, fine rootlets and other biological agents. Within the microaggregates, most clay
particles occur together in domains, rather than in single layers.
Distributions of particles within the various samples after the removal of organic matter by
peroxidation (Fig 7) showed that clay contents were generally lower and silt contents generally
higher throughout the uncultivated soil in comparison to those from the different cultivated sites.
Coarse sand contents throughout the uncultivated soil were notably lower than those for samples
from the cultivated sites.

Percentage of treated soil (by weight)
Fig. 7. Particle size distribution of the A horizons of a Calcic Rhodoxeralf from (a) virgin
site, (b) zero tilled and (c) conventionally cultivated plots following hydrogen peroxide
treatment.
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4.2% by weight was removed by CDB treatment from a sample of the virgin site at 50-100mm
depth compared with between 2.3 and 3.4% by weight of samples at the same, or a similar depth
from the cultivated plots. When particle size distributions were determined on samples from this
depth in each soil after CDB treatment (Table 1), the clay content of the sample from the virgin
site was increased greatly while its silt content was diminished by a similar amount. The silt and
clay contents of the samples from the various cultivated plots were very similar or only slightly
different from those obtained following peroxidation of these samples. The content of coarse sand
in the uncultivated soil sample following the CDB treatment is lower than that remaining after this
treatment of the samples of the cultivated soils.
Table 1. Particle size distribution after peroxidation or treatment with sodium
dithionite/bicarbonate/citrate (CDB) of samples from c50-100mm depth in a virgin site
and cultivated plots in a Calcic Rhodoxeralf.
Coarse sand

Silt

Fine sand

Clay

(% by weight of sample before treatment)
Site

P

CDB

P

CDB

P

CDB

P

CDB

Virgin

9.3

11.1

39.2

37.1

33.5

12.5

13.8

35.0

No tillt

18.6

16.9

41.6

42.0

13.4

11.2

23.9

26.4

C.,s.f.

17.9

17.3

41.5

41.7

12.2

11.6

25.2

26.2

No tillj

15.7

13.6

38.2

39.1

16.2

11.6

29.1

32.1

C.s.f.

15.8

14.7

39.6

39.9

15.9

11.7

27.6

31.3

P Peroxidised
CDB Treated with sodium dithionite/bicarbonate/citrate
C.s.f. Conventional cultivation with short fallow
f sample taken from 50-90mm; J sample taken from 50-80mm; otherwise, samples taken from 50-100mm.

The strong effect of the CDB treatment on the contents of silt and clay in the virgin soil suggests
that iron compounds and/or those of aluminium, were responsible for a large part of the stability
of the association of clay-size particles into silt-size aggregates in this soil. Stability may be
provided by metal oxides (3, 4, 5) or by organic complexes of Fe and Al (20, 21). The similarity
of the effects of the CDB and hydrogen peroxide treatments upon the silt and clay contents in the
samples from the cultivated soils indicates that Fe and Al were less important for maintaining
aggregate stability in these soils than in the virgin soil.
Clay dispersion occurs in cultivated soil at Halbury (Fig. 6). However, the surface soil at Halbury
does not show spontaneous dispersion by the Emerson test (22). Mechanical dispersion probably
occurs as a result of cultivation, especially of wet soil. This may have lead to water-logging.
Water-logging was observed on at least part of the site containing the cultivated soils during
winter but did not occur at the virgin site at the same time. Temporary water-logging in the past
may have led to prior reduction of iron compounds involved in aggregation in the soils at this site
(23).This provides a mechanism whereby cultivation may disturb the stability of microaggregates
<250 \im in soil.
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The low clay content of the virgin soil following peroxidation compared with its yield of clay
following CDB treatment could also indicate very stable organic. The virgin site was located
within 2m of trees (Callitris sp.). Aggregates in forest soils are exceptionally stable, even to
treatments with sodium periodate, which destroys polysaccharides (24, 25). Nevertheless, our
peroxidation treatment was very strong. Peroxidation led to a loss of 4.2% by weight of the virgin
soil at 50-lOOmm, which had a C or g content of 2.5% ie c.4.3% organic matter (26).
In general, destabilisation of microaggregates has provided erodible material. As a result, there
appears to have been a considerable loss of topsoil, resulting in the considerably shallower A
horizon in the cultivated soils in comparison with the virgin soil (Fig. 7). Losses of this magnitude
(c. 150mm) are known to be common in this region (27). As well, erosion, which probably occurs
by wind as well as by water in the flat topography of the different sites, may have caused a
selective loss of fine material from the remaining topsoil. This could have led to the larger
proportions of coarse sand observed in the cultivated soils than in the soil which has remained
uncultivated. Alternatively, the uncultivated soil may comprise inherently more coarse sand than
the cultivated soils 700m away. We are testing these different propositions.
2. Stability of associations of clays in soils to mechanical disruption. Dispersion indices
determined after 16 hr. shaking were all high (> 0.4) and showed no pattern with increase in
surface area from N? sorption (most values from 12, 28). Those determined after shaking twice
and after lmin. shaking were mostly extremely low. Indices determined after 15min. shaking,
however, show a tendency to decrease as the surface areas of soils increased (Fig. 8).
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5 out of 7 Australian illitic soils and all of the Australian smectitic soils flocculated on standing,
often after only a short period of shaking, indicating the presence of soluble components.
Nevertheless, most dispersed following leaching with Ca ions and these values are shown in Fig.8
Where dispersion indices could be determined both before and after treatment with C&.*, it
appeared that this treatment had little effect on soil dispersibility (Fig. 8).
A high proportion of the kaolinitic soils formed into large floes and settled out of suspension
when shaken. These could not be redispersed after leaching with Ca ions. The kaolinitic soils
which flocculated all have low pH's (< 5.3). Kaolinitic crystals at acid pH's tend to aggregate,
either as a result of the attraction of negative faces with edges that are positively charged (29), or
else as a result of the presence of exchangeable aluminium, which can bridge particles (30). Net
charge on the particles depends on mineralogy and organic matter composition, as well as pH
(31). Organic matter tends to increase the negative charge on the colloids, thereby encouraging
dispersion (32), and it is notable that 4 Australian kaolinitic soils which were highest in organic C
(C or g £ 1.4%)) stayed dispersed on shaking.
In general, the decrease in mechanical dispersibility with increasing surface area indicates that an
increase in the number of points of cohesion with increasing extent of surface stabilises soils
against mechanical disruption. Earlier work on New Zealand kaolinitic soils (12) had revealed
close correlations of surface area from N2 sorption w ' t n "dispersion" indices, including D%, but
also the analogous values for coarser particles, D20 and Dfó. Using both theory and a simple
experiment with a model soil, Smalley (33) demonstrated that the tensile strength of soil materials
greatly increased with decreases in particle size.
There were no consistent differences between the behaviour of Australian and New Zealand soils
but the flocculation on shaking of all of the Australian smectites and many of the Australian illites
contrasted with the behaviour of some New Zealand soils (12). In this earlier study, none of the 5
smectitic soils or 7 soils containing illite flocculated on shaking. This contrast very likely reflects
the greater age and generally drier environment of Australian soils compared with New Zealand
soils, leading to soluble salts in only the Australian soils.
3. Stability of associations of clays in soils to osmotic forces. Osmotic forces can cause
spontaneous dispersion and/or extensive ie macroscopic swelling in soils (34). A visual
demonstration of the effects of osmotic forces (Fig. 9) shows that these differ with the dominant
clay minerals in soils and are also affected by other soil properties (Table 2).
None of the three kaolinitic soils tested showed any dispersion or swelling after Na-saturation and
contact with water. All three were acid (Table 2). Dispersion was inhibited, probably mainly by
the same cause which led to the flocculation of some kaolinitic soils in water, as discussed earlier.
Metal oxide contents of the soils vary from very low in 16137 (dithionite-extractable- (dith.-) Fe:
0.1%, dith.-Al: 0.05% to high in 15769 (dith.-Fe: 11.7%, dith.-Al: 1.83%), and very high in
T62.6 (dith.-Fe 17.9, dith.-Al 1.35%). The combined coagulating effect of kaolinite and metal
oxides, which also have pH-dependent charge, is sufficient to overcome the dispersive tendencies
of smectite and vermiculite, which occur in minor amounts in one of the soils ie 15769.
The two illitic soils both show spontaneous dispersion (Fig. 9). More of the Muloorina sample is
dispersed than of soil 19586b. The Muloorina sample has a higher surface area than 19586b but it
also has a higher clay content. Particles which are spontaneously dispersed by the technique used
are generally <lum in size (G.J. Churchman and D.A. Weissmann, unpub. results). Hence the
Muloorina sample very likely contains more dispersible material than soil 19586b.
The two smectitic soils show dispersion, and in one case, 15453, also macroscopic swelling (Fig.
9). Soil 15453 shows a stronger total reaction (swelling+dispersion) than Drayton clay. 15453 has
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a lower surface area but also a lower layer charge (ie CEC) than Drayton (Table 2). For Drayton,
the high layer charge, most of which originates in the tetrahedral layer, leads to the inhibition of
both crystalline and macroscopic swelling of the Na-saturated clay (35).
Table 2. Properties of samples subjected to Na-exchange and dialysisf
Identification

Clay

Clay
minerals}

pH
in water

Surface Area

m2/g

CEC
cmol(+)lkg

16137

54

K

5.2

24

3.7

T62.6

71

K,Fe

4.5

59

1.6

15769

60

K>S,V

5.7

98

15.3

19586b

17

I»K

5.7

12

4.9

Muloorina

91

I

8.2

103

20.8

15453

81

S>K

7.0

93

64.1

Drayton

100

S

7.1

105

123.0

t Details on location, depth of sampling and classification in (28)
K. Kaolinite; Fe. Iron oxides, hydroxides or oxyhydroxides; I. Mite; S. Smectite; V. Vermiculite

Fig. 9 Effect of dialysis against water of Na-exchanged soils with different dominant clay
minerals for 12 days. Soils are (L to R): 16137, T62.6, 15769 (all kaolinitic); 19586b,
Muloorina (both illitic); 15453; Drayton (both smectitic). Samples rest on tops of plastic
vials. Before dialysis, the surfaces of all samples were at the same height as those of the 3
kaolinitic samples, which remained unchanged at 7±2mm throughout the treatment.
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Conclusions. Some indications of the role played by clay minerals in the maintenance of soil
structure have been obtained by direct observation of the associations of the clay minerals with
other soil components in an agricultural soil with a mixed clay mineralogy. Laboratory studies of
factors influencing the stabilities of mutual associations of the clays themselves to mechanical
disturbances and osmotic forces have been carried out on soils from Australia and New Zealand
which encompass a wide range of clay mineral compositions. Together, these studies have shown:
1. Mutual associations of minerals (in domains or tactoids) are themselves bound (into
microaggregates) by organic matter and compounds of Fe and/or Al.
2. Cultivation may disrupt associations of fine material, possibly through reduction of iron oxides
during water-logging. The disaggregated material is then susceptible to loss by erosion.
3. Stability of clays against mechanical disruption tends to increase with the total specific surface
area of the soil particles.
4. A simple method using dialysis can be used to demonstrate and compare the effects of osmotic
forces on soils.
5. The swelling and dispersion of minerals causes the structure of illitic and smectitic soils to
break down under the strong osmotic forces which are generated when sodic soils are in contact
with water.
6. Associations of clays in kaolinitic soils at acid pHs can resist disruption by strong osmotic
forces.
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Persistent and Transient Mineral Reactants in Vertisols
J. B. Dixon. Department of Soil and Crop Sciences, Texas A&M University,
College Station, TX 77843, U.S.A.

ABSTRACT. Smectites are generally recognized as the most important reactants in Vertisols
because of their abundance, fine particle size, shrinking and swelling ability, and high cation
exchange capacity. Within the smectite group there is a range of charge characteristics that
cause some smectites to hold ions selectively e.g. potassium and ammonium. There is also a
wide range in particle size and shrink-swell characteristics of smectites. Vermiculite is not
abundant in Vertisols but the presence of highly charged smectite, tetrahedral charge in smectite, and mica that may weather to vermiculite requires that the characteristics of vermiculite
be considered in evaluating the behavior of Vertisols. Kaolinite is present in most Vertisols and
it has been identified as the most abundant layer silicate in the clays of several Vertisols e.g. in
El Salvador. The particle size of kaolinite can be very small and thus have greater reactivity
than typical kaolinite. Iron oxides occur in Vertisols as both persistent and transient phases.
Ferrihydrite and minute crystals of lepidocrocite form and dissolve in a few weeks in Vertisols
of southeast Texas that are utilized for paddy rice culture. In the subsoils beneath these rice
paddies small amounts of goethite persist. Iron-manganese nodules form in some Vertisols as
do carbonate nodules containing calcite. The iron-manganese oxides are tentatively identified
as birnessite and todorokite associations in one Vertisol. The iron in the nodules is banded in
the more circular ones and the manganese may be banded or unbanded suggesting different
mechanisms of precipitation. Gypsum is abundant in some Vertisols and it poses problems with
corrosion of metals and a swelling reaction with lime utilized to stabilize Vertisols for construction purposes. The utilization of Vertisols is complicated by the various reactive minerals
present. We now have the analytical methods to identify and characterize most of these
phases. Thus we should be able to better predict and control the behavior of these complex
soils that are underutilized in many parts of the world due to their intransigent behavior.
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Physical and Chemical Properties Imported by Clay
Mineralogy to Tropical Soils: Case Studies in Some Soils
with and without Oxic Attributes.
A. Herbillon, CNRS, Nancy, France.
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Clay Mineralogy as Affecting Dispersivity and Crust
Formation in Aridisols
A. Singer. The Seagram Center for Soil and Water Sciences, The Faculty of
Agriculture, The Hebrew University of Jerusalem, Rehovot 76100, Israel.
Abstract. Studies on the effects of clay mineralogy on soil dispersivity are reviewed. Possible
relationships were observed using indirect indicators for dispersivity such as hydraulic
conductivity and final infiltration rates of soils. Dispersivity was also measured directly after
application of various levels of mechanical energy onto soil samples or aggregates. In other
studies, dispersion-flocculation processes were observed in clay systems composed of reference
clays or clay fractions separated from soils. The effects of clay mineralogy are strongly
modified by soil pH and ESP. The effects are minimal at high electrolyte concentrations.
Smectites are the most strongly dispersive clay minerals in soils. In soil clays that consist of
clay mineral mixtures, the smectite fraction determines the dispersive behavior of the soil. The
least dispersive clay mineral is kaolinite. The dispersivity of illite is intermediate between
those of smectite and kaolinite. Occasionally the dispersivity of illite may equal or even
surpass that of smectite. Consequently, illitic soils are nearly as unstable as smectitic soils.
Few data are available about mixed layer clays. Random mixed layer clays probably are as
dispersive as smectitic clays. Other soil factors (Fe and Al oxides, organic matter, soluble
anions) may overshadow the effects of clay mineralogy on soil dispersivity.
Introduction. Recent studies have shown that erodibility of soils frequently is related to their
low infiltration rates (Miller and Baharuddin, 1986; Miller, 1987). These, in their turn, were
commonly attributed to crust formation at the soil surface (Agassi et al., 1981). Whilst many
processes contribute to crust formation, it is largely due to the chemical dispersion of soil
clays, which can move and clog the pores immediately beneath the soil surface. Thus clay
dispersion resulting in subsequent clay migration and plugging of conducting soil pores is
regarded as the dominant process restricting water intake of arid and semi-arid land soils under
both rain-fed and irrigated agriculture. This not merely affects the soil moisture regime, but
also leads to severe erosion.
Numerous studies have investigated solution and soil factors that cause or relate to clay
dispersion (Shainberg and Letey, 1984; Shainberg, 1992). Solution factors affecting clay
dispersion include electrolyte concentration, sodicity, pH, and soluble silica concentration. Soil
factors include clay content, organic matter, iron oxide and aluminum oxide contents (Goldberg
et al., 1988, 1990). Most recently, Frenkel et al. (1992) have shown the effects of adsorbed
anions on clay dispersion. Recent data, however, indicate that clay mineralogy may also have
a substantial effect on soil clay dispersivity.
In only few Aridisols is the clay fraction a major soil component. But even when present in
minor amounts, the effects on aggregate stability are important. Illite, smectite and mixed layer
minerals are the most common clay minerals in Aridisols (Dregne, 1976; Singer, 1994).
Whether inherited from the parent material or pedogenically formed, Aridisol conditions are
favorable for illite and/or smectite stability. pH, Si and K activities in the soil solution are
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such that illite, inherited from the parent material or pedogenically formed is preserved. Water
extract compositions suggest solutions in equilibrium with mixed layers illite/smectite (Singer,
1989). In addition to smectite and illite, kaolinite frequently is present too in the clay fractions
of Aridisols, where it may have been inherited from parent materials, or formed (in
polymorphic soils) during cooler and moister paleoclimatic phases in the landscape evolution.
An additional clay mineral appearing in some Aridisols is palygorskite.
The possible relationships between clay mineralogy and dispersivity and crust formation in
soils have been studied on variously treated soil samples using indirect indicators such as soil
hydraulic conductivity (HC) and final infiltration rate (FIR). Dispersivity has been measured
directly after application of various levels of mechanical energy onto soils samples or
aggregates. Finally, dispersion -flocculation processes have been observed in clay systems
composed of reference clays or clay fractions separated from soils. In the following, some of
these investigations will be reviewed and their conclusions summarized.
Indirect Observations by Hydraulic Conductivity (HC) and Final Infiltration Rate (FIR).
One of the earliest observations on the effects clay minerals might have on aggregate stability
was that of McNeal and Coleman (1966), who noted that decreases in HC with decreasing EC
and increasing SAR were particularly pronounced for soils high in 2:1 layer silicates, with the
most labile HC exhibited by those soils containing the highest concentrations in
montmoriUonite. In contrast, a soil-containing considerable amorphous material was much
more stable than the average. A soil high in kaolinite and sesquioxide was virtually insensitive
to variation in solution composition.
Evidence that plugging of pores by dispersed clay particles (and not swelling) is the major
cause for reduced HC in montmorillonitic, vermiculitic and kaolinitic soils in the range of
common ESP and electrolyte concentrations, that were irrigated with sodic water (SAR 10 to
30), was presented by Frenkel et al. (1978). The exact levels of exchangeable sodium and
electrolyte concentration at which HC is appreciably reduced varied with mineralogy, clay
content, and soil bulk density. The sensitivity to excessive exchangeable sodium and low
electrolyte concentration increased with clay content and bulk density. The HC of relatively
coarse-textured soils with ESP's of 10 or more (clay percentages as low as 8) was also
appreciably reduced by dispersion at sufficiently dilute electrolyte concentrations. Although
the kaolinitic soil was less sensitive than the montmorillonitic soil at low electrolyte
concentrations, its HC was reduced markedly, even at an ESP of 10, when leached with nearly
pure water. The effects of ESP, such as would occur during rainfall infiltration, and solution
concentration on HC were similar for both montmorillonitic and vermiculitic soils.
Also, Frenkel et al. (1978) noted the high sensitivity towards pH of kaolinitic soils. Only in
the acidic range of pH was the HC of kaolinitic soils not affected by ESP. In the alkaline
range, the sensitivity increased markedly. This effect was explained by the pH dependency of
the plate-edge charges in kaolinite. These authors were also the first to point out that the
addition of small amounts of montmoriUonite to kaolinitic soils promoted the dispersion of
kaolinite floes. This phenomenon they ascribed to the break-up of the edge-to-face particle
association of kaolinite structures by the adsorption of negatively charged montmoriUonite
particles on the positively charged kaolinite edges.
Confirming the results of Miller and Baharrudin (1986), Levy and van der Watt (1988) found
that South African soils of low ESP that had kaolinite and/or illite as their dominant clay
minerals, had higher final infiltration rates than soils from Israel, with a comparable clay
content, but with smectite as the major clay mineral component. This indicated that the
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kaolinitic or illitic soils were less affected by raindrop impact and therefore less dispersive than
the smectite soils. The FIR of the kaolinitic soils with no smectite were only slightly affected
by rising ESP. In those soils that contained smectite, in addition to kaolinite, the susceptibility
of the soils to sodicity, as reflected by crust formation, increased. The illitic soil was found
to be more susceptible to sodicity than any of the kaolinitic soils. On the basis of these results,
the authors suggested that the order of mineral sensitivity to crust formation, as related to ESP,
was: smectite > illite > kaolinite.
Levy et al. (1988) made the important distinction between the specific effects of exchangeable
cations on HC by their influence on clay dispersion, and the effects produced by the physical
dispersion of soil aggregates resulting from the impact energy of raindrops. Their results
suggested that the adverse specific effect of exchangeable Mg comes into effect in
measurements that are mainly affected by chemical clay dispersion. But when the impact of
the raindrop energy predominates and chemical dispersion is a secondary mechanism, the
specific effect of Mg is obscured.
The adverse effect of exchangeable K on the HC of an illitic Haplargid soil from South Africa,
compared to the other two kaolinitic soils was attributed by Levy and van der Watt (1990) to
the higher susceptibility of illite to swelling and dispersion compared to kaolinite. Infiltration
rate measurements suggested that the Haplargid, being predominantly illite, was more
susceptible to the disintegrating action of raindrops and to crust formation than the kaolinitic
Plinthustalf soils.
The high susceptibility of one kaolinitic soil to crust formation with
increases in exchangeable K was attributed to the presence of a significant amount of smectite
(20%) too in that soil.
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Fig. 1. Final infiltration rates (FIR) of stable and dispersive soils from South Africa compared
to those of smectitic soils from Israel. The numbers above the columns represent the soil
numbers. The numbers below the columns represent the minerals kaolinite, illite and smectite,
respectively. Bars represent S.D. (after Stern et al, 1991).
Finally, in an extensive study, Stern et al. (1991) examined the effect of clay mineralogy on
seal formation, infiltration rate and soil loss from 19 cultivated South African soils, using a
laboratory rainfall simulator. Based on the final IR values, the SA soils were divided into two
groups: (1) stable soils, in which the final IRs >8 mm h', and (2) dispersive soils, in which
the final IRs were <4.5 mm h"' (Fig. 1). The final IRs of the dispersive soils were similar to
those of smectitic soils from Israel. The soil loss rates of the SA dispersive soils were higher
than those of the stable soils. However, the soil loss rates of the smectitic soils from Israel
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were significantly higher than those of the SA dispersive soils. It was suggested that soils in
which either kaolinite or illite clay predominated, but that contained small amounts of smectite,
were dispersive and as susceptible to seal formation as smectitic soils. However, the smectitic
soils were more erodible than the soils that contained only small amounts of smectites.
Conversely, soils that do not contain smectite are more stable, less erodible, and less
susceptible to seal formation.
Indications that the effects of randomly interstratified clay minerals might be similar to those
of smectite can be found in the study of Chartres et al. (1985). In comparing the
micromorphological effects of gypsum treatments on two Australian Red Duplex soils, they
noted the more marked increase in the macroporosity of the soil with interstratified clay
compared to that with illite. They attributed this difference to the formation of an open edgeto-face type of flocculation in the former soil, similar to that characteristic for smectite
containing soils. This as opposed to the more dense face-to-face association of clay particles
in the illite containing soil.
Direct Observations of Soil Dispersivity. Among the first who measured soil dispersion
experimentally in the laboratory were Velasco-Molina et al. (1971), who determined suspended
material from soil samples that were shaken on a reciprocating shaker. According to their
results in weak electrolyte solutions at low SAR values, montmorillonite soils and micaceous
soils dispersed more than soils containing kaolinite/halloysite and iron oxides. In the absence
of electrolyte, soils previously equilibrated with waters varying in SAR and electrolyte content,
dispersed in relation to their dominant clay minerals: montmorillonite > halloysite-kaolinite >
micaceous. However, at low ESP values, the micaceous soil dispersed more than the
halloysite/kaolinite soil. All soils dispersed only slightly, regardless of their ESP, if electrolyte
was present in abundance in the equilibrating solution. Different conclusions were arrived at
by Ali et al. (1987) who interacted five Californian soils with solutions of different SAR and
electrolyte content. The mineralogy of clay dispersed from several of the arid land soils
studied was essentially independent of SAR and electrolyte concentration. If dispersion
occurred, all clay minerals present in these soils dispersed approximately equally. One soil was
an exception. In that soil, kaolinite and mica dispersed preferentially and montmorillonite was
only detectable in the clay dispersed from this soil at high SAR levels. Their results suggested
that the observed differences in the aggregate stabilities of some soils were apparently not due
to differences in their clay mineralogies or to differences in the relative dispersibilities of the
various clay mineral components. They suggested other factors besides clay mineralogy to be
more influential in controlling aggregate stability.
Using the Buchner funnel extraction method described by Singer et al. (1994), the clay mineral
composition of the dispersed and extracted fine fractions from some low ESP South-African
soils were compared with the clay mineral composition of the respective soils (Fig. 2). Results
suggested that illite is distinctly more dispersible than kaolinite, confirming the results of
Velasco Molina et al. (1971). Data from other soils suggested that random mixed layer clay
minerals are more dispersible than ordered mixed layers.
The unusually high dispersivity of Red Brown Earth soils from Australia was noted by
Rengasamy (1983) and Emerson (1983) and was associated with their illitic mineralogy. These
soils were susceptible to dispersion even when weak mechanical forces were applied, and
behaved as sodic soils at an ESP of 5 or 6.
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Fig. 2. X-ray diffractogram of fine material obtained in Buchner funnel extract of a South
African (Potchdefstroom) soil (a) compared with the diffractogram of the clay fraction
separated from that soil (b); K = kaolinite, I = illite (from Singer, unpublished).
These data confirm the results obtained by Levi et al. (1993) who examined by ultrasonic
energy the microggregate stability of kaolinitic and illitic soils from South-Africa.
Microggregate stability that seemed to be a sensitive indication for soil susceptibility to seal
formation, runoff and erosion, appeared to depend strongly on soil clay mineralogy. The illitic
soils were unstable, while the stability of the kaolinitic soils varied with the level of smectite
and mixtures. The stability of the kaolinitic soils was explained by the flocculated state of
kaolinite, resulting from the attraction of the positively charged edges to the negatively charged
planar surfaces. This attraction gives rise to an edge-to-face flocculation mode. The presence
of even small amounts of smectite increases the dispersivity of kaolinite, since negatively
charged smectitic platelets neutralize the positive charges on the edges and interfere with the
edge-to-face flocculation. The sensitivity to dispersion of kaolinitic soils that contain smectite
impurities increases under conditions favorable for smectite dispersion, such as high ESP. The
unstable behavior of the illitic soils was explained by the shape of illitic particles. These
particles commonly have an irregular surface, with the planar surfaces often terminating
stepwise. This results in a poor contact between the edges and surfaces of the particles and
consequently in a decrease of the edge-to-face attraction forces.
The excessive sensitivity of smectite towards dispersion was confirmed by the extensive study
of Goldberg et al. (1988), who investigated the stability of 34 arid zone soil samples from
California, using clay dispersion and aggregate stability as structural indexes. The study
evaluated clay dispersion and aggregate stability as affected by a large number of solution and
soil characteristics as well as quartz, kaolinite, illite, chlorite, vermiculite, and montmorillonite
contents. The most significant single-variable linear regressions were obtained for percentage
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of clay dispersed versus log (montmorillonite) (r2=-0.52") and for percentage of aggregate
stability versus organic carbon (r2=0.27**). Significant variables for multiple linear regression
for percentage of clay dispersed were montmorillonite, exchangeable sodium percentage, and
electrical conductivity (r2=0.67**) (Fig. 3). For percentage of aggregate stability, significant
variables in the multiple linear regression were quartz, montmorillonite, and surface area
(r2=0.49**). Principal factor analysis results indicated that the structural indexes were related
most to the soil variables stabilizing structure by physically binding particles. These binding
agents are aluminum, iron oxides and organic matter.

Measured % Clay

Dispersion

Fig. 3. Percentage of clay dispersed, predicted by the equation % clay dispersed = 34.3 4.7
log (lOxmont) + 0.7 ESP - 10.6/EC (after Goldberg et al., 1988).
Yet other mineral components too affect strongly dispersivity of arid zone soils. In a more
recent study, Goldberg et al. (1990) showed that the removal of amorphous and/or crystalline
aluminum and iron oxides increased the clay dispersivity in 8 soils. They also found that the
removal of organic matter decreased clay dispersivity, suggesting that dissolved organic matter
enhanced clay dispersion.
Dispersion-FIocculation in Pure Clay Systems. In pure clay systems, extraneous soil factors
that may affect aggregate stability are eliminated, and the dispersive behavior of the clay
components can be studied in detail. On the other hand, these artificial systems may only very
remotely reflect soil behavior.
Oster et al. (1980) found that the dispersivity of montmorillonte and illite clay is very sensitive
to a low fraction of Na in the exchange complex. Whereas the flocculation value of both Ca
clays is 0.25 molc m"3, the flocculation values of clays with an E^,, of 0.20 is 7.0 and 18.0 mol,.
m"3 for montmorillonite and illite clays, respectively. Van der Waals attraction forces are the
main forces responsible for flocculation in Ca-montmorillonite and illite systems. The edge-toface attraction plays a dominant role in the gel formation of Na montmorillonite. The high
dispersivity of the clays in the presence of a low percentage of exchangeable Na explains the
high sensitivity of soils with low EN, to leaching with dilute solutions and distilled water.
Arora and Coleman (1979) conducted extensive experiments in order to examine the effects
of mineralogical composition, saturating ions and electrolyte concentration on the flocculation
and dispersion behavior of various standard clay minerals. Na-saturated clay minerals were
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found to differ in their sensitivity to flocculation by NaHC0 3 in the decreasing order - illite,
vermiculite, smectite and kaolinite. Critical salt concentrations (CSC - minimum electrolyte
concentration at which flocculation appears) were 185, 58, 28-60 and 8 meq.L'1, respectively
for the above clays. Arora and Coleman (1979) also noted the important effects of pH on the
CSC values. With increasing pH, CSC values increased too. This was attributed to the
increase in net negative charges with rising pH, associated with the existence of pH-dependent
charges due to proton dissociation from edge hydroxyls. Confirming the observations of
Frenkel et al. (1978), Arora and Coleman (1979) also noted a rapid and large increase in CSC
of kaolinite when small amounts of smectite were added. They proposed that smectite, and
some other materials with high negative charge, such as soluble Si or polyphosphate, might
also have a protective action. The conclusion of Arora and Coleman (1979) was that in soils
containing smectite and other expandable minerals, the major influence of Na-saturation
probably is the swelling that occurs at low to moderate salt concentrations. However, in
addition to clay swelling, Na-saturation also results in clay detachment, migration and
deposition in small pores. Clay minerals abundant in arid regions, including smectite,
vermiculite and other micaceous clays, when largely or completely Na-saturated, are dispersed
even in moderately concentrated electrolyte solutions. The large effect of small amounts of
exchangeable Na* in montmorillonite suspensions results from the demixing of exchangeable
ions, whereby Na+ is the predominant cation in the external surfaces.
Yet many other factors affect dispersivity of clay minerals too, and may overshadow
differences due to mineralogy. Frenkel et al. (1992) examined the dispersive effects of various
anions added to clay-sand mixtures in columns. Of the clays studied, kaolinite was the most
sensitive to dispersion in the presence of small amounts of anions (Cl", (OH)", EDTA, silicate,
citrate, formate, oxalate, hexametaphosphate, orthophosphatartrate, humate). This effect was
explained by the high ratio of positively charged edge surface to negatively charged planar
surface, that results in a high anion adsorption capacity,. With smectite, measurable clay
dispersion took place only in the presence of the most powerful of the anionic dispersants.
Illite generally showed a dispersion behavior intermediate between that of kaolinite and
smectite. In this study too a high degree of exchangeable Na-related dispersion was exhibited
by illite. The authors attributed this sensitivity of illite to the presence of an organic
contaminant in the mineral (Fithian illite), that decreased the potential for edge to face
attraction.
The effects of electrolyte concentration, SAR and pH on the flocculation-dispersion behavior
of reference kaolinite, montmorillonite and illite, as well as on that of the clay fractions
separated from three arid zone soils, was examined by Goldberg and Forster (1990). The
critical coagulation concentrations (CCC) increased with increasing ESP, increasing SAR and
increasing pH. The pH dependence of kaolinite and illite was greater than that of
montmorillonite at all bSP and SAR's. This difference in pH dependence was attributed to the
greater proportion of pH-dependent charge of kaolinite. Because of the non-swelling nature
of illite and its smaller cation exchange capacity, it would also have a greater proportion of pHdependent charge than montmorillonite. As can be seen from Fig. 4, the CCC values for illite
were similar in magnitude to those of montmorillonite at low SAR; at SAR 40 to 100, CCC
values for illite were much greater than for montmorillonite. Increased dispersivity for Na illite
over Na montmorillonite had been observed previously by Oster et al. (1980). The dispersionflocculation behavior of the soil clays resembled that of illite, especially in its pH dependence
at ESP 100 and SAR oo. The CCC values of the soil clays, kaolinite and illite showed a sharp
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increase at high ESP and SAR, whereas montmorillonite showed a sharp increase in CCC at
low ESP and SAR. The CCC's for all soil clays were similar in magnitude, despite their
differing mineralogies.

Fig. 4. Critical coagulation concentrations (CCC) of reference clays as a function of pH and
SAR (after Goldberg and Forster, 1990).
A montmorillonite soil, a kaolinitic soil, and an illitic soil containing 17, 28, and 81% illite,
respectively, all most closely resembled reference illite in their flocculation-dispersion behavior.
Since the CCC values for all three soils were virtually identical, these results suggested that,
even though present in minor amounts, the illite component of soil clays played a dominant
role in determining the flocculation-dispersion behavior as a function of solution pH and SAR
value. The CCC for the reference clays were much lower than those for the soil clays,
indicating that extrapolation from reference clays results is not possible, and that additional
factors such as organic matter content and Al and Fe-oxide content may influence the
dispersion of soil clays.
Conclusions. (1) Clay mineralogy is one of the major soil solid phase factors that affect
aggregate stability, clay dispersivity and crust formation in soils. The effects of clay
mineralogy are strongly modified by soil pH and ESP. Dispersive effects are minimal at high
electrolyte concentrations.
(2) Smectites are the most strongly dispersive clay minerals in soils. The dispersive behavior
of smectite sharply increases with increasing ESP. In clay fractions that consist of clay mineral
mixtures, the smectite fraction determines the dispersive behavior of the soil. Smectitic soils
are more erodible than soils where only part of the clay fraction is smectite.
(3) The least dispersive clay mineral is kaolinite, particularly at low pH. The stability of
kaolinitic soil clay fractions is increased by the presence of Fe and Al oxides. Dispersivity of
kaolinite is strongly affected by pH and by the presence of certain anions. (4) The dispersivity
of illite is intermediate between that of smectite and kaolinite. Occasionally the dispersivity
of illite may equal or even surpass that of smectite. Consequently, illitic soils are nearly as
unstable as smectitic soils. As with kaolinite, dispersivity of illite increases sharply with pH,
and as with smectite, increases also sharply with rising ESP. (5) Random mixed layer clays
probably are as dispersive as smectitic clays, and more dispersive than ordered mixed layers.
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P and Fe Weathering Losses from Palexeralfs of Southern
Spain
Neil E. Smcck, J. Torrent, and V. Barrón. Departamento de Ciencias y Recursos
Agricolas y Forestales, Universidad de Cordoba, Apdo. 3048, 14080 Cordoba, Spain.
Introduction. Little information is available regarding the quantities and depth-distribution
of native forms of P in soils of Mediterranean climates(l). Nearly all of the information
available is derived from studies of calcareous, weakly weathered soils(l). Only Meixner and
Singer(2) examined the P status of some noncalcareous, alluvial soils of southern California
wherein Fe (hydr)oxides serve as the inorganic P sink. Throughout the Mediterranean region,
old, deeply weathered soils occupy stable landscape positions. In southern Spain, Palexeralfs
are common on high alluvial terraces. This study serves to (i) evaluate and extend the
hypothetical relationships between P content and forms, and soil maturity of Walker and
Syers(3) and (ii) explore the interactions between P and Fe pedogenic transformations,
translocations, and losses.
Materials and Methods. Three Palexeralfs (Typic, Aquic, and Calcic) representative of high
alluvial terraces of the Guadalquivir River were sampled to a depth of 3m. Bulk density of
clods from selected horizons was determined by the saran-coating method. Organic carbon was
determined by dry-combustion. Qtrate-bicarbonate-dithionite extractable Fe (Fed) and Al (Ald),
oxalate extractable Fe (Fe0) and citrate-bicarbonate extractable Al (Al,.) were determined by
methods reported by Torrent et al.(4). Total Fe (Fe,) was determined following HF dissolution.
Anion resin extractable (labile P, P,), total P (P,), organic P (P0), and inorganic P fractions were
determined by methods reported by Olsen and Sommers(5). Elemental Ti and Zr contents
were determined by x-ray spectrographic analysis. Calculated profile gains and losses of Fe and
P were determined using Zr content in a representative reference horizon and calculations of
Smeck and Runge(6).
Results and Discussion. All three Palexeralfs contain low contents of both P, and P, with only
horizons above 50cm depth containing >10 mg P, kg' and >200 mg P, kg'. The elevated
contents at the surface are attributed to P fertilization and biocycling. Both P, and P, decrease
with depth to a minimum at approximately 100cm and then increase slightly with depth.
Whereas NaOH extractable P plus citrate-bicarbonate extractable P dominates (>100 mg kg"1,
30-40% of P,) in the Ap horizons, citrate-bicarbonate-dithionite extractable P (Pd) plus P„
dominates (averages 75% of Pt) all other horizons. In the upper B horizons (above
approximately 100cm), P„>Pd but at greater depths Pd>PD. Hydrochloric acid extractable P only
comprises > 10% of P, in the calcic and underlying calcareous horizons of the Calcic Palexeralf
and the BC horizon of the Typic Palexeralf which is the least intensely weathered horizon of
all three soils. The dominance of Pd and P0 in the Palexeralfs indicates that these soils have
attained the P terminal steady state suggested by Walker and Syers(3). Low C:P„ ratios (< 100)
in conjunction with low P, contents throughout the profiles suggest that biochemical
mineralization(7) is not an active process. Ratios of Pd:Fed and P„:Fed delineate three zones
in each soil. Ratios ( x 10") in surface horizons range from 100 to 230 and 130 to 200, upper
B horizons range from 20 to 50 and 30 to 60, and lower B horizons range from 50 to 100 and
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60 to 90 for Pd and P„, respectively. Similar ratios for P0 and Pd suggest that P 0 is associated
with and stabilized by Fe (hydr)oxides. The surface zone corresponds with high P, content. The
change of ratios in the B horizons corresponds to a change in Al content of the Fe (hydr)oxides
(and also a change in soil color), which provide a measure of relative goethite-hematite
contents(8). The upper B horizons with low Pd:Fed ratios coincide with a zone of higher
goethite content. Reconstruction analyses(6) indicate that Pt is lost from nearly all horizons
with the losses of P„ P* Fe„ and Fed greatest in the two uppermost horizons in all three soils.
The upper B horizons show losses of both P, and Pd but maximum gains of Fe d whereas the
lower B horizons show Fed gains with Pd gains. The latter gains are attributed to P occluded
in the Fed gained. It is speculated that the upper B horizons are experiencing a loss of P-rich
hematite and/or gains of goethite with little occluded P due to low P, contents or weak P
binding linked with high Al substitution(9).
Conclusions. Palexeralfs on high terraces in the Guadalquivir River Valley have low P
contents dominantly comprised of Pd and stable POT which indicates that these soils are
approaching a terminal steady state with respect to P. Whereas all three pedons have
experienced a net loss of P, and Fe„ the upper B horizons have lost Pd while gaining Fe d with
low contents of occluded P, and the lower B horizons have gained both Fe d and Pd. This
suggests that Fe (hydr)oxide mineral transformations influence P losses and occlusion during
soil weathering.
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Weathering Relationships between Glauconite, Aluminous
Illite and Iron Oxides in Terra Rossa of Southern Italy
C. Colombo* and F. Terribile** *Dipartimento di Scienze Chimico-Agrarie,
Universita di Napoli "Federico II" 80055 Portici (Napoli), Italia. ** CNR
ISPAIM, P.O. Box 101, S. Sebastiano al Vesuvio (Napoli), Italia
Abstract. Mediterranean Terre Rosse have always been a very controversial and interesting
field for soil genesis research. In this respect integrated research work has been attempted
to understand and investigate the weathering relationships between different Terra Rossa
minerals. A complex scenario has appeared with the simultaneous presence of features of a
highly (latentie) and moderately weathered environment along with the finding of both
residual and eolian relicts. The soil, mainly constituted of kaolinite, illite, iron oxides and
quartz sand has rare amounts of glauconite grains. Their presence and distribution has been
regarded of important genetic value and the following weathering sequence has been proposed
(by means of soil micromorphology and EDXRA):
green glauconite->brown glauconite-»glauconite matrix-xJeveloped clay matrix
K loss
Fe loss
K loss
(minor K loss)

This seems related to the rubification process which happens through the formation of
unstable Fe-rich smectites. According to the environmental conditions these phyllosilicates
may then transform to kaolinite, aluminous illite clays and iron oxides.
Introduction. Terra Rossa is a reddish soil mainly distributed on hard carbonate rock of
the Mediterranean region. Recently, some research (4,5) has pointed out the importance of the
limestone and the climate in determining the specific pedoenvironment where Terra Rossa can
develop. In this respect the hard limestone along with xeric conditions induce the rubification
process (i.e. preferential pedogenetic hematite formation) independently from the nature of
iron sources. Iron may originate from the insoluble residue due to the weathering of limestone
(10, 16) or it may be related to an eolian contribution (14, 1). Only very few reports about
Terra Rossa soil genesis show that rubification can be related with silicate weathering.
The aim of this work is to investigate the weathering relationships between residual
products of iron rich sediments, phyllosilicates and iron oxides to achieve a better knowledge
of the pedogenetic processes happening in a Terra Rossa environment typical of the
Mediterranean region (Puglia, Italy SE).
Materials and Methods. A series of pedological observations (profiles, hand auger
drillings) were made in Puglia in S. Cesarea and Corigliano (Fig.1). The climatic data were
from the Otranto station.
The profiles were described and sampled for chemical, physical and mineralogical
analysis. Undisturbed samples were also collected from each horizon for micromorphological
studies. Those undisturbed samples were impregnated with crystic resin. A series of thin
sections were then produced (12) to investigate pedological processes.
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Soil samples were air dried and sieved (< 2 mm). Then particle size distribution analysis
was carried out by the pipette method, pH was measured in a 1:2.5 soilrwater suspension,
organic matter was determined by the dichromate oxidation, cation exchange capacity and
exchangeable bases were determined respectively by BaCl2 and atomic absorption
spectrometry (22). Sand, silt and clay fractions were separated by sieving and centrifugation.
More specifically, the clay fraction was separated by centrifugation, flocculated with NaCl
and washed with deionized water, methanol and acetone until chloride disappeared.
The different forms of Fe were analysed in the clay fraction of each horizon. Dithionite
soluble Fe (Fe^) and Al (Al,j) were determined according to the method of Mehra and Jackson
(1960) and oxalate extractable Fe (FeJ by the method of Schwertmann (1964). Total Fe (Fe,)
was determined by HF, HC104 attack. Fe and Al were measured by AAS. Clays fractions
were treated with boiling 5 M NaOH to concentrate Fe-oxide minerals and the resulting
products were studied by differential
X-ray diffraction analysis (17) to determine
goethite/hematite ratio.
The absolute percentages of goethite and hematite in the clay fractions were calculated
according to Torrent and Cabedo (1986). The mineralogy of the particle size classes < 0.2,
0.2-2, 2-50, 50-100,100-250,250-2000 urn were investigated with Rigaku Geigerflex D/Max
niC X-ray diffractometer (XRD) equipped with iron-filtered Co-Ka generated at 40 kW, 30
mA at a scan speed of 1' 29/min; the X ray diffractometer traces are the results of 8 times
summed signal. A quantitative analysis was carried out on the basis of the integrated
intensities of
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Fig. 1. Location of the studied profiles.

diagnostic peaks (quartz: 3.33 A; microcline: 3.24 A; labradorite: 3.18 - 3.19 A; calcite: 3.03
A; boehmite: 6.19 A; illite and glauconite: 10 A; kaolinite: 7.15 A) obtained with divergent,
receiving and antiscatter slits at 1", 0.5 mm and 1'. Peaks intensity and width (calculated at
half height) were obtained with the data processing procedure of the D/Max-B system
software Version 3.0 using the Rigaku FP-6000 computer. The minerals percentages were
calculated on randomly oriented aggregates by the matrix-flushing and adiabatic principle (6)
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according to the operating procedures proposed by Wilson (1987); the weighting factors of
illite, kaolinite, quartz, microcline, labradorite, calcite, glauconite and boehmite were
respectively 0.10, 0.17, 2.89, 1.2, 1.7, 1.65, 0.43; the value 1 was given to the boehmite as
the reference material.
A quantitative analysis of the only green glauconite grains was carried out by means of
petrological microscopy with a point count procedure. About 3000 counts were made on each
of the sand fractions 50-100, 100-250, 250-2000 \un of each horizon.
On the thin sections and the impregnated soil blocks a micropicking technique, described
by Beaufort et al. (1983), has been applied to obtain microsamples to be analysed by an XRD
diffractometer equipped with a linear detector.
Infrared spectrometry, fl'lK Perkin Heimer 1720X, has been applied to characterize the
mineralogy of some minerals in the sand fraction. The samples to be analyzed by IR
spectrometry have been obtained by grinding 0.3 mg of the sample with 200 mg of KBr.
Some grains of different particle size classes and standard soil thin sections were also
mounted on aluminium stubs, coated with gold and examined with a scanning electron
microscope (SEM) Cambridge Stereoscan 250 Mk2 equipped with an energy dispersive X-ray
analyser (EDXRA) Link System 860/2 to study the morphology and the chemical composition
of several soil features.
Results and Discussion. The studied Terra Rossa pedoenvironment develops on
Cretaceous carbonated rock irregularly fractured (Calcari di Melissano) in places associated
with Eocene and Oligocene limestone (Calcari di Castro) and Miocene calcarenites
(Calcareniti di Andrano) (Servizio Geologico d'ltalia, 1968).
In general terms the land use of this area, as suggested by Cornel (1966), seems to have
been completely changed by man activities from the original Quercus robur forest to the
present day degraded Mediterranean Macchia. More specifically, in the surroundings of the
studied site the main land use consists of poor pasture (scrub vegetation) in a landscape
dominated by abundant limestone outcrops; in places, where the soil is deeper, olive tree
cultivation begins.
The climate consists of an average annual temperature of 16.3° C. The warmest month is
August (25.4* C), the coldest January (9.4° C). The mean annual rainfall is 797 mm with a
maximum in November (144 mm) and a minimum in July (4 mm). Soil moisture regime,
evaluated after Billaux (1978) is xeric in the studied soils and aridic for many shallower soils
distributed around the landscape. According with USDA (1992) the soil temperature regime
is thermic.
The soils which develop in those areas are an association of shallow (10-30 cm) and deep
(100-150 cm) Terra Rossa soils. The last generally correspond to the distribution of limestone
cracks. For the purpose of this paper we report only the S. Cesarea profile (developed in a
carbonate rock crack) since: (i) it is representative of the studied pedoenvironment and (ii)
the Corigliano profile has very similar features.
The description of the S. Cesarea profile is as follows:
Al: 0-3 cm; dry, reddish brown (5YR 4/6; moist: 5YR 2/4) friable; fine granular and
moderate medium subangular blocky (porosity: 2 %); few medium carbonate gravels and very
few nodules; common fine and medium roots; many biological activities; clear linear
boundary to:
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A2: 3-17 cm; dry, reddish brown (5YR 4/8; moist: 5YR 3/6) firm; moderate medium and fine
subangular blocky (porosity: 2 %); few medium carbonate gravel and very few nodules;
common fine and medium roots; clear linear boundary to:
Btl: 17-60 cm; slightly moist; dry dark reddish brown (5YR 3/6; moist: 5YR 3/4) very firm;
strong medium and big subangular blocky (porosity: 0.5 %) with rare medium cracks; very
few nodules; few fine roots; diffuse linear boundary to:
Bt2: 60-95 cm; slightly moist; dry dark reddish brown (5YR 3/4; moist: 5YR 2/4) very firm;
strong medium and big subangular blocky (porosity: 0.1 %) with rare medium cracks; very
few nodules; very few fine roots; abrupt irregular boundary to:
R: 95-200 cm; fractured limestone. In the lower part there are very rare fractured green layers
(1 cm thick) rich in glauconite.

Profile S. Cesarea
Classification: Mollic Palexeralf
(USDA, 1992)
Coordinates:
40°02'20" N
18"27'40" W
Elevation: 60 m
Landform: hill (linear form)
Slope: 25 %
Aspect: SE
Geology: compacted limestone
Land Use: pasture
Stoniness: 30 %
Rockness: 50%

Fig.2. S. Cesarea profile
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The main chemical and physical analysis of this profile are reported in Table 1.
Table 1. Main chemical and physical analysis of the soil profile.
Al
0-3

A2
3-17

Bl
17-60

B2
60-95

very coarse and coarse sand (500-2000|jm)

11.8

8.3

8.4

6.0

medium sand (500-250|jm)

26.4

22.7

12.7

10.7

fine and very find sand (250-50nm)

20.7

19.2

11.6

9.8

silt (2-50nm)

12.3

15.0

15.4

13.4

clay (<2^m)

28.8

34.8

51.9

60.1

pH (H20)

7.3

7.5

7.7

7.8

CEC (cmol(+)/Kg)

24.5

25.7

26.8

26

Ca (cmol(+)/Kg)

14.6

17.9

19.2

20.0

Mg (cmol(+)/Kg)

1.4

1.3

1.3

1.3

K (cmol(+)/Kg)

0.8

0.7

0.7

0.7

Na (cmol(+)/Kg)

0.5

0.3

0.2

0.2

Base saturation (%)

70.1

78.5

79.8

85.4

CaC0 3 (%)

0.2

0.1

0.1

0.2

Organic matter (%)

5.29

2.91

1.96

1.13

C/N

11.0

8.5

0.5

7.5

Redness rating (moist)

10.0

10.0

10.0

6.7

Horizons
Depth (cm)
Particle size
distribution (%)

As described in this table the profile is characterised by a sharp change between the sandy
clay loam Al, A2 horizons and the clay Btl, Bt2 horizons; the surface horizon has a good
biological activity (O.M.: 5.3 %) and a granular structure while the Bt2 horizon has a
subangular blocky structure with a massive presence of clay coatings (Fig. 3a, 3b). The CEC
is always over 24 cmol (+)/Kg and shows a little increase in the clay horizons; the base
saturation is over the 70 % and is calcium dominated. The calcium in the exchange complex
increases with depth regardless of the very low amount of total carbonate in the whole profile.
In the R horizon occasional fractured green layers consist of calcite (85%), glauconite
(10%), quartz (5%) composition.
The soil may be classified as an Alfisol Mollic Palexeralf (27) with an argillic horizon.
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Table 2. Mineralogy of the particle size classes in the different horizons.

A1
particle size
classes (urn)
<0.2
(fine clay)

0.2-2
(coarse clay)

2-50
(silt)

50-100
(very fine
sand)

100-250
(fine sand)

250-2000
(coarse and
very coarse sand)

A2

Bt1

Bt2

Mineralogy (%)
56
40
1.4
4
0
0

lllite
Kaolinite
l/K
Quartz
Microcline
Labradorite

61
36
1.7
3
0
0

62
36
1.7
3
0
0

59
39
1.5
1
0
0

lllite
Kaolinite
l/K
Quartz
Microcline
Labradorite

58
30
2.0
7
3
2

60
28
2.2
8
3
2
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49

36
1.3

41
1.2

9
4
3

5
3
2

lllite
Kaolinite
l/K
Quartz
Microcline
Labradorite
Boehmite

43
13
3.3
23
12
5
4

39
24
1.6
25
5
4
2

50
21
2.3
21
3

38
24
1.5
26
8

5
0

5
0

lllite
Kaolinite
l/K
Quartz
Microcline
Labradorite

0
0

0
0

69
18
13

80
15
5

3
1
2.4
59
23
13

4
2
2.4
64
20
11
3
1
2.8
85
9
1
78
22
0

lllite
Kaolinite
l/K
Quartz
Microcline
Labradorite

0
0

0
0

91
8
2

92
5
3

1
0.5
2.6
89
6
3

Quartz
Microcline
Labradorite

95
3
1

92
8
0

88
11
2
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Fig. 3. Clay coatings in the Bt2 horizon. Plain (a) and crossed polarized (b) light.
The mineralogy of the sand and silt fractions. The mineralogy of the particle size
classes for the horizons studied (Table 2) show quartz and feldspars make up most of the
sands. Quartz is dominant in the >50 \tm fractions while feldspars are most abundant in the
50-100 (jm fraction at about 30 %.
The 250-2000 pan class, shows an increase of the feldspar content with depth of the
profile. This is mainly due to microcline which increases from 3% in the upper horizon to
22% in the lower horizon. The observation of the thin sections has shown very rare (two
observations) rock fragments mainly made up of quartz (undulose extinction) and a few
biotite crystals.
In the following fraction 100-250 pjn, dominated by quartz grains, the previous feldspar
trend tends to disappear. A low but significant content of phyllosilicate (mainly illite) is
detectable only in the Btl and Bt2 horizons. This illitic mineral has also been observed, more
distinctly, in the 50-100 |am fraction of Btl (4 %) and Bt2 (6 %) horizons. In this fraction
there is the highest feldspars content (about half of the quartz) of the whole profile. .
The quartz grains of the described sand fractions have also been observed in thin sections
in optical and electron microscopy. They show two different natures ranging from very
smooth subrounded shapes with internally fractured grains with a straight extinction to sharper
shapes internally intact grains with a marked undulose extinction (possible relicts of a
metamorphic or sedimentary rocks). These facts could be consistent with the findings of
Jackson et al. (1981) and Dell'Anna (1963) who have found respectively wind derived and
limestone derived quartz grains in similar soils of this region.
The feldspars of the sand fractions show, by the EDXRA analysis, a K and Ca
composition along with traces of Na. They often show a smooth shape with a weathering
aspect frequently observed as a rim by optical microscopy. In Fig. 4a and 4b respectively
plain polarized and crossed polarized lights is shown a weathered feldspar with such a
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weathering rim. This feature is characterized by a high interference colour in crossed
polarized light, probably related to clay reorganization.

Fig. 4. Feldspar with a weathering rim. Plain (a) and crossed polarized (b) light.
The EDXRA data (expressed as percentages) corresponding to the x.y.z areas outlined on
the figures are as follows:
x:
y:
z:

A1203: 15.6, Si0 2 : 71.2;
A1203: 22.2; Si0 2 : 66.4;
A1203: 22.7; Si0 2 : 68.7;

K 2 0: 12.4;
K 2 0: 6.7;
K 2 0: 1.9;

F e A : 0.8;
Fe203: 4.7;
F e A : 6.7;

This sequence shows that the weathering process involves K loss and increase of Al and
Fe. The K loss becomes more dramatic in the matrix outside the weathering ring.
From previous observations it has been reported (Table 2) that illitic materials in the very
fine and fine sand increase with depth. In this respect some further considerations are needed.
More specifically, observations of the stereomicroscope sand revealed the presence of green
grains with a nicely smooth shape. The separation of those grains and their XRD (Fig. 5), IR
(Fig. 6) spectrometry and EDXRA analysis has revealed the dominance of a glauconite like
mineral.
The diffraction pattern in Fig. 5 shows a strong 10.1 A reflection of typical mica minerals.
In Fig. 5a, there is a weak quartz signal possibly due to the minor presence of crystals lying
on the grain surface. Fig. 5b indicates the presence of smectite minerals (probably
interstratified). Infrared spectra shown in Fig. 6 indicate a characteristic poorly resolved OHstretching band at 3600-3530 cm"1 that depicts low structural order of these glauconites due
to Fe replacements of the octahedral Al and tetrahedral Si. In other Fe-rich mica minerals the
spectra are more resolved because of an higher ordered structure such as the celadonite. The
mean glauconite composition (expressed as percentages) and its variability follows: Si0 2 : 60.0
(a: 7.94); Fe 2 0 3 : 16.9 (a: 5.34); K 2 0: 8.3 (a: 1.64); A1203: 10.3 (a: 2.22); MgO: 3.1 (a:
0.79);
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Fig. 5. X-ray diffractometer traces of randomly oriented glauconite from the sand
fraction (100- 2000um) of the A2 horizon (a) and the Btl horizon (b).
CaO: 1.5 (o: 5.27). The presence of the calcium is very variable but consistent with the
observation of very rare (3 observations) glauconite grains attached to carbonate rock grains.
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Fig. 6. Infrared spectra of glauconite from the A2 horizon (a) and Btl horizon (b).
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The results of the point counts made on the green glauconite grains in the sand fractions
50-100, 100-250, 250-2000 urn are shown in Table 3.

Table 3 Glauconite percentage in the sand fractions

Horizons

A1

A2

B1

B2

0.4
0.1
0J

0.9
0.2
01

1.0
0.6
02

1.3
0.4
0.3

Sand classes
(urn)
50-100
100-250
250-2000

A very clear trend appears with a general glauconite increase in the lower horizons in all
the fractions. Along with this consideration the glauconite also shows a trend in the different
particle size classes and more specifically, in each of the horizons, the higher glauconite
content corresponds always to the finer sand fractions. The optical observation of the
glauconite in thin sections has also shown the presence of a full range of grains with a
gradually changing colour from green to brown. Some of the green coarse sand fraction grains
have also been observed under SEM. In Fig. 7a is illustrated a tabular subrounded smooth
shape glauconite with some little concavities. At higher magnification those concavities (Fig.
7b) show the presence of mica like platy crystals with an Fe content of about 65 %; in places
they cover the surface of grain.

Fig. 7. Scanning electron microphotograph of a glauconite grain separated from the
sand fraction of the Btl horizon (a); a little concavity observed at higher magnification
(b).
The silt (2- 50 |im) fraction in the Al horizon is made up of 56 % phyllosilicate minerals;
they reach 71 % in the Btl horizon (Table 2). Illite is the main mineral of the phyllosilicate
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(about twice the kaolinite content) and of the whole silt fraction. Feldspars and quartz do not
show a consistent trend.
In the A1 and A2 surface horizons the presence of well crystalline boehmite is observed
(Al: 4 %; A2: 2 %) but disappears in the lower horizons. The boehmite as observed in optical
and electron microscopy is concentrated in nodules (Fig. 8) that have a moderate consistence.
In the stereomicroscope the nodules are also observed in all the sand fractions of each of the
horizons. These features can be fragmented and can exhibit an onion like exfoliation. The
concentration of boehmite in the silt fraction can be regarded as a consequence of this
fragmentation. Some of these nodules have been separated (from the sand fraction) and
observed under XRD (Fig. 9) and IR (Fig. 10) spectrometry.

Fig. 8. Scanning electron microphotograph of a boehmitic nodule separated from the
sand fraction of the Al horizon.
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Fig. 9. X-Ray diffractometer traces of randomly oriented sample from boehmite
nodules in the sand fraction (100-2000um)
As observed by these methods the mineral composition of these features is quite
heterogeneous; having a boehmite, hematite, quartz and kaolinite nature. The mean chemical
composition, as inferred from EDXRA reveals an high F e ^ content (48.0%), a less amount
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of Si0 2 (23.0%), A1203 (21.0%) and CaO (6.25%) and the presence of little quantities of
Ti0 2 (1.3%), K 2 0 (0.3%) and Mn0 2 (0.1%). These nodules show features of a highly
weathered (lateritic) environment proved by the high Al, Fe oxides content and the Ti
presence. The chemical and mineralogical composition indicates that the nodules have not
been affected by a complete desilification process, therefore they have an intermediate
position between Terra Rossa and bauxitic (complete desilification) pedoenvironments.
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Fig. 10. Infrared spectra of boehmite nodules.
The mineralogy of the clay fraction. The whole clay fraction as observed in the bulk
sample and in the microsamples (matrix and clay coatings) obtained from the micropicking
techniques has a kaolinite, illite nature as reported in many other Terra Rossa environments
(24,4). This soil has a clay mineralogy dominated by illite minerals. In this fraction they show
an aluminous dioctahedral nature with a 002 reflection about one third of the intensity of the
10 A reflection peak and with a 060 peak at 1.50 A. The total clay mineral content increases
in the whole soil from about 88 % of the 0.2-2 pm fraction to about 97 % of the <0.2 |jm
fraction. A certain homogeneity of clay mineral composition is observed in the fine and
coarse clay in all the horizons (Table 2). In such a homogeneous environment small but
important differences appear in the relative amount of the two clay minerals; more specifically
the illite/kaolinite ratio (I/K) decreases with depth in both the fractions. The kaolinite seems
to have a higher rate of increase in the 0.2-2 |jm fraction. The hypothesis explaining such I/K
ratio behaviour can be related to a series of processes such as:
(i) the illuviated clay, that could contain higher amounts of kaolinite in a kaolinite-illite
mixture (the weak signals of the microdiffraction system did not allow a quantitative
analysis);
(ii) the highly weathered surface horizons could liberate a conspicuous amount of K ions
in soil solution inducing the genesis (or stabilizating) of illite;
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(iii) the kaolinite may be a relict feature of a paleoenvironment and its distribution may
be related to erosion- deposition sequences.
A small amount of quartz and feldspar minerals are reported in the coarse clay while the
felspars disappear in the fine clay.
Iron forms in the clay fraction. The presence of an high Fe oxides content in the clay
fraction can have important pedogenetic value for understanding the development Terra Rossa
in this environment.
The total Fe (Fe,) content of the clay fraction, which measures the iron in the
phyllosilicates + total iron oxides decreases with the depth. This behaviour could be affected:
(i) by kaolinite being in higher amounts in the lower horizons and (ii) by the vertical
distribution of the Fe oxides (Table 4).
Table 4. Distribution of forms of iron in the clay fraction.

Horizons
Fe t (g/Kg)
Fe d (g/Kg)
Fed/Fet (g/Kg)
Fet-Fed (g/Kg)
Feo (g/Kg)
Feo/Fed (g/Kg)
Aid (g/Kg)
Mnd (g/Kg)
Alo (g/Kg)
Goethite (g/Kg)'
Hematite (g/Kg)"

A1

A2

Bt1

Bt2

69.5
496
071
19.9
6.0
0.12
39
0.7
6.6
13.4
30.2

66.6
48.4
0.73
18.2
5.1
0.11
3.3
0.6
6.5
22.5
20.8

645
52.4
0.81
12.1
49
0.09
3.4
0.9
6.7
21.7
25.5

645
48.6
0.75
15.9
4.9
0.10
42
0.9
6.8
288
14.9

' Differential X R D estimate

The iron oxides content estimated by means of dithionite extraction , which measures the
amorphous and crystalline forms of iron, ranges from 48.4 g/Kg in A2 to 52.4 g/Kg in Btl
and do not show preferential accumulation in any of the horizons. This result seems to
indicate that the Fe, increment with respect to Fed is mainly affected by the mineralogical
composition of the clay fraction. The Fe,-Fed difference, which measures the Fe phyllosilicate
content, decreases with depth. This behaviour may be linked with the I/K ratio and it
suggests that the Fe phyllosilicate content is probably due to illitic minerals.
The Fe„/Fe, ratio is often use as a pedogenetic indicator and it is related to the amount of
the Fe lost by phyllosilicates weathering that may form iron oxides. This ratio, reported in
Table 3, shows a higher value in the Btl horizon and may indicate more weathered
phyllosilicates in this horizon.
The values of Fe0, which are correlated with amorphous iron forms, show a small increase
in the Al horizon probably due to higher organic matter that slows down the Fe oxides
crystallization (19). The Fe^Fe,, ratio shows values typical (about 0.1) of (Mediterranean) an
environment with low water activity (xeric regime) and relatively high temperature (thermic
regime). This determines that the majority of the Fe oxides are well crystallized (4, 20). The
Ald and Mn„, which estimates the Al, Mn isomorphous substitution in the crystalline iron
oxides, are quite homogeneous not being affected by the horizons sequence. This behaviour
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could suggest a probable uniform activity of Al and Mn in the soil solution during the oxides
formation.
Apart from the chemical based methods, the mineralogy of the iron forms, estimated
through the DXRD analysis, reveals marked differences. The goethite and hematite content,
as reported in Table 3, exhibit respectively an increase in the lower and upper horizons. This
indicates that in this profile the surface horizons are more hematitic. This may be linked with
marked differences between the A and Bt horizons. The former with their granular structure,
high porosity, good drainage condition (29 % clay in Al), high temperature, high water deficit
and most advanced weathering environment leads to ferryhydrite dehydration with hematite
formation; the latter with blocky structure, lower porosity, moderate drainage condition ( 60
% clay in Bt2), thermally and hydrologically more insulated may stimulate the pedogenetic
formation of goethite over hematite.
In general terms the reported profile develops in a typical hematitic pedoenvironment. The
Mediterranean climate characterized by the xeric moisture conditions leads to a moderate iron
release from both the Fe-rich parent material and phyllosilicate minerals. More specifically
under high temperatures and good aeration, ferryhydrite dehydration is promoted toward
hematite formation , (19). This is consistent with the redness rating (23) of the bulk sample
(Table 1) which is about 10 in the Al, A2 and Btl horizons indicating a moderate rubification
against a weaker rubification process inferred from the lower value of the Bt2 horizon.

The weathering process of glauconite. The presence of glauconite and its vertical and
particle size distribution suggest an important role for this mineral in the genesis and
rubification processes of the studied Terra Rossa environment. A weathering sequence of this
mineral has been investigated by EDXRA on specific sites of soil thin sections. These sites,
from a quantitative viewpoint, can be a very minor feature of the whole soil (Tab. 3) but their
presence is of important diagnostic value. Fig. 11 shows the phase diagram of glauconite
proposed by Velde (1976). On the basis of Fe, Al, K EDXRA analysis of about 52
microsamples the coordinates of a range of glauconite grains and glauconite weathered
materials have been plotted.
This shows a possible weathering sequence. In Fig. 11, the points are mainly spread
in three different areas. In the area are distributed the green glauconite grains such
as the one shown in Fig. 12a, 12b. In these figures the uniform clay texture and the
high optical anisotropism of the glauconite can be seen; in area • are reported the
brown glauconite grains as illustrated in Fig. 13; it seems that the main difference with
the green glauconites is due only to the loss of potassium, this area beig characterized
by a certain variability especially in terms of the iron content (Al/Fe~0.3-0.6). Moving
to the area * there is a decrease in K content and a dramatic Fe loss balanced by an
increase in Al. The points are apread along a clear vertical distribution due to the
complete K loss (from 3 to 0%). This distribution can be followed by clear changes in
micromorphological features from the glauconite matrix to a standard more developed
clay matrix.
The glauconite matrix, as illustrated in Fig. 14ax, 14bx, has an homogeneous clay
texture and still a moderate optical anisotropism. A further loss in potassium leads to
a more developed matrfix, as shown in Fig. 14ay, 14by, with weak optical anisotropsim
and a heterogeneous clay texture. It is of interest that the optical microscopic properties
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Fig. 11. Composition of glauconite grains, glauconite matrix and clay matrix on
K-Al-Fe coordinate phase diagram (Velde, 1976). Mo=montmorillonite;
N=nontronite; Ox=Fe oxides; Kaol=kaolinite; MLA, = Aluminous mixed layered
phase; Ml.,.., = Iron-rich mixed layer phase; I=illite; G=gIauconite.
: green
glauconite;
: brown glauconite;
: glauconite matrix and clay matrix.
of this matrix corresponds to the properties of the matrix of the bulk soil.
From this diagram some conclusions can be made. The glauconite weathering
involves less of Fe and K. The K loss happens in two separate steps, each one with a
constant Al/Fe ratio, while the Fe loss occurs only after that the first K loss step has
been completed and therefore after a K decrease of about 50%; at this point the loss of

32MH1
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Fig. 12. Green glauconite grain in plain (a) and crossed polarized light (b).

63

Fig. 13. Brown glauconite grain in plain polarized light.

Fig.14. Glauconite matrix (x) and developed clay matrix (y) under plain (a)
and crossed polarized (b) light
Fe happens suddenly, this being confirmed by the lack of points between x.y areas and
the z area. The theory underlying the reported phase diagram (25) indicates that the
weathering involves the massive presence of mixed layer phases as has been
demonstrate in other soils by Courbe etal. (1981). The point distribution of the studied
Terra Rossa does not indicate such a massive presence. This could suggest that this
mixed layer phase is not very stable and through the formation of unstable Fe rich
smectites it may quickly evolve towards a kaolinite and Fe oxides environment or also
towards aluminous illite minerals . The presence of Fe rich smectites has been observed
in the XRD analysis only on glauconite grains samples (Fig. 5); some indirect evidences
could be inferred from the soil profile description such as the presence of a blocky
structure and rare medium cracks. The bulk sample does not show such a mineral; this
may be the cause of the detectability limits of XRD equipment (26). From all these
considerations it may be hypothesised that the smectite minerals are unstable. They are
not in equilibrium and do not accumulate in this soil, possibly transforming to kaolinite
and illite according to the microenvironmental conditions.
The iron glauconite content represents an important iron source for the rubification
process. The observations made by XRD and IR spectrometry have not shown any
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crystalline Fe oxides around the glauconite grains. This observation combined with the
phase diagram reported (25) suggests that the Fe release is a long process involving a
series of steps. For instance, the first weathering step involving K loss could be reduced
by high activity of K in the soil solution.
The described process of glauconite weathering can be regarded as the reversal of
glauconitization (8). This last process involves the formation of glauconite from
smectites by K adsorption in a marine environment and slow sedimentation rate (11).

Conclusions. This investigation has involved observations on weathering
relationships between different Terra Rossa mineral features. The environment is
shown to be high complex combining two different aspects:
i) a very much weathered pedological environment as indicated by the presence
of kaolinite and hematite-goethite (well crystallized) in the clay fraction, the
observation of subrounded smooth shape and fractured quartz grains in the sand
fraction and the presence of boehmitic nodules with some lateritic features such as the
high Al, Fe oxides content and the presence of Ti.
ii) the presence of feldspars in the sand fraction, the glauconite grains, the very
rare mica crystals in rock fragments as observed in thin sections suggest a moderately
weathered pedoenvironment
The studied environment has been affected in its pedogenesis by marine Fe-rich
sediments present as layers in or over the limestone. From this study it seems that the
parent material would have contained glauconite and may have been completely
weathered away (i.e. in Corigliano location the R horizon does not contain glauconite).
This parent material, along with some eolian contributions, may have formed the
soil with an increasing trend of weathering processes from the Bt to the A horizons
as confirmed by the vertical and particle size distribution glauconite and feldspars. In
the soil the glauconite loses K and Fe and is transformed to features such as brown
glauconite and glauconite matrix. Those are difficult to quantify (especially the matrix)
but they may contribute to an important extent to phyllosilicates and iron oxide
genesis. These phyllosilicates, mainly made up of aluminous illite, are not the direct
result of the Fe-rich illite of the coarse fractions but may have formed through an
unstable Fe-rich smectite phase. These considerations suggest a complex relationship
of the illite minerals of this Terra Rossa. They are not directly related to each other
and they differ in terms of their particle size distribution and chemical composition.
In terms of iron oxide mineralogy, these soils, as many Mediterranean Terra Rossa,
are mainly hematitic. The distribution of goethite and hematite estimated by DXRD
has shown that the distinct pedological differences between A and Bt horizons have
somehow affected the Fe oxide mineralogy with higher hematitic surface horizons and
a higher goethitic deep horizons.
The complexity of the studied pedoenvironment does not enable the authors to
confirm either the residual or eolian theories of Terra Rossa genesis since both those
features have been observed. More specific studies are required especially involving
analysis of the limestone and the Fe-rich parent material which has now disappeared.
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An intogratod approach wtth geology, geomorphotogy and patoopadotogy appliad to thoaa araoe may ba
useful In this respect.
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Role of Organics and Microbes in Mineral
Transformations
P. M. Huang. Department of Soil Science, University of Saskatchewan,
Saskatoon, SK, Canada.
Introduction. Chemical and biochemical weathering reactions of minerals in soils
are governed by several factors which include the nature and surface properties of
minerals, H+ ions, complexing ligands, dissolved CO2, flow rate, and temperature.
The study of weathering of minerals was initiated more than 50 years ago (11).
Wollast (50) was one of the pioneer researchers in the studies of chemical kinetics of
weathering of minerals. After his work, many studies on the kinetics of geochemical
weathering of minerals have been reported (8).
Besides chemical weathering, organics and microbes play a critical role in the
weathering and transformations of minerals in soil environments. Since the initiation
of pedology by Dokuchaiev one century ago, soil is no longer considered as an inert
material that reflects only the composition of the underlying rock, but as the net result
of the effect of time, climate, and vegetation on rocks. Biological and biochemical
factors are vital in soil weathering processes (38).
This paper integrates the existing information on the role of natural organic
components and microorganisms in the weathering transformations of minerals in
soils.
Microbial Weathering by Organics. Organic acids are released from living
organisms and decomposition of plant and animal materials. They are generally low
molecular weight organic acids. Results of isolation and identification of organic
acids are either in specific conditions in relation to the biological environment, or in a
more general soil condition. The relative abundance of organic acids is as follows:
aliphatic > aromatic > amino acids (38).
The nature of plants and microorganisms (e.g., species, age), and environmental
factors (light, temperature, pH, CO2, soil solution ionic concentration) affect the nature
and the relative amount of organic acids in soil solution. Conditions of aeration are of
special significance. With good aeration, oxalic, citric, tartaric, and malic acids are
dominant, but in anaerobic conditions, volatile organic acids are preponderant.
The concentrations of organic acids generally range from 10~3 to 1 0 5 M (38). Higher
concentrations (> 10" 3 M) are in localized zones where biological activity is intense,
such as in the rhizosphere and near decomposing plant residues.
Besides well defined organic acids, humified organic acids are also present in soil
solutions. Long before Dokuchaiev formulated his pedological concept, these
humified organic acids were shown to play an important role in the dissolution of
rocks and minerals.
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A.

Acid

dissolution.

One of the most intriguing properties of soil microenvironments is that due to the
accumulation of proton [H+] on clay and organic surfaces. This will give rise to a
surface pH which may be two to three units lower than that of the aqueous bulk phase
barely 100 nm away (34). Furthermore, the magnitude of this pH effect will be
accentuated by microbial metabolism, plant root respiration and exudate production,
and the subsequent proton release.
The attack of minerals by proton dissociated from organic acids is an important
weathering dissolution mechanism of minerals in soil environments. In acidic
solutions, the dependence of the rate of dissolution of a mineral on proton
concentration, [H+], can be described by:
R = kS[H+f
where R is the rate of release of the metal ion in moles per second, k is a rate
constant, S is the specific surface, and n is the order of the reaction with respect to
[H+J.
The data of Furrer and Stumm (15) for 8-AI2O2 dissolution in 0.1 M NaNC>3 indicate an
order dependence of 0.4 with respect to solution [H+] in the pH range of 4.0 to 6.0.
Stumm et al. (44) plotted log R vs. the log of the quantity of protons adsorbed and
obtained a plot with a slope of 3.1 (Fig. 1). The data suggest that adsorption of three
protons in the vicinity of a surface Al is a necessary precondition for removal of a
surface Al 3+ .
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Fig. 1. Variation in log of rate of release of Al 3 + from 8-AI2O3 with log of concentration
of surface protonated sites (44).
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The dissolution of a mineral is treated as an isotropic attack of mineral surfaces by H+.
However, the dissolution of a mineral, like crystal growth, is anisotropic and varies
with crystal faces and shape. Furthermore, crystal defects, such as twinning planes
and dislocation, create high energy sites for surface attack (9). The excess surface
energy of very finely divided crystallites, sharp points, crystal edges, cleavage planes,
twin boundaries, and dislocation increase dissolution rates. Therefore, a detailed
account of the overall rate of dissolution of a mineral by organics would require a
knowledge of the rate constant and specific surface for each different crystal face and
the rate constant and abundance of every type of high energy site. This area of
research merits close attention.

B.

Ligand-promoted

dissolution.

The rates of dissolution of most aluminosilicates (22) and silicates (3) increase in the
presence of complex-forming organic ligands, notably carboxylic and phenolic acids.
This has frequently been observed in studies of the weathering reactions of rocks in
contact with lichens, fungal hyphae, and other microbes (38).
The rate of the release of Al and K was highly correlated with the stability constant of
Al-ligand complexation for several low molecular weight aliphatic acids at pH 4.5,
suggesting that surface complexation of structural Al by the ligands is the mechanism
causing the enhanced release of Al and K (35). The rate of quartz dissolution is also
enhanced by organic acids. The polyphenols such as 1,2-dihydroxybenzene, 4nitro-1,2-dihydroxybenzene, and 3,4-dihydroxybenzoic acid are known to complex
silica. These polyphenols enhance the rate of dissolution of quartz and some
aluminosilicates by two to three times apparently through surface complexation (24).
Further, the rate of quartz dissolution is enhanced by the presence of 20 mmol kg-"1
concentration of citrate, oxalate, and salicylate (3). Ultraviolet adsorption difference
spectral evidence suggests complexation of Si with these ligands at near neutral pH.
Grandstaff (17) reported that the rates of dissolution of a forsteritic olivine (F082),
separated from naturally weathered Hawaiian beach sands, are significantly
increased by most of 1 mM solutions of the organic ligands, EDTA, citrate, oxalate,
succinate, phthalate, acetate, and tannic acid at pH 4.5 (110 times higher for EDTA
than for KCI at the same concentration and same pH). The increases in the rates of
dissolution are proportional to the strength of the aqueous Mg-ligand complexation
stability constant. The rates of dissolution are influenced by the concentration of
organic ligands and are proportional to the square root of the free organic ligand
concentration.
Organic acids also affect the congruence of the dissolution of silicates. For example,
the dissolution reaction of oligoclase is incongruent (the dissolved Al to Si ratio is less
than stoichiometry) in the absence of oxalate and congruent in its presence.
Besides silicates, binding of complex-forming organic ligands to oxide, hydroxide,
and oxyhydroxide surfaces increases their dissolution rates. In acidic environments,
the rate of dissolution of an oxide or hydroxide can be treated as the sum of the rate of
the proton-promoted reaction (RH) plus the rate of the ligand-promoted reaction (RL):
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R = RH + RLThe dissolution rates of 8-AI2O3 promoted by the multidentate ligands, citrate,
salicylate, and oxalate, are proportional to the quantity of ligand adsorbed (Fig. 2).
These ligands form five- and six-membered ring bidentate chelation complexes. The
acceleration of the rates of dissolution are attributed to the negative charge brought
into the coordination sphere of Al by the complexing organic ligands. Furthermore,
the proton-promoted and organic ligand-promoted reactions appear to be synergistic
in enhancing the weathering reactions of minerals.
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Fig. 2. Variation in log of rate of release of Al 3 + from 8-AI2O3 with concentration of
surface complexes with organic ligands (44).
Mineral surfaces examined by optical, electron, and especially scanning probe
microscopy clearly show etch pits. Fig. 3 shows the image of atomic force microscopy
(AFM) of a freshly fractured albite {010} surface. It shows a pit about 600 nm across
and 80 nm deep, with a shallow (< 20 nm) linear feature extending from one of its
edges (18). The presence of etch pits indicates a surface controlled dissolution
mechanism wherein dissolution reactions are initiated at high energy sites. However,
there is little information on AFM image of the incipient formation and growth of
surface etch pits and related features in organic acid-promoted mineral weathering.
C. Reductive

dissolution

and photolytic

reactions.

The weathering dissolution of reactions of some oxides, hydroxides, and
oxyhydroxides of transitional metals are greatly enhanced under reducing conditions.
This group of minerals includes oxides/hydroxides of Mn (lll/IV), Fe (III), Co (III), and
Pb (IV) (42). Various natural organic compounds have the ability to act as reducing
agents in reductive weathering reactions. Reducing agents that promote the
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Fig. 3. AFM image of a pit 80 nm deep on an albite {010} cleavage surface (18). The
axes are scaled in nanometers.
dissolution of these metal oxide minerals include catechol, hydroquinone, resorcinol,
pyrogallol, other phenols, and benzoic, ascorbic, oxalic, and pyruvic acids. These
organic compounds can transfer electrons to surface metal ions of these oxide
minerals, leading to the formation of humic macromolecules through the oxidative
polymerization of these organics and the reduction and dissolution of the metals (19).
The reduction is pH dependent with the rate increasing at lower pH (43), because
reduction reactions consume protons and the adsorption of organic ligands increases
with decreasing pH. Reduction dissolution reactions can be described by a threestep reaction sequence: 1. adsorption of the reductant forming either an inner- or
outer-sphere surface complex, 2. electron transfer from a reducing agent to a surface
metal ion, and 3. release of the reduced ion (42).
Reduction is involved in weathering of many transitional metal-containing minerals.
Experiments of Lefebvre-Drouet and Bétremieux (29) show that many acids cause
reduction only through a photolytic reaction. Reduction is mainly related to biological
activity, including enzymatic reactions (38). Biological activity produces not only
organic acids, but also mineral acids, such as nitric acid during nitrification, and
sulfuric acid after sulfur oxidation. The pH values associated with the formation of
mineral acids can be such that strong proton attack occurs, giving complete
breakdown of minerals.
More recent study shows that the photochemical effect retards the dissolution of Mn
(IV) oxide both in the presence and absence of the polyphenols (28). The nature of
the polyphenols influences the extent of photochemical retardation of Mn
solubilization of Mn (IV) oxide. The influence of sunlight on reductive weathering
reactions of minerals, thus, deserves increasing attention.
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Mineral Transformations as Influenced by Organics. Besides mineral
dissolution, organics play a very influential role in transformations and formation of
minerals. Significant findings in this area are outlined below.
A.

Allophanes

and

imogolite.

Short-range ordered aluminosilicates, allophanes and imogolite have large specific
surface and high chemical reactivity. They have a significant effect on the physical,
chemical, and biological properties of soils. Low-molecular-weight organic acids
greatly perturbs the interactions of hydroxy Al ions with orthosilicic acid, and, thus,
hinders the formation of allophanes and imogolite (20).
Recent experimental evidence shows that humic acids (HAs) and fulvic acids FAs)
substantially perturb the genesis of allophanes and imogolite (20, 23). The strong
competition of such humic substances with orthosilicic acid for the coordination sites
of Al accounts for the pronounced influence of humic substances on the formation of
allophanes and imogolite. The degree of perturbation of the formation of allophanes
and imogolite increases with the rising concentration of humic substances. The
experimental evidence substantiates the hypothesis that the accumulation of humus
in the Andisol A horizon may inhibit the formation of allophanes and imogolite which
are dominant components in the Andisol B horizon, and favor the formation of
allophane-like constituents with low Si/AI molar ratios and hydroxy-AI-humus
complexes (49).
More research work is needed to understand the impact of structural perturbation of
allophanic and imogolitic materials by organics on their surface alteration pertaining
to the dynamics and transformations of nutrients and pollutants.
B. Aluminum
interlayering.

hydroxides

and

oxyhydroxides

and

aluminum

The nature and concentration of low-molecular-weight organic acids and humic
substances and the associated pH are related to the formation of Al hydroxide
polymorphs (21). At a given pH and organic ligand/AI molar ratio, there is a change in
the final aluminum precipitation products formed from bayerite to nordstrandite and/or
gibbsite and finally to pseudoboehmite and noncrystalline materials, approximately
according to the increasing chelating power of the organic ligands. The same order
of formation of the various aluminous precipitation products follows at a given pH by
increasing the concentration of organic ligands. The data indicate that organic
ligands affect the kinetics of the crystallization of precipitation products of Al and thus
influence the nature of Al precipitation products. The implications of these findings
are evident in the formation of short-range ordered organomineral complexes. These
studies also indicate that besides hydroxy-AI interlayering of expansible
phyllosilicates (37), the formation of crystalline Al hydroxides in soils and sediments
can be hampered through the complexation of hydroxy Al with these organic ligands.
Substantial concentrations of crystalline Al hydroxides are, thus, absent in organic
matter-rich soils in the temperate regions.
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Furthermore, more recent data show that the formation of hydroxy-AI-HA complexes in
solution and their subsequent adsorption into the interlayer space of smectite perturb
the Al interlayering (Fig. 4). This supports the observation of Rich (37) that organic
matter-rich soils are not likely to have Al-interlayering. Also, oxidizing conditions and
frequent wetting and drying cycles, cited as favoring interlayering (37), might be
acting indirectly by controlling organic matter levels. Compared with Ultisols and
Alfisols, where levels of organic matter are low, interlayering is relatively less common
in Mollisols and Spodosols, which are rich in organic matter (2).
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Fig. 4. X-ray diffractograms of hydroxy-AI-humic acid (HA)-montmorillonite complexes
(AI/OH/HA/cl) formed at various levels of HA additions at pH 4.8; AI/OH/HA/cl indicates
the sequence of the additions of Al, OH, HA, and clay (41).
Recently Violante and Huang (47) show that as the nature of the starting Al
precipitates changes, the rate of their dissolution apparently changes, and various
AI(OH)q polymorphs form (Fig. 5). The data substantiate the hypothesis that the
mechanism of the formation of an AI(OH)3 polymorph is determined by the rate of its
nucleation, which is, in turn, influenced by the rate of dissolution of the noncrystalline
or poorly ordered Al hydroxides initially formed. Therefore, the nature and solubility of
Al precipitation products play a vital role in influencing the subsequent formation of
AI(OH)3 polymorph which is determined by the rate of its nucleation and crystal
growth. A rapid crystallization yields bayerite, a very slow crystallization favors
gibbsite, whereas intermediate conditions favor nordstrandite. Transformations of
citrate-stabilized pseudoboehmite to AI(OH)3 polymorphs were not observed and
would likely require a very long induction period. Pseudoboehmite samples formed
in the presence of various inorganic and organic perturbing ligands, which are
common in soil environments, differ significantly in their chemical composition and
surface properties. However, pseudoboehmite in the presence of clay minerals, such
as montmorillonite and kaolinite, which are common in soils, is not easily identifiable
by conventional mineralogical analyses such as XRD, IR, DTA, and EM (48).
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Therefore, the pseudoboehmite in soils may not be detected by conventional clay
mineralogical analyses. The application of differential X-ray diffractometry and
differential IR spectroscopy coupled with selective dissolution could lead to uncover
the presence of pseudoboehmite in soils.
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Fig. 5. Proposed pathway of transformations of Al precipitation products as influenced
by aging and change of pH in alkaline conditions; citrate is present in Al
transformation (47).
C. Iron oxides and

oxyhydroxides.

The influence of various ions and molecules on the transformations of ferrihydrite,
which is formed from hydrolysis and aging of Fe (III) solutions, has been extensively
studied (39). In aqueous weathering environment, Fe oxides generally form via
solution transformation. The oxygenation products of Fe (II) solutions are, thus,
important because it is in this valence state Fe is commonly mobilized during
weathering under the Eh-pH regime of natural soil environments. Krishnamurti and
Huang (26) presented new experimental data on the oxygenation kinetics of Fe (II)
and the nature of the resulting precipitation products formed in the reaction as
influenced by organic ligands which have a range of stability constants of Fe (II)- and
Fe (lll)-ligand complexes. The ligands have a retarding influence on the rate of Fe (II)
oxygenation. The decrease in the rate constants is, in part, related to the stability
constants of Fe (ll)-organic ligand complex. The kinetics of Fe (II) oxygenation and
the complexation of Fe (III) with the ligands influence the kinetics of Fe (III) hydrolysis
and modify the crystallization processes of the oxygenation products, resulting in the
preferential formation of lepidocrocite in the presence of oxalate, goethite in the
presence of acetate, and X-ray noncrystalline Fe oxides in the presence of tartrate
(Fig. 6). Even small amounts of citrate with concentrations of 10-5 and 10"4 M citrate
at pHs of 6.0 and 7.5 promote and stabilize the formation of lepidocrocite (27).
Further increase in the amounts of citrate distorts the structural order, resulting in the
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increasing inhibition of the crystal growth of lepidocrocite and the formation of
noncrystalline Fe oxides at a citrate/Fe molar ratio of 0.01. No precipitation of Fe was
observed at a citrate/Fe molar ratio of 0.1.

tc)

•26.

Fe K -

Fig. 6. X-ray diffractograms of the hydrolytic products of Fe (II) oxygenation formed at
pH 6.00 and 23.5°C after 120 min reaction period (26). The d values are in A. (a)
0.01 M ferrous perchlorate; and in the presence of organic ligands (Ligand/Fe molar
ratio = 0.1): (b) acetate, (c) oxalate, and (d) tartrate.
Citrate and phenolic compounds are dominant in the root exudates, which reduce Fe
(III) of the soil minerals to Fe (II) (46). The Fe (II) thus released to soil solution should
be transformed in the presence of citrate to lepidocrocite. Lepidocrocite was reported
to be a dominant constituent in the root channels of soil profiles away from the roots
(13). The role of organics in influencing the kinetics of Fe (II) oxygenation and the
nature of the subsequent precipitation products in soils merits attention.
D.

Carbonates.

The effects of trace concentrations of dissolved organic matter as "crystal poisons"
(e.g., inhibiting the spread of monomolecular steps on the crystal surface by
becoming adsorbed on an active growth sites such as kinks) on the nucleation and
growth of calcite have been investigated in detail (45). Furthermore, the influence of
various organic complex formers on polymorphic crystal formation of calcium
carbonates have been demonstrated (25). More research is needed to understand
the role of organics in the transformations and formation of carbonates in various
pedogenic environments.
Microbial Weathering Dissolution of Minerals. Soil microbes are vital in the
weathering of minerals (38). They are present all over the earth, even in cold (boreal
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and alpine) or dry (desert) climates, i.e., in extreme environments where "pioneer"
organisms are well developed (algae, lichens, and fungi).
A substantial amount of research has been obtained with microorganisms that are
responsible for weathering dissolution of minerals. Both heterotrophic and
autotrophic microorganisms are involved and their activity depends largely on
environmental conditions.
A. Specific

conditions

and main phenomena

involved.

The microbial weathering of minerals is localized at microsites. There is nearly
always an adhesion phenomenon. A polymer (polysaccharide), which is highly
viscous, at the microbe-mineral interface can be highly hydrated and is sometimes
acidic. Main secretions are low-molecular-weight organic acids (e.g., citric and oxalic
acids). The pHs of the microsites can be very low. Microbial activity can perturb
equilibrium in weathering reactions in soils. Little is known about the kinetics of
microbial weathering of minerals.
For rock and mineral breakdown, the main phenomena involved include adhesion,
penetration, microdivision, and dissolution (38). Adhesion and penetration define
microsites in which mechanical (disintegration of aggregates-microdivision) and
chemical (dissolution) breakdown of minerals are promoted.
B. Mechanisms

of microbial

weathering

dissolution.

The main processes of microbial solubilization of minerals are depicted in Fig. 7.
Both heterotrophic and autotrophic bacteria and fungi are involved in the dissolution
processes.
Among bacteria, silicate bacteria (Bacillus siliceusï are considered as an active
silicate-solubilizing agent by Aleksandrov and Zak (1) among others. Some
pseudomonas are also capable of solubilizing large amounts of Al, Fe, and Mg from
silicates due to their metabolic products (4).
Much research has been performed with fungi which are considered as active mineral
solubilizing agents (38). Micas are often used as experimental minerals, but other
silicates and different sulfides, oxides, carbonates, and phosphates have also been
used. In the weathering transformation of mica to vermiculite, fungi act mainly to shift
the equilibrium in the reaction by serving as a sink for K.
In most cases of microbial weathering dissolution of minerals, the reaction processes
are driven by the production of acids and/or complexing compounds of low molecular
weight that can get through a dialysis bag. Autotrophic microorganisms are also
involved in weathering processes through the production of nitrate and sulfate giving
H+ ions. Much more data are needed to understand the effects of these autotrophic
bacteria in the weathering of minerals in soil environments.
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Fig. 7. Mechanisms of microbial weathering of minerals (38).
Microorganisms are also involved in alkaline dissolution of minerals. The basic
conditions resulting from the production of alkaline compounds such as ammonia and
sodium carbonate by microorganisms promote the solubilization of silica (38).
Reduction of Mn and Fe by reductase of anaerobic and facultative anaerobic bacteria
is also noteworthy. Such reduction processes require the contact between bacteria
and mineral to solubilize ferric iron from oxides (goethite and hematite) and from
silicates (glauconite) (10). The role of enzymatic reactions in the reduction of
transition metals in soil environments warrants in-depth research.
Biomineralization and Neoformation. We have long been aware of the
necessity of microorganisms in the global cycling of biologically important elements
such as O, C, N, and S. Microbial biomineralization (the formation of minerals by
microorganisms) is another important activity of microbes which is just now being
defined (6). Its scope is much larger than initially thought, since it involves metals and
minerals of tremendous range and kind. Biomineralization has global consequences
and has mediated soil development.
A. Sorption of metals to microbial
mineral
development.

surfaces,

precipitation,

and

Small quantities of metals are normally associated with many bacterial surfaces and
are their integral components. Surface metal concentrations frequently exceed the
78

stoichiometry expected per reactive chemical sites within the cell wall. 1 he sorption of
soluble metal can be so great that visible precipitates can be seen by electron
microscopy; distinct metallic minerals are eventually formed.
Recent investigations of biomineralization indicate that specific molecular interactions
at inorganic-organic interfaces can result in the controlled nucleation and growth of
inorganic crystals (32). A central tenet of biomineralization is that the nucleation,
growth, morphology, and aggregation (assembly) of the inorganic crystals are
regulated by organized assemblies of organic macromolecules ("the organic matrix").
Control over the crystallochemical properties of the biomineral is achieved by specific
processes involving molecular recognition at inorganic-organic interfaces. The
formation of inorganic nuclei on the surface of an organic matrix is considered to be
analogous to an enzyme-substrate interaction in which the nuclei are kinetically
stabilized by specific molecular interactions with the organic surface. In general, the
effect of the organic substrate is to lower the activation energy of nucleation.
Synthetic systems have highlighted the importance of electrostatic binding or
association, geometric matching (epitaxis), and stereochemical correspondence in
these recognition processes (32). Therefore, charge, geometry, and stereochemistry
are important aspects of the crystal-additive interactions. Moreover, these interactions
are dynamic such that specific changes in morphology probably originate from subtle
differences in the kinetics of these recognition processes on different crystal faces
rather than from high-affinity (irreversible) additive binding on one preferred set of
symmetry-related surfaces.
Compared with any other life form, bacteria may have a greater capacity to sorb and
precipitate metals from solution leading to mineral development. They have the
highest surface area to volume ratio (6). Metals have easy access to bacterial
surfaces through diffusion. Metal sorption and precipitation on bacterial surfaces
concerns the interfacial effect. However, the dynamics and chemical heterogeneity of
these biological interfaces have so far been too complicated to be modeled by
interfacial theorists, but progress is slowly being made.
There is subtle but significant difference between precipitation and mineral
development. Metal precipitates are hydrous, amorphous aggregates, whereas
minerals are much more anhydrous and crystalline. The former are converted to the
latter by lithification; water is slowly drawn out by heat and compaction during
solidification. A variety of precipitates and minerals have been found associated with
microbial surfaces. These range from amorphous colloids to highly crystalline Mn
and Fe minerals. Most unusual has been the recent in situ findings that the
development of Fe and Al-silicates is possible on bacterial surfaces (12). Increasingly
over the past few decades, the importance of microorganisms, principally bacteria
and fungi, has become recognized with regard to the formation of soil minerals (40).
B. Internal

metal

deposits.

The most characterized internal metal deposits in bacteria occurs as Fe304 in the
form of magnetite. This mineral is found in the cytoplasma of certain bacteria as small
membrane-bound magnetosomes (7). Very little is known about the actual
acquisition of iron and its development into magnetite. High-resolution electron
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microscopy of A. magnetotacticum magnetite has revealed that the crystalline mineral
has a thin dusting of amorphous iron at its surface (33). More recently, Gorby et al.
(16) have presented proof of the existence of a lipid bilayer membrane surrounding
magnetite crystal (Fig. 8).

•

Fig. 8. Whole mount of isolated magnetosomes from Aquaspirillum magnetotacticum
showing their truncated octahedral shape (16). The clear region at the periphery of
each particle is the magnetosome membrane (arrow). Bar = 100 nm.
Bacteria and fungi are also capable of accumulating toxic heavy metals (5, 31).
Accumulation of the order of 1-6% of the bacterial dry weight have been reported (31,
36).
Interactions of Microbes with Minerals and Organics and Formation of
Organo-Mineral Complexes. Interactions of organics and microbes with minerals
lead to the formation of organo-mineral complexes and soil aggregates (Fig. 9). The
cell surface is progressively being enveloped by the smaller clay particles. The
majority of clay crystals and packets of oriented crystals ("domains") are aligned
tangentially to the extracellular capsule surrounding the cells. A small portion of the
clay crystals and domains, however, are sorbed end-on, that is, oriented with their
edges almost perpendicular to the capsule surface. Such an edge-to-face
association would be predicted at pH <6 when the edge surface of layer silicates
acquires a positive charge by protonation of exposed Al (O, OH) groups. On the other
hand, for cells with carboxyl-amino surfaces both edge-to-face and face-to-face
associations might occur. Furthermore, positively charged surface coatings of Al, Fe,
and other metals on layer silicates can be bound to negatively charged organics and
microbes.
The organo-mineral complexes formed have an enormous impact on physical and
chemical properties of soils. Further, the rate of turnover of organic components by
biological processes is generally retarded by association with mineral colloids (19).
Interactions of soil minerals with organic molecules, on the other hand, catalyze
abiotic transformations of organic components.

80

Fig. 9. Diagram illustrating the interaction of bacteria and fungi with mineral particles
in a soil aggregate. Bacterial cells with a coat of extracellular polysaccharides (EPS)
are enveloped by clay particles. The pore space where clays and bacteria interact,
bounded by silt- and sand-size particles, is relatively enriched in organic matter
including EPS residues. Fungal hyphae are attached to the outside surface of an
aggregate. Inset shows an enlarged view of a bacterial cell with its complement of
EPS. At normal soil pH conditions, the cell has a net negative surface charge. Most
clay particles adhere to the cell surface by bridging through polyvalent cations,
represented by Mn+ (a) although some may be attached directly by electrostatic
interactions, either in a face-to-face, (b) or edge-to-face (c) association (14, 30).
Summary and Conclusions. Minerals, organics and microbes closely interact
with each other in soil environments. Organics accelerate the breakdown of minerals
through acid, ligand-promoted and reductive dissolution processes. Organics also
influence the formation and transformations of a series of minerals such as
allophanes, imogolite, aluminum hydroxides and oxyhydroxides, iron oxides and
oxyhydroxides, and calcium carbonates. Microbes promote mineral weathering
through adhesion, penetration, microdivision, and dissolution. Further, microbes
have the ability to serve as the "organic matrix" to achieve specific processes
involving molecular recognition at inorganic-organic interfaces leading to
biomineralization and neoformation of minerals. The interactions of soil minerals with
organics and microbes result in the formation of organo-mineral complexes and soil
aggregates which have a tremendous impact on soil processes. The role of organics
and microbes in mineral formation and transformations and the impact on agricultural
substainability and environmental health merits increasing attention.
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Some Recent Developments in the Study of Soils by Mössbauer
Spectroscopy
E. Murad. Lehrstuhl fur Bodenkunde, Technische Universitat München, D-85350
Freising-Weihenstephan, Germany*.
Introduction. Among the modern instrumental techniques that can used to characterize soil
constituents and their formation, 57Fe Mössbauer spectroscopy plays a special role. This is due
to several reasons: 1. Mössbauer spectroscopy is insensitive to any but the nuclide under study,
i.e., matrix effects are virtually non-existent (iron-free phases only dilute a sample but do not
contribute to the spectra in any way), 2. Any iron contained in a solid sample must show up in
a Mössbauer spectrum, 3. Mössbauer spectroscopy allows a reliable and quantitative distinction
between the different oxidation states of iron to be made, 4. It is possible to both distinguish iron
oxides from paramagnetic constituents (e.g. silicates) and to identify and quantify iron oxides
present in a sample by taking Mössbauer spectra at different temperatures, and 5. If Mössbauer
spectra are taken at low temperatures, it is possible characterize metastable constituents (e.g. such
that are prone to oxidation or dehydration) by slowing down the rates of their transformation to
practically zero.
Pedogenic minerals are often characterized by poor crystallinity, i.e. short-range — if any —
order. This is adverse to the development of well-defined crystallographic parameters and results,
for example, in broadened X-ray diffraction lines that may be obscured if the mineral under
survey is not a predominant constituent. For the reasons outlined above, Mössbauer spectroscopy
thus is ideally suited for the characterization of poorly crystalline iron-bearing constituents.
During the past 25 years, numerous soils from a variety of environments and soil mineral
analogues synthesized in the laboratory have been studied by Mössbauer spectroscopy. Early
Mössbauer work concerned with soils was carried out mainly with the aim of identifying and
characterizing the iron oxide minerals - predominantly goethite and hematite. Study of these
minerals is relatively straightforward, because they will order magnetically at some temperature,
giving Mössbauer spectra that are distinct from those of paramagnetic minerals. Experimentally
a distinction of the Mössbauer spectra resulting from iron oxides and paramagnetic minerals can
be effected by taking spectra before and after selective removal of the oxides, e.g. by extraction
with sodium dithionite (Mehra and Jackson, 1960).
The Mössbauer spectra of the paramagnetic minerals (e.g. the majority of phyllosilicates), in
contrast to those of the iron oxides, often overlap unresolvably and may be complicated further
by low iron contents. However, if it is possible to isolate the different iron-bearing components
of a soil, then spectra of the individual paramagnetic minerals can also be taken. In favorable
cases particle-size fractionation following selective removal of the iron oxides offers the
possibility of taking Mössbauer spectra of almost pure paramagnetic clay mineral separates
(Breuer and Murad, 1992).
A proper interpretation of Mössbauer spectra has several requirements. First, it is necessary to
give consideration to the limitations of the method that are dictated by basic physics. Further-
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more, when studying samples of complex mineralogy (which soils typically tend to be), a precise
knowledge of the Mössbauer parameters of all phases that may contribute to a spectrum is
indispensable. A major problem in this respect is that information on the Mössbauer parameters
of many "standard" soil minerals is available, but detailed data on the variabilities of Mössbauer
parameters as a result of individual mineral properties (particle size and/or crystallinity,
deviations from ideal chemical composition, etc.), have until recently been presented only for the
common iron oxides (mainly goethite and hematite). Comparable data on clay minerals, especially
such that are difficult to study because of low iron contents, is just beginning to become available
(e.g. Murad and Wagner, 1991; St. Pierre et ai, 1992; Murad and Wagner, 1994).
Recent advances in Mössbauer technology and instrumentation may help overcome some of
these difficulties. These advances include aspects both of hardware, enabling the observation of
phenomena that would escape attention by routine Mössbauer spectroscopy, and software,
allowing an evaluation of data in a manner that does justice to the fact that decreasing order in a
phase will cause an increasingly poor definition of characteristic parameters (these will become
smeared out). The fact that the observation of characteristic spectral features often requires
spectra of high quality has led to a move towards the accumulation of higher numbers of total
counts (quality rather than quantity).
Although Mössbauer spectroscopy can give information on the mineralogy of a soil that may
be difficult or even impossible to obtain by other methods, it is often rather tenuous to apply this
technique on its own. In most cases other methods such as chemical analysis, XRD, IR
spectroscopy, DTA/TG, electron microscopy, etc. should also be used.
Experimental. The most common Mössbauer technique is that of transmission measurement with
both the source and absorber held at room temperature. Because of their small particle size,
pedogenic iron oxides, however, are often prone to relaxational effects which inhibit the
observation of magnetic order at room temperature. For this reason Mössbauer spectra of soils
are usually taken with the absorber cooled to lower temperatures, commonly 77 K and/or 4.2 K.
Specific applications may require the use of furnaces.
The registration of Mössbauer spectra under externally applied high magnetic fields offers
improved possibilities for the characterization of pedogenic minerals in many instances. The
possibilities offered by this technique have been outlined by Longworth and Tite (1977).
Systematic studies relating to the properties of these minerals have, however, been undertaken
only recently. This is mainly due to the fact that the instrumentation necessary to take such
spectra (superconducting solenoids and ample amounts of liquid helium) is available only at
selected localities.
A novel Mössbauer technique called imaging Mössbauer spectroscopy that holds considerable
potential for the study of soils has been described by Smith et al. (1992). This technique allows
as many as 256 Mössbauer spectra to be simultaneously recorded along an up to 50 mm long
sample using a position-sensitive detector, thus providing a direct image of the distribution of iron
forms in such a sample. This technique is at present unique to the Department of Physics of
Monash University in Melbourne.
The mentioned instrumental advances would be of only limited use without fast computers that
enable the processing of the large amounts of complex data produced using sophisticated methods
of data analysis at a reasonable speed. Such computers have become increasingly available at
reasonable prices during recent years. The mathematical function describing resonance is the
Lorentzian, which is therefore appropriate to fit Mössbauer spectra. The mentioned deviations
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from crystalline perfection, however, often lead to complex spectra that may require fitting with
programs that invoke multiple distributions of parameters even for spectra of individual minerals
(e.g. Murad, 1988; DeGrave etal., 1992; Pankhurst and Pollard, 1992).
Results. In general, spectra taken to less than 106 off-resonance counts produce satisfactory
results only for the characterization of single, iron-rich phases. Since the Mössbauer spectra of
mineralogically complex systems such as soils are the sum of constituent spectra of the individual
minerals, counting statistics (/.*. spectral quality) play a major role in determining the
serviceability of a spectrum. To demonstrate this, Mössbauer spectra of a nontronite, taken at
120 K to 0.5-106 and 5.010 6 (unfolded) off-resonance counts, are shown in Figs, la and lb. In
addition to the main resonance resulting from Fe 3+ in nontronite, the bottom spectrum shows up
two lines at -0.86 and 1.64 mm/s. These are the inner two lines of a sextet resulting from the
presence of about 2.6 % goethite in the sample. This component could easily be missed in the
spectrum taken to the lower number of counts. It is of interest to note that, because most
goethites are superparamagnetic at room temperature, and thus have Mössbauer lines that overlap
unresolvably with those of nontronite, this goethite would go unnoticed at room temperature
whatever the quality of the spectrum.
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Figure 1. Mössbauer spectra of a nontronite taken at 120 K to 0.5-106 (a) and 5.010 6 offresonance counts (b). The positions of the goethite peaks are indicated with arrows.
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Another - even more obvious - demand to take spectra to very high count numbers arises
when studying samples with low iron contents. Until recently little systematic work had, for
example, been carried out on iron-poor clay minerals (e.g. most kaolinites and some illites),
because the need for strong Mössbauer sources and long measuring times (up to several weeks in
some cases) limits the possibilities to carry out this kind of work. Recent Mössbauer studies on
kaolinites with total iron contents as low as 0.15 % from commercial deposits and soils have,
somewhat surprisingly, shown that many of the former have a substantial proportion of their iron
content in the divalent state (Murad and Wagner, 1981; St. Pierre et al., 1992). The
Fe 2+ /(Fe 2+ + Fe 3+ ) ratios are not related to specific mineral parameters such as total iron content
or crystallinity, and may possibly reflect environmental redox conditions. An analogous study has
indicated that in illites, in contrast, the oxidation state of iron is related to the total iron content
in such a manner that iron-poor illites tend to have higher proportions of their iron in the divalent
state than their iron-rich counterparts (Murad and Wagner, 1994).
A major reason for the application of low-temperature Mössbauer spectra has been given
above: because of particle-size effects, pedogenic iron oxides often require spectra taken at low
temperatures to produce magnetic order. Magnetic order, however, is an essential prerequisite
both for a definitive distinction of Fe 3+ in iron oxides from that in paramagnetic minerals and for
the identification (and possibly quantification) of the individual iron oxides.
Mössbauer spectra taken at low temperatures also offer favorable possibilities for the study of
soil components that are metastable under surface conditions. Mössbauer spectra taken at liquid
nitrogen temperature have been successfully applied to the characterization of the so-called "green
rusts" (Fe 2+ -Fe 3+ hydroxy salts) and their oxidation both in the laboratory (Murad and Taylor,
1986) and semi-natural environments (Bender Koch and M0rup, 1991). It has been postulated that
the blue-green color of some hydromorphic soils that disappears rapidly upon exposure to the
atmosphere also results from the presence of green rusts, but the instability of these constituents
has so far prevented a proof of this hypothesis. Mössbauer spectra taken at liquid nitrogen
temperature could possibly help solve this problem.
Other recent studies have emphasized the value of Mössbauer spectroscopy for the study of
metastable minerals. König et al. (1988) studied anoxic sediments of the river Elbe by Mössbauer
spectroscopy and showed that, compared to samples stored under anoxic conditions, about 40 %
of the Fe 2+ content of the samples became oxidized upon air drying or freeze drying. Recent
Mössbauer work by Murad and Schwertmann (1993) has shown that fine-grained magnetites could
constitute another group of temporally unstable soil constituents. In these, Fe2+ can experience
significant oxidation within a period of several years, becoming gradually converted to
maghemite. This may be one reason for the observation that soil magnetites are generally of
detrital origin, since biogenic (i.e. bacterial) magnetites, which occur in smaller particles than
their detrital counterparts, would have a lower stability under oxidizing soil conditions.
The characterization of ferrimagnetic minerals, viz. magnetite and maghemite, in the soil
environment can be vastly improved by taking Mössbauer spectra under externally applied
magnetic fields. This leads to a suppression of the second and fifth lines of the sextet and a
separation of the constituent sextets resulting from iron in the octahedral and tetrahedral positions.
Very small particles, however, can have a non-collinear spin arrangement, i.e. the spins are no
longer exactly parallel, and the mentioned lines are only partly suppressed (Coey, 1971). Recent
work on poorly-crystalline maghemites under external magnetic fields has furthermore shown that
several structural parameters can vary simultaneously in these. DeGrave et al. (1989), for
example, showed that Mössbauer spectra of maghemites of particle sizes < 10 nm taken under
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external fields required fits that imply distributions of two parameters: the magnetic hyperfine
field and the angle between the direction of this and the principal axis of the electric field gradient
(Fig. 2). Although this model produces statistically acceptable fits, it is conceivable that more
— possibly even all — structural parameters in such poorly-crystalline minerals may show a
significant degree of variation. This phenomenon may furthermore not be exclusive to maghemite,
but could also be developed in other pedogenic minerals.
Imaging Mössbauer spectroscopy is one of the most modern and certainly one of the most
promising Mössbauer techniques for the monitoring of weathering and soil formation, as it
enables in situ measurements of the spatial variation and a "mapping" of the iron mineralogy in
a sample. Imaging Mössbauer spectroscopy can be readily applied to the study of rocks and
undisturbed soil samples; unconsolidated soils can also be studied following impregnation with
resin.
As an example for the information that can be gained from imaging Mössbauer spectroscopy,
spectra of a jaspilite, i.e. a jasper interlaminated with red, pink and brown bands of iron oxides,
are shown in Fig. 3. The sample was cut to an area of 24 x 8 mm and ground to a thickness of
100 - 150 /xm. A set of 51 imaging Mössbauer spectra was taken, requiring an acquisition time
of three weeks. The spectra comprised two sextets that could be readily attributed to hematite and
goethite. The fact that the latter was magnetically ordered indicated a relatively good crystallinity
and low Al substitution. The spectra showed an excellent correlation of the distribution of goethite
and hematite with the variations of colors in the sample (Fig. 3).
Finally, it is necessary to mention attempts to apply Mössbauer spectroscopy to a purpose for
which it is inherently unsuitable, namely the dating of soils and sediments (Spath and
Mbesherubusa, 1982; Hanstein et al., 1983). In these studies, room-temperature spectra were
taken, and the quadrupole splittings of paramagnetic and superparamagnetic doublets and the
proportions of magnetically ordered components were correlated with the relative ages of the
studied samples. The mentioned studies, however, had several weaknesses. First (as mentioned
above), particle-size effects often render a proper interpretation of room-temperature spectra of
soils and sediments complicated or even impossible. Second, the magnetic properties of iron
oxides cannot be unequivocally related to particle size, as Al-for-Fe substitution may play an
equally important role. Third, the mentioned papers were concerned with sample pairs that did
not necessarily form from the same parent material and under identical conditions. In a
subsequent study on a single, 15 m deep lateritic profile in western Australia, St. Pierre et al.
(1990) took Mössbauer spectra between room temperature and 15 K. These authors did not
observe any correlation between the depths of the samples {i.e. the relative sample age) and their
iron oxide mineralogy, showing that the samples cannot be dated on the basis of this method.
Conclusions. Modern developments in Mössbauer spectroscopy offer new possibilities for the
study of weathering and soil formation. Although many of the described advanced techniques
require more sophisticated instrumentation than standard room-temperature transmission
Mössbauer spectroscopy, the results can be very rewarding. The specialization required for the
operation of the instruments and a reasonable interpretation of the spectra has led to an increasing
interdisciplinary and international cooperation in this field. Mössbauer spectroscopy can provide
unique insights into the mineralogy of soils, especially as far as the properties of minor
constituents are concerned and, when used in conjunction with other instrumental techniques, into
the pathways of soil formation that may be difficult or even impossible to obtain by other
methods.
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Figure 2. (a) Mössbauer spectra of a poorly crystalline maghemite taken under an externally
applied magnetic field of 6.0 T, (b) distributions of magnetic hyperfine fields and the angle
between the direction of this and the principal axis of the electric field gradient for the two iron
sites (after DeGrave etal., 1989).
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Figure 3. (a) Jaspilite sample studied by imaging Mössbauer spectroscopy, (b) absolute areas of
hematite (stars) and goethite (triangles) subspectra in this sample, (c) relative areas of hematite
and goethite subspectra in the sample (modified after Smith et al., 1992).
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Quantifying Climatic Effects on Mineral Weathering and
Neoformation in Hawaii
O.A. Chadwick*!, C.G. 01son2 D.M. Hendricks3, E.F. Kelly 4 , R.T. G a v e n d a S
JPL-Caltech, Pasadena, CA, USAl, USDA-SCS, Lincoln, NE, USA^ University of
Arizona, Tucson, AZ, USA^, Colorado State University, Ft. Collins, CO, USA^,
USDA-SCS, Kealakekua, HI, USA$Introduction. Quantification of rates for determining the dominance of competing processes
during weathering and mineral transformation in natural pedologic systems is critical to
understanding functioning of biogeochemical cycles (25, 29, 2). All regional and global estimates
of chemical weathering are derived from dissolved load output from Earth's major river systems
(25). It is difficult to interpret and quantify local to regional weathering processes using these
areally averaged data. The limited resources available for soil science research has been focused on
agricultural or taxonomie (technology transfer) needs, thus only a small group of pedologists and
geologists focus on weathering in natural systems.
Researchers in pedology have developed excellent tools and approaches to understanding
functioning of soil weathering and mineral transformation, for example: Ruhe - soil
geomorphology and Quaternary geology, Jenny - state factor sampling design, Barshad - influence
of environmental variables on mineral formation, Marshall and Brewer - mass balance analysis,
and Jackson - quantification of soil minerals by selective dissolution. The research presented here
integrates their disparate approaches to improve quantitative understanding of the influence of
climate and paleoclimate on the rate of mineral weathering and types of mineral neoformation. We
have chosen to focus on weathering of basaltic lava and tephra in a tropical climate in order to
quantify the most rapid end member of the soil weathering and mineral transformation spectrum.
Materials and Methods. Site description. Hawaii Island provides a well-documented field
environment in which to assess pedogenic transformations under widely varying climatic
conditions. Five shield volcanoes intercept the prevailing NE Trade winds and produce
orographically controlled rainfall patterns that vary dramatically over short distances (Figs. 1 and
2). Lava flows on Hawaii have been mapped extensively and are well-dated by C-14 and K/Ar
radiometric techniques. The constructional topography produced by flows on leeward Kohala
Mountain, the oldest volcano on the island has been modified only minimally by erosion.
Figs. 1 and 2 and Table 1 present the physiographic character of the sample sites. The soils
are influenced by weathering of both tephra and lava because tephra has filtered into and
accumulated on top of a'a lava flows of Hawi age and geochemistry (28). Tephra accumulation
must have occurred early in the evolution of the soils because allogenic quartz and mica are
concentrated at the top of the profiles rather than being uniformly distributed throughout as we
would expect if tephra came in at the same rate as the dust. The soils are sampled on 4 mappable
lava flows; 14 K/Ar ages from the flows indicate a mode of 170,000 yr (170 ky) with overlapping
standard deviations (Morescalchi and Chadwick, unpub data).
Present rainfall distribution (Figs. 1 and 2) along the sampling transect is defined by 2nd
order polynomial curve fits of data from 9 rainfall gauges that have been in operation for a
minimum of 19 years. Six of the stations have been in operation for at least 30 years (9). At the
southeast end of the transect, the lowest and driest site at 77 m elevation receives 16 cm median
annual rainfall and has a mean annual temperature of 23°C (Table 1 and Fig. 2). The sites to the
northeast are progressively wetter and culminate at 1254 m elevation with about 300 cm median
annual rainfall and 17°C mean annual temperature. Temperature estimates are based on an
empirically derived lapse rate for Hawaii (20).
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Figure 1. Location of Kohala mountain and its geology.
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Figure 2. Sampling sites in relation to median annual
rainfall (cm) and elevation (m).
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Table 1. Physiographic characterisics of the sampling sites and their soil classification.

Site

Pedon

Elevation
(m)

Median
annual
rainfall (cm)

Timeweighted
median rainfall
(cm)

Mean annual
temperature

Vegetation

Soil classification

A

6

77

16

18

+33
-2

23

Buffel, Pili, Keawe

Medial-skeletal, isohyperthermic Typic Vitritorrand

B

3

185

18

22

+43
- 4

23

Pili, Keawe

Clayey-skeletal, mixed, isohyperthermic Andic
Haplustoll

c

4

256

21

27

+48
- 6

23

Buffel, Pili, Keawe

Clayey-skeletal mixed, isohyperthermic Andic
Haplustoll

D

5

356

27

34

+53
- 7

22

Buffel, Keawe, Cactus Medial-skeletal, isothermic Typic Vitritorrand

E

8

674

57

71

+82
-14

20

Buffel, Lantana,
Keawe

Medial, isothermic Torretic Haplustoll

F

7

833

79

96

+96
-17

19

Kikuyu, Keawe,
Cactus

Very fine, mixed, isohyperthermic Alic Haplustoll

G

2

922

93

112

+103
-19

19

Kikuyu

Medial, isothermic Humic Haplustand

H

1

992

106

126

+109
-20

18

Kikuyu

Medial, isothermic Typic Haplustand

1

10

1098

126

148

+118
-22

18

Kikuyu

Medial, isomaslc Humlc Haplustand

J

11

1158

138

162

+123
-24

18

Kikuyu

Medial, isomesic Hydric Fulvudand

K

9

1232

250

290

+220
40

17

Kikuyu

Medial, isomesic Alic Fulvudand

L

12

1254

300

350

+265
-50

17

Ohia-Fern Forest

Medial, isomesic Alic Fulvudand

Any attempt to understand soil processes as a function of climate must take past climatic
change into account as much as possible. Because the Hawaiian climate is strongly buffered by
maritime conditions, knowlege of present climate conditions allow us to develop a paleo-rainfall
model of time-weighted-median (TWM) rainfall. The model derives from previous efforts (23, 24,
19) and is based on 3 parameters: 1) present-day rainfall measurements; 2) past orographic effects
on rainfall as denned by interaction of island subsidence, eustatic sea-level change, and the
assumed invariant Trade winds; and 3) background rainfall over the ocean (Fig. 3). The data
sources for the model are: rainfall - elevation relationships (9), island subsidence (13, 18), and
eustatic sea-level change (5). The assumption that background rainfall over the ocean has remained
constant is not particularly good; a small amount of global climate modeling suggests that rainfall
may have been greater at full glacial times (14) and various paleoclimate reconstruction attempts
suggest that this may be true (8). Quantitative estimates of rainfall variation are not available and
for the purpose of the model we hold the value fixed at present-day values. We discuss the data
with respect to this assumption below. In Fig. 3c, we plot TWM rainfall along with range bars that
denote the modeled maximum and minimum rainfall for each sampling site. The results of our
analytical studies are plotted with respect to TWM rainfall values along the x-axis with the
maximum and minimum rainfall bar shown.
Laboratory analyses. Total elemental analyses were made by plasma emission
spectroscopy on a borate fusion for all elements except Zr, which was measured by X-ray
fluorescence. Elemental loss/gain is calculated as follows (4): dj iW = (r w Ci w (ei, w + 1) TpmCj pm)/100. Where "pm" refers to parent material, "w" refers to weathered soil', "i" refers to
immobile elements (Zr in this case), "j" refers to mobile elements, r is bulk density, C is elemental
concentration in wt. % and eijW = ((rpmQj)m)/(rwQ(W)) - 1- I n this case, the immobile element is
Zr. Mass-loss values are calculated on a whole-soil basis, integrated by horizon over the top meter
of soil, and plotted as a function of TWM rainfall.
The fine-earth portion of the soil was broken into a series of operationally defined
components analyzed in a sequential fashion. Gravimetric weight loss was measured after each
treatment and Si, Al, and Fe in the extract was measured using atomic absorption spectroscopy
(AAS). The sequential selective dissolution procedures were as follows: 1) Sample preparation - a
portion of the fine-earth (< 2 mm) was treated with H2O2 and NaOAc (pH 5) buffer solution to
remove organic matter. After washing with water and isopropyl alcohol and air-drying, the sample
was crushed by hand in a mullite mortar and pestle. 2) Non-crvstalline components - selective
dissolution by acid ammonium oxalate in the dark (AOD) (12, 17). 3) Crystalline sesquioxides the residue of the (AOD) dissolution was treated with Na-dithionite and Na-citrate using the
Blakemore et al., (3) modification of the Holmgren (10) procedure. 4) Poorly crystalline - the
residue was treated with 0.5 M NaOH (12), 5) Kaolin - the residue was heated to 500°C followed
by a 0.5 M NaOH dissolution of the collapsed lattice; X-ray diffraction of the < 2 u\m fraction
confirmed that the kaolin fraction was primarily halloysite. The gravimetric values for the <2 mm
fraction are integrated by horizon over the top meter of soil and plotted as a function of TWM
rainfall.
Results and Discussion. Soil genesis and classification. Mapping of soils forming on a'a flows of
different ages on Hawaii suggest that the soils along the transect developed by a combination of
cumulic and weathering processes similar to that described for the Cima volcanic field in
California (30, 15, 6). Initially the lava is composed of angular to subrounded rock fragments with
large voids between. The voids are partly filled with broken bits of lava. Over time, aerosolic dust,
primarily composed of tephra, filters into the a'a flow and fills the voids. In the early stages of soil
evolution, seeds germinate within the a'a clinkers. Once the voids have been filled, tephra
accumulates above the flow to produce horizons that are relatively rock-fragment free. In the more
arid areas, a prominent rock pavement covers the surface even when the upper horizons are
relatively rock free. This pavement probably develops as tephra accumulates and floats a layer of
rock fragments above them as described by McFadden et al. (16) for the Cima volcanic field. At
higher rainfall sites rock fragments are not on the surface and those within the profile are strongly
weathered and only their ghosts are recognizable.
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Soils that formed on sites with less than 100 cm TWM rainfall classify as Torrands and
Ustolls (Table 1). Those that formed in areas having between 100 and 150 cm TWM rainfall
classify as Ustands. Those that formed at locations having more than 150 cm TWM rainfall
classify as Udands. There is not a clear threshold TWM rainfall value for the appearance of andic
properties in the soils. Even at the lowest rainfall sites, andic properties have developed in situ, but
they are more strongly expressed when TWM rainfall is >100 cm.
Parent material mineralogy and geochemistry. The Hawi lavas form the alkalic cap over the
shield theolites and are classified as hawaiites and mugearites (28). Based on 1000 point counts for
each of 7 unweathered samples, the quantity of primary minerals in the Hawi lavas are as follows:
plagioclase, 59.9 ±3.1%; olivine 17.6 ±3.0%; magnetite, 23.4 ±1.2%; apatite, 0.2 ±0.1%; glass, 1.3
±1.3%. The Hawi tephra that has infiltrated into the lava has similar composition, but the quantity
of glass increases relative to the minerals. Based on analysis of 9 samples of Hawi lava and 3
unweathered glassey Hawi cinders, the concentration of oxides relevant to this paper are as
follows: Si0 2 , 49.53 ±2.16%; A1203, 17.00 ±0,53%; CaO, 5.72 ±0.72%; MgO, 3.62 ±0.84%;
Na20, 5.21 ±0.60%; K 2 0, 1.77 ±0.20%; Zr, 391 ±62 ppm. These values agree well with earlier
analyses published by Spengler and Garcia (28).
Leaching of elements during pedogenesis. Desilication and loss of base cations as a result
of weathering and subsequent leaching is one of the primary processes controlling mineral
neoformation on the Hawaiian Islands, but careful quantification of elemental losses from soil as a
function of rainfall is lacking. Silicon, aluminum, and base cation mass loss/gain values are
presented in Fig. 4. There was about 180 kg nr 3 Si (23% by wt.) in the parent material (based on
an assumed initial bulk density of 0.8 g cm-3 for the a'a flows). Under low rainfall conditions about
15% of the Si in the parent material was leached from the top lm, but under high rainfall
conditions more than 85% has been lost which translates to long term rates of about 0.2 g nr 3 y r 1
for low rainfall soils and 1 g m*3 y r 1 for the highest rainfall soil. In contrast, there is about 35 kg
n r 3 Al in the parent material and in most cases <5 kg n r 3 has been lost or gained in the profile.
One site has gained > 12 kg nr 3 and a second has lost a similar amount. During soil evolution,
both silicon and aluminum are added by accretion of eolian quartz and mica (7, 11, 21). Since
neither mineral is present in the parent material, we can quantify the amount of quartz and mica
added to each profile (Hendricks and Chadwick, unpub. data). Preliminary calculations suggest
that when we subtract the Si and Al contained in quartz and mica, Si losses will be even greater
and Al losses will be revealed especially at the high rainfall end of the transect because these soils
have pH values that range from 4 to 5. Amounts of base cations in the parent material are as
follows: Ca, 33 kg nr 3 ; Mg, 17 kg nr 3 ; Na, 10 kg nr 3 ; K, 8 kg nr 3 . At the low rainfall end of the
transect 15 to 30% of the cations have been leached from the top meter of the soils, whereas at the
high rainfall end 90 to 95% of the cations have been leached (Fig. 4). Approximate long term rates
of base cation leaching from the low rainfall soils are as follows: Ca, 0.06 g n r 3 yr 1 ; Mg, 0.02 g
nr 3 yr 1 ; Na, 0.02 g nr 3 yr 1 ; K, 0.01 g nr 3 yr 1 . Long term rates of leaching at the high rainfall
sites are as follows: Ca, 0.2 g nr 3 yr 1 ; Mg, 0.09 g nr 3 yr 1 ; Na, 0.06 g nr3 yr 1 ; K, 0.04 g nr 3 y r
l. The best fit relationships between TWM rainfall and element losses have r 2 values of 0.87 or
better for all except Al which shows no trend with increasing rainfall.
Minerals formed during pedogenesis. At all sites the a'a clinkers are weathered, but up to
about TWM rainfall of about 100 cm the rock fragments remain intact. Under greater rainfall the
rock fragments either decompose completely or remain as soft ghosts only. The fine-earth fraction
(<2 mm) of all soils along the climate transect is composed mainly of pedogenic compounds (70 to
90%) that consist of non-crystalline, crystalline sesquioxides, poorly crystalline aluminosilicates,
and kaolin (halloysite) components. The non-crystalline component is probably composed of
allophane, imogolite, ferrihydrite and hydroxy gels (26). The poorly crystalline aluminosilicate
component has Si/Al ratio of about 2 and appears to be composed of poorly crystallized halloysite
and possibly some gibbsite. The crystalline sesquioxide component is composed of hematite with
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Figure 4. Elemental gain/loss due to weathering and leaching. Data are summed to 1 m depth and plotted
against time-weighted median rainfall (TWM).

minor amounts of goethite (based on x-ray diffraction). Halloysite is the dominant kaolin
component throughout the transect, small amounts of kaolinite are present in the surface horizons
of only the highest rainfall sites. After removal of the pedogenic components, the residue is
composed primarily of quartz, mica, and plagioclase with small amounts of K-feldspar. Point
counts on the coarse-silt and very-fine-sand fractions of the soils identify mostly aggregates
composed of clay minerals, gels, and sesquioxides with small amounts (<3 %) plagioclase, Kfeldspar, pyroxene, quartz, mica, plant opals, and glass.
The proportion of the non-crystalline component increases and the poorly crystalline
aluminosilicates, crystalline sesquioxides, and halloysite components decrease with increasing
precipitation (Fig. 5). Aside from these soil components, small amounts of three other minerals are
identified using x-ray diffraction: gibbsite and carbonate at low rainfall sites and smectite at the
high rainfall sites. The best fit relationships between TWM rainfall and the extracted components
have r 2 values as follows: non-crystalline, 0.65; poorly crystalline aluminosilicate, 0.84; crystalline
sesquioxide, 0.39; and kaolin, 0.77. There is more scatter in these data when compared with the
leaching data (Fig. 4) for at least three reasons: 1) formation of pedogenic compounds requires
more chemical reactions than weathering and leaching and each reaction is governed by competing
pathways, 2) the sequential extraction procedures used to fractionate the soil are each subject to
errors that may cancel or compound during the analytical process, and 3) the soil at 510 TWM
rainfall seems anomalous - we are currently investigating more soils from this rainfall zone.
Conclusions. Long term rates of desilication increase by nearly an order of magnitude as timeweighted-median rainfall increases from 20 to 350 cm. Long term rates of base cation leaching
increase by about a factor of about 4 over the same rainfall gradient. Even at the low rainfall sites
leaching intensity has been great enough to preclude formation of smectite. Halloysite and gibbsite
formation is favored in the drier environments and aluminum-rich non-crystalline clays form in
wetter environments. Lack of smectite at low rainfall sites combined with the superpostioning of
carbonate suggests that our climate model may not be adequate to explain the mineral distribution
patterns. It is possible that the low rainfall sites have received much greater paleorainfall than
shown by the range bars in the model. This could occur if there were greater cyclonic storm
activity in the past, because they move onto Kohala from the southwest. Thus, the transect would
be on the windward side relative to these storms. It is possible that full glacial sea-surface
temperature conditions would have fostered greater numbers of these cyclonic storms (14).
The results presented here are part of an ongoing study. Some of these same data will be
presented later when we can interpret them in the context of a complete pedogenic model for the
island of Hawaii.
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Weathering Environments and the Formation of
Noncrystalline Materials in Volcanic Ash Soils
R. A. Dahlgren. Department of Land, Air and Water Resources, University of
California, Davis, CA 95616 U.SA.
ABSTRACT. Soils derived from volcanic materials typically have a colloidal fraction dominated
by noncrystalline and poorly crystalline materials. Preferential formation of noncrystalline
materials results in part from the rapid weathering of volcanic glass, which shows the least
resistance to chemical weathering. Rapid weathering releases elements faster than crystalline
minerals can form. As a result, soil solutions become over-saturated with respect to several
poorly ordered solid-phase materials whose rapid precipitation kinetics favor formation of these
metastable phases. Soils derived from volcanic ash typically have a mineralogie assemblage
dominated by one of several noncrystalline or poorly crystalline components: (i) Al-humus
complexes often together with opaline silica and/or hydroxy-Al interlayered 2:1 layer silicates,
(ii) allophane and imogolite, or (iii) halloysite. This manuscript presents a conceptual model to
examine formation of noncrystalline components in soils derived from volcanic ash. The critical
role of the weathering environment in regulating Al and Si activities provides the foundation for
this model. Examples of selected weathering environments and their relationship to the formation
of noncrystalline materials are provided for the soil forming processes of andosolization and
podzolization.
INTRODUCTION
A distinctive feature of soils derived from volcanic materials is the occurrence of a unique claysize mineral assemblage dominated by noncrystalline or poorly crystalline components (1,2). The
most common inorganic components include allophane, imogolite, halloysite, opaline silica, and
ferrihydrite. In addition, aluminum-humus complexes may comprise the dominant form of active
aluminum in the humus horizons of some volcanic ash soils (3). While the occurrence of these
components is not restricted to volcanic ash soils, their dominance in these soils indicates that
there is a direct linkage to the nature of volcanic ash as a parent material. The mineralogie
composition of the colloidal fraction of soils derived from volcanic materials varies widely
depending on (i) chemical, mineralogical, and physical properties of the parent material, (ii) postdepositional weathering environment, and (iii) the stage of soil formation (4). The objective of
this paper is to provide a conceptual model summarizing the current knowledge concerning the
formation and transformation of noncrystalline materials in soils derived from volcanic ejecta.
The critical role of the weathering environment in regulating Al and Si activities provides the
foundation for this model.
MATERIALS AND METHODS
This study integrates data from several previous mineralogical studies examining the formation
and transformation of noncrystalline materials in soils derived from volcanic ash. Following a
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synthesis of the existing literature, examples of selected weathering environments and their
relationship to the formation of noncrystalline materials are provided for the soil forming
processes of andosolization and podzolization. These examples combine soil solution chemistry
with solid-phase chemical and mineralogical data of a Spodosol from the cryic/udic climatic
regime in the Cascade Range of Washington, USA and an Andisol from the mesic/udic climatic
regime in northeastern Japan. The soil solution composition provides a powerful tool for
characterizing the weathering environment including the major proton donors, solute activities,
and translocation of solutes between horizons. Chemical equilibrium modeling is used to
examine the formation and stability of imogolite in these weathering environments.
THEORY
Volcanic Ash as a Parent Material
Volcanic ash is dominated by glass which shows the least resistance to chemical weathering (5).
The chemical composition of the glass is determined by the composition of the magma because
the cooling occurs so fast that there is little fractionation of elements during the solidification
process. Volcanic glass is typically divided into colored and noncolored categories based on
refractive indices of >1.52 and <1.52, respectively (6). Differences in the chemical composition
of glass result in colored glass being more susceptible to weathering than noncolored glass.
Colored glass has a greater concentration of cations, such as Al, Fe, Ca, and Mg, which substitute
for silicon in the glass structure. Cation substitution weakens the bonding characteristics of the
feass because there are fewer silica-silica linkages. Laboratory dissolution studies showed that
elemeniii please rates were approximately 1.5 times greater for colored glass (basaltic andesite
composition; ilan for noncolored glass (rhyolite composition) (5).
The fine particle-size, glassy narurl of the particles, and high porosity and permeability of
volcanic ash enhance rates of chemici' *i?ea'Öf?ri?£; Preferential formation of noncrystalline
materials results in part from this rapid weathering of vi'i'iwic^gjass. Rapid weathering releases
elements faster than crystalline minerals can form resulting in sol solutions becoming oversaturated with respect to several noncrystalline solid-phases. The presume! rapid precipitation
kinetics of noncrystalline components favors formation of these metastabli phases. A second
factor contributing to the relative absence of crystalline minerals is that vclcanic ash typically
contains few precursor minerals (e.g. chlorite, mica) that can weather directly to crystalline layer
silicates. The lack of layer silicate clays may further impede formation oci crystalline clay
minerals because the template that can serve to catalyze precipitation of crystalline laylr silicates
from solution is absent. Therefore, formation of noncrystalline materials can be directly 'inked
to the unique properties of volcanic ash as a parent material (1).
Formation of Noncrystalline Components
The particular noncrystalline components which form are dependent on the type and intensity of
the weathering environment that regulates Al and Si activities. Three colloidal assemblages tend
to dominate in soils derived from volcanic ejecta: (i) Al-humus complexes often together with
opaline silica and/or hydroxy-Al interlayered 2:1 layer silicates, (ii) allophane and imogolite, or
(iii) halloysite (1,7).
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Aluminum-humus complexes. Aluminum-humus complexes are the dominant form of active
Al in humus horizons of Andisols and Bhs horizons of Spodosols. Formation of Al-humus
complexes occurs preferentially in soil horizons where the dominant proton donor is organic acids
and soil pH(H20) values are less than 5.0 (3,8,9). Under these conditions, humus and soluble
organic acids effectively compete for soluble Al leaving little or no Al available for
coprecipitation with silica to form aluminosilicate minerals. This is an example of an "antiallophanic effect" that inhibits formation of allophane and imogolite (1). The presence of humic
substances does not preclude the formation of allophane and imogolite since humic substances
have a finite capacity to complex metals based on their functional group content. Theoretical
calculations based on the functional group content of humic substances and various studies using
sodium pyrophosphate to co-extract metals and humic substances propose that the maximum
metal complexing capacity of humic substances occurs within the metal/C atomic ratio range of
0.1 to 0.2 (10-12). Once the metal complexing capacity of these humic substances is saturated,
any additional Al released by weathering would be available to combine with Si for synthesis of
aluminosilicate minerals. In addition, the formation of Al-humus complexes renders the humus
highly resistant to microbial attack (13). This process of organic matter stabilization plays a
major role in the formation of melanic epipedons and fulvic great groups in Andisols. As a result
of the long mean residence times of organic matter in Al-humus complexes, the Al does not
become readily available for reincorporation into inorganic minerals.
Opaline silica. Opaline silica is commonly found to coexist with Al-humus complexes in
organic-rich A horizons of young soils forming on volcanic ash. Formation of opaline silica i*
favored by rapid weathering of glass-rich parent material, a pronounced seasonal pnaiU»' of
desiccation or freezing to concentrate solutes, and low aqueous Al activities (14.^. Formation
of Al-humus complexes effectively ties up Al released by weathgri^^esüTting in low aqueous
Al activities that prevent formation of aluminosilicate minff^fe in spite of the high Si activities.
Since Al is unavailable for reaction with g[\*ilië~iètf&éo\is Si concentrations become highly
concentrated if seasonal desiccation ,qr feezing occurs in the upper part of the soil profile. The
degree of concentration n§jessary for precipitation of opaline silica is not precisely known
because there are noreported solubility products for opaline silica formed in volcanic soils. The
solubility of amorpious silica is approximately 10"295 M (16), while studies of biogenic and
pedogenic opal in virious soil environments show a wide range of solubility from 10^" to 10"3 05
M (17). The maxinum content of opaline silica occurs in Si-rich soil profiles <500 years old
(14). As weathering proceeds and easily weatherable minerals are consumed, the soil profile
becomes relatively Si-depleted resulting in few opaline silica particles being observed in soils
greats than 4000-7000 years old. Therefore, the presence of opaline silica is indicative of young
soilj with a silica-rich pedogenic environment in which aqueous Al activities are suppressed by
formation of Al-humus complexes.
Allophane and imogolite. Aluminum-rich allophane (Al/Si atomic ratio of 2) and imogolite
frequently coexist in volcanic ash soils and their concentrations show an inverse relationship with
Al-humus complexes due to the opposing conditions favoring their formation (3,7,18). Formation
of allophane and imogolite is favored by weathering environments characterized by low
concentrations of complexing organic compounds, pH(H20) values between 5 and 7, base-rich
volcanic ash, and the absence of 2:1 layer silicates or nearly complete filling of the interlayer
position with hydroxy-Al polymers (19).
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Soil solution studies of several Andisols and Spodosols indicate that allophane and imogolite
form in situ, rather than by translocation, in soil horizons where weathering reactions are
dominated by carbonic acid (19-23). Carbonic acid, originating primarily from carbon dioxide
released from microbial and root respiration, creates a weathering environment with pH values
between 5-7. Since the HC0 3 anion does not form a mobile complex with Al and Al is sparingly
soluble within this pH range, the Al released by weathering undergoes hydrolysis and
polymerizes to form polymeric Al compounds. These polymeric Al residues may concomitantly
combine with soluble Si to form allophane and/or imogolite.
At pH values less than 5, organic acids become the dominant proton donor creating pedogenic
conditions unfavorable for formation of allophane and imogolite. The lower pH values imposed
by organic acid proton donors limit the hydrolysis and polymerization of aqueous Al, a necessary
precursor in the synthesis reaction. In addition to depressing the pH, organic acids form
complexes with Al which lower aqueous Al activities. Low molecular weight organic acids and
soluble humic substance have also been shown to perturb the interaction of hydroxy-Al ions with
orthosilicic acid which further hinders formation of allophane and imogolite (24).
The availability of Al appears to be a critical factor regulating synthesis of allophane and
imogolite in volcanic ash soils (1). The abundance of humus and/or 2:1 layer silicates hinders
formation of allophane and imogolite through competition for Al and are thus termed the "antiallophanic effect". The formation of Al-humus complexes is favored in pedogenic environments
rich in organic matter and having pH values less than 5 (3,8,9). As long as sufficient bases (e.g.
Ca, Mg) are available to neutralize the functional groups of the organic acids, the pH remains
greater than 5 and formation of Al-humic complexes is suppressed (7). The primary factors
regulating the supply of bases include the chemical composition of the parent material, the
leaching intensity, and biocycling of nutrients by vegetation. The presence of humic substances
does not completely preclude the formation of allophane and imogolite. Parfitt and Saigusa (9)
showed that allophane and imogolite were present in soil horizons where the ratio of (AL, +
Fep)/C,, (where p=pyrophosphate extractable) was greater than 0.1, but were not present in
horizons with ratios less than 0.1. They inferred that the value of 0.1 represented the ratio at
which humic substances were saturated with metals. Therefore, Al present in excess of this ratio
would be available for synthesis of allophane and imogolite.
In addition to humic substances, the interlayer position of 2:1 layer silicates may also act as a
sink for Al released by weathering (1). Formation of hydroxy-Al polymers in the interlayer
position of 2:1 minerals is favored by soil pH values in the range 5-6 (25) which coincides with
the pH range most favorable for formation of allophane and imogolite. Nonallophanic Andisols
typically have a considerable amount of 2:1 layer silicate minerals displaying a wide range in the
degree of hydroxy-Al interlayer filling. Preferential incorporation of Al into hydroxy-Al
polymers along with formation of Al-humus complexes are primarily responsible for the absence
of allophane and imogolite in these soils. Once the interlayer position of 2:1 layer silicates is
filled with hydroxy-Al polymers, they no longer act as a sink for soluble Al. Therefore, any
additional Al released by weathering may polymerize and react with Si to form aluminosilicate
materials (23).
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Halloysite. The importance of silica activity has been documented as a major factor responsible
for differential formation of allophane and imogolite versus halloysite (26). Halloysite formation
is favored in areas having a pronounced dry season or a silica-rich environment. Halloysite is
found as the dominant mineral in volcanic ash soils where precipitation is generally less than
1500 mm (4,7,27). Also associated with the lower amounts of precipitation is a pronounced dry
season. These conditions increase silica activities in the soil solution and enhance crystallization
and Si-O-Al cross-linkages in random aluminosilicate gels during the period of dehydration (28).
Soil solution studies indicate that H4Si04 concentrations greater than approximately 250 uM result
in the preferential formation of halloysite versus allophane and imogolite (26,29). In contrast,
allophane and imogolite were shown to form in humid, more intensively leached environments
having lower silica activities (<250 uAf H|Si04). Halloysite has also been shown to form in
silica-rich environments created by burial beneath thick deposits of volcanic ash or in poorly
drained soil profiles with limited leaching (4,30,31). Therefore, a silica-rich environment appears
to be a prerequisite for the preferential formation of halloysite.
Ferrihydrite. Ferrihydrite is often the dominant form of secondary iron in young volcanic ash
soils (32). In contrast to Al, Fe has a greater stability in oxyhydroxides as compared to Fehumus complexes resulting in low concentrations of Fe-humus complexes (33). Formation of
ferrihydrite is favored by the rapid release of Fe from primary minerals and by high
concentrations of adsorbed organics and silicate which hinder the crystallization process. The
rapid weathering rates of glass lead to the release of large amounts of Fe to the soil solution.
This in turn leads to over-saturation of the soil solution to the point where metastable phases like
ferrihydrite can form. Ferrihydrite has a solubility product of approximately 10"38 compared to
10"42 for goethite (34). The preferential formation of ferrihydrite appears to result from favorable
precipitation kinetics associated with its noncrystalline structure as compared to the more
crystalline phases such as goethite and hematite.
Laboratory experiments have shown that crystal nucleation and growth of Fe oxyhydroxides are
severely inhibited by low concentrations of organics, silicate, and phosphate (34). These
components have a strong affinity for sorption to the oxyhydroxide surface leading to blockage
of the actively growing crystal structure. The high silica concentrations common in young
volcanic ash soils may thus be an important factor contributing to the preferential formation of
ferrihydrite in these soils.
EXAMPLES OF WEATHERING ENVIRONMENTS IN SPODOSOLS AND ANDISOLS
The process of podzolization is traditionally thought to involve the mobilization and transport of
Al and Fe from upper to lower mineral soil horizons by organic acids (35,36). Identification of
imogolite in the Bs horizons of Spodosols has resulted in a challenge to this traditional theory
(37,38). The controversy involves whether the imogolite found in the Bs horizons is formed in
situ in these horizons or whether it is transported as soluble Al-silicate sols from overlying E and
Bhs horizons.
Examination of the Spodosol soil profile from the Cascade Range of Washington state indicates
soil pH values <5 in the E and Bhs horizons, pH values £5 in the lower B horizons, high
concentrations of Al-humus complexes in the Bhs horizon, and the occurrence of imogolite only
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within the lower B horizons (Fig. 1) (22,23). The contrasting pH and noncrystalline material
assemblages that occur within the Spodosol soil profile result from two distinct chemical
weathering compartments (39). The upper compartment (O, E, and Bhs horizons) is dominated
by organic acids consisting primarily of fulvic acid. The pH is depressed (pH<4.5) by the
dissociation of organic acids which restricts the dissociation of carbonic acid (pK,=6.3) (Fig. 1).
The low pH coupled with the metal complexing properties of fulvic acid create an intense
weathering environment characterized by congruent mineral dissolution. Aluminum released by
weathering is rendered largely unavailable for mineral synthesis due to its complexation by
organic acids (Fig. 2). The mobile Al-organo complexes are transported through the profile until
they become immobilized at the Bhs/Bs horizon boundary by adsorption/precipitation reactions
(Fig. 2). Removal of the organic acid acidity at the Bhs/Bs boundary results in an increase in
the pH of the solution entering the lower chemical weathering compartment
In the lower compartment, consisting of Bs, BC and C horizons, carbonic acid becomes the
dominant proton donor. The carbonic acid weathering regime is conducive to formation of
allophane and imogolite since it is characterized by non-Al-complexing inorganic proton donors,
low concentrations of complexing organics, pH values greater than 5 which favor Al hydrolysis
and polymerization, and H4Si04 activities adequate to support allophane and imogolite stability
(19). Soil solution concentrations of inorganic forms of Al and organically complexed forms of
Al were approximately equal throughout the lower weathering compartment (Fig. 2). Saturation
indices for imogolite calculated from aqueous activities of H+, Al**, and H4Si04 showed the
following ranges: E horizon, -5.5 to -9.2; Bhs, -2.6 to -3.4; Bs -0.3 to 0.3; and C horizon, 0
to 0.3 (23). These values indicate that soil solutions in the E and Bhs horizons are highly
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undersaturated with respect to imogolite solubility, while the soil solutions from the Bs and C
horizons are approximately in equilibrium with imogolite. Thus, we conclude that for this
Spodosol, imogolite does not form in the organic acid weathering environment, but rather is
formed in situ in the lower weathering environment dominated by the carbonic acid proton donor.
The Andisol depicted in this example (Tohoku University Farm Andisol, Shoji et al. (1), p. 24)
contains a melanic epipedon with A horizons extending to 57 cm and Bw horizons between 57
and 160 cm. The A horizons have pH values <5, high concentrations of Al-humus complexes,
and little or no allophane and imogolite (Fig. 1). In contrast, the Bw horizons have pH values
>5, low concentrations of Al-humus complexes and allophane and imogolite concentrations
ranging between 50-60 g/kg. The high organic carbon concentrations (13-18%) result in a large
sink for Al released by weathering as indicated by the high Al-humus complex content. These
high organic matter concentrations are due to the vegetation influence of Miscanthus sinensis
which annually incorporates a large amount of roots into the organic matter pool (40). In
addition, appreciable concentrations of 2:1 layer silicate minerals are found throughout the profile
containing various degrees of hydroxy-Al interlayering (40). Because of incorporation of Al into
Al-humus complexes and hydroxy-Al interlayers of 2:1 layer silicate minerals in the A horizon,
virtually no soluble Al is transported from A to B horizons and very little allophane and
imogolite are formed in the A horizons (Fig. 1 and 2). In contrast, low organic matter
concentrations and extensive interlayering of 2:1 layer silicates in the Bw horizons reduce the
"anti-allophanic effect" from these components. As a result, the Al released by weathering is
available to combine with Si to form allophane and imogolite in the Bw horizons. Thus,
formation of allophane and imogolite by the andosolization process, similar to the process of
podzolization, results from in situ weathering in the carbonic acid weathering environment of the
Bw horizons rather than by translocation from overlying horizons.
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CONCLUSIONS
The abundance of noncrystalline materials in soils derived from volcanic ash is directly linked
to the nature of volcanic ash as a parent material. Rapid weathering of the glassy materials
results in release of elements faster than crystalline minerals can form resulting in over-saturation
of soil solutions with respect to several noncrystalline, metastable phases. The particular
noncrystalline components which form are dependent on the type and intensity of the weathering
environment through its influence on Al and Si activities. Opaline silica forms in silica-rich
environments in which aqueous Al activities are lowered by complexation with humic substances.
Allophane and imogolite are preferentially formed in weathering environments with pH values
5-7, H4Si04 concentrations less than approximately 250uM and where Al availability in not
limited. Allophane and imogolite formation is hindered by high concentrations of humic
substances and 2:1 layer silicates with only partial hydroxy-Al interlayer filling. These materials
result in the "anti-allophanic effect" because they are sinks for Al through formation of Al-humus
complexes and hydroxy-Al polymeric materials, thus limiting the availability of Al for synthesis
of allophane and imogolite. Halloysite is favored by Si-rich environments which may result from
a low leaching intensity, burial by volcanic ash, or poorly drained conditions. Seasonal
desiccation may further contribute to the formation of halloysite by enhancing crystallization and
Si-O-Al cross-linkages in random aluminosilicate gels during the period of dehydration.
Ferrihydrite forms preferentially in many volcanic ash soils due in part to the rapid weathering
rates and over-saturation of soil solutions and by high concentrations of organics and silicates that
hinder the crystallization process. As weathering proceeds under well-drained conditions, the soil
profile transforms from a Si-rich to Si-depleted environment as weathering reactions consume the
glassy, easily weathered components and Si is leached from the profile. As a result, metastable
materials that depend on a Si-rich environment for their formation dissolve or transform to more
stable mineral phases as weathering progresses.
LITERATURE CITED
(1) Shoji, S., Nanzyo, M. and Dahlgren, R.A. 1993. Volcanic Ash Soils - Genesis, Properties and
Utilization. Elsevier, Amsterdam, 288p.
(2) Wada, K. 1980. Mineralogical characteristics of Andisols. In : B.K.G. Theng (Editor), Soils
with Variable Charge, New Zealand Society of Soil Science, Lower Hutt, pp. 87-107.
(3) Shoji, S. and Fujiwara, Y. 1984. Active Al and Fe in the humus horizons of Andosols from
northeastern Japan: Their forms, properties, and significance in clay weathering. Soil Sci.
137:216-226.
(4) Lowe, D.J. 1986. Controls on the rates of weathering and clay mineral genesis in airfall
tephra: A review and New Zealand case study. In: S.M. Colman and D.P. Dethier
(Editors), Rates of Chemical Weathering of Rocks and Minerals. Academic Press,
Orlando, pp. 265-330.
(5) Shoji, S., Nanzyo, M., Shirato, Y. and Ito, T. 1993. Chemical kinetics of weathering in young
Andisols from northeastern Japan using 10°C-normalized soil age. Soil Sci. 155:53-60.
(6) Kobayashi, S., Shoji, S., Yamada, I. and Masui, J. 1976. Chemical and mineralogical studies
on volcanic ashes, III. Some mineralogical and chemical properties of volcanic glasses
with special reference to the rock types of volcanic ashes. Soil Sci. Plant Nutr. 22:7-13.

113

7) Mizota, C. and van Reeuwijk, L.P. 1989. Clay mineralogy and chemistry of soils formed in
volcanic material in diverse climatic regions. Soil Monogr. 2, ISRIC, Wageningen, The
Netherlands, 186 p.
[8) Shoji, S., Ito, T., Saigusa, M. and Yamada, I. 1985. Properties of nonallophanic Andosols
from Japan. Soil Sci. 140:264-277.
[9) Parfitt, R.L. and Saigusa, M. 1985. Allophane and humus-aluminum in Spodosols and
Andepts formed from the same volcanic ash beds in New Zealand. Soil Sci. 139:149-155.
;i0) Higashi, T., DeConinck, F., and Gelaude, F. 1981. Characterization of some spodic horizons
of the Campine (Belgium) with dithionite-citrate, pyrophosphate and sodium hydroxidetetraborate. Geoderma. 25:285-292.
[11) Higashi, T. 1983. Characterization of Al/Fe-humus complexes in Dystrandepts through
comparison with synthetic forms. Geoderma. 31:277-288.
[12) Mokma, D.L. and Buurman, P. 1982. Podzols and podzolization in temperate regions. ISM
Monogr. 1. International Soil Museum, Wageningen, The Netherlands, 131 p.
[13) Tate, K.R. and Theng, B.K.G. 1980. Organic matter and its interactions with inorganic soil
constituents. In: B.K.G. Theng (Editor), Soils with Variable Charge, New Zealand Society
of Soil Science, Lower Hutt, pp. 225-249.
[14) Shoji, S. and Masui, J. 1971. Opaline silica of recent volcanic ash soils in Japan. J. Soil
Sci. 22:101-112.
[15) Ping, C.L., Shoji, S. and Ito, T. 1988. Properties and classification of three volcanic ashderived pedons from Aleutian Islands and Alaska Peninsula, Alaska. Soil Sci. Soc. Am.
J. 52:455-462.
[16) Robie, R.A., Hemingway, B.S. and Fisher, J.R. 1978. Thermodynamic properties of minerals
and related substances at 298.15 K and 1 bar (103 Pascals) pressure and at higher
temperatures. U.S. Geol. Surv. Bull. 1452, 456 p.
;i7) Drees, L.R., Wilding, L.P., Smeck, N.E. and Senkayi, A.L. 1989. Silica in soils: Quartz and
disordered silica polymorphs. In: J.B. Dixon and S.B. Weed (Editors), Minerals in Soil
Environments, 2nd ed. Soil Science Society of America, Madison, WI, pp. 913-974.
[18) Parfitt, R.L. and Kimble, J.M. 1989. Conditions for formation of allophane in soils. Soil
Sci. Soc. Am. J. 53:971-977.
[19) Ugolini, F.C. and Dahlgren, R.A. 1991. Weathering environments and occurrence of
imogolite/allophane in selected Andisols and Spodosols. Soil Sci. Soc. Am. J. 55:11661171.
[20) Ugolini, F.C, Dahlgren, R.A., Shoji, S. and Ito, T. 1988. An example of andosolization and
podzolization as revealed by soil solution studies, southern Hakkoda, northeastern Japan.
Soil Sci. 145:111-125.
;21) Dahlgren, R.A., Ugolini, F.C, Shoji, S., Ito, T. and Sletten, R.S. 1991. Soil-forming
processes in alic Melanudands under Japanese pampas grass and oak. Soil Sci. Soc. Am.
J. 55:1049-1056.
[22) Dahlgren, R.A. and Ugolini, F.C. 1989. Aluminum fractionation of soil solutions from
pristine and tephra treated Spodosols, Cascade Range, Washington. Soil Sci. Soc. Am.
J. 53:559-566.
[23) Dahlgren, R.A. and Ugolini, F.C. 1989. Formation and stability of imogolite in a tephritic
Spodosol, Cascade Range, Washington, U.S.A. Geochim. Cosmochim. Acta. 53:18971904.

114

(24) Inoue, K. and Huang, P.M. 1990. Perturbation of imogolite formation by humic substances.
Soil Sci. Soc. Am. J. 54:1490-1497.
(25) Rich, C.I. 1968. Hydroxy interlayers in expansible phyllosilicates. Clays Clay Miner. 16:1530.
(26) Parfitt, R.L. and Wilson, A.D. 1985. Estimation of allophane and halloysite in three
sequences of volcanic soils, New Zealand. Catena Suppl. 7:1-8.
(27) Parfitt, R.L., Russell, M. and Orbell, G.E. 1983. Weathering sequence of soils from volcanic
ash involving allophane and halloysite. Geoderma. 29:41-57.
(28) Fieldes, M. 1966. The nature of allophane in soils. Part 1. Significance of structural
randomness in pedogenesis. N.Z. J. Sci. 9:599-607.
(29) Singleton, P.L., McLeod, M. and Percival, H.J. 1989. Allophane and halloysite content and
soil solution silicon in soils from rhyolitic volcanic material, New Zealand. Aust. J. Soil
Res. 27:35-42.
(30) Aomine, S. and Wada, K. 1962. Differential weathering of volcanic ash and pumice,
resulting in formation of hydrated halloysite. Am. Miner. 47:1024-1048.
(31) Saigusa, M., Shoji, S. and Kato, T. 1978. Origin and nature of halloysite in Ando soils from
Towada tephra, Japan. Geoderma. 20:115-129.
(32) Childs, C.W., Matsue, N. and Yoshinaga, N. 1991. Ferrihydrite in volcanic ash soils of
Japan. Soil Sci. Plant Nutr. 37:299-311.
(33) Wada, K. and Higashi, T. 1976. The categories of aluminum- and iron-humus complexes
in Ando soils determined by selective dissolution. J. Soil Sci. 27:357-368.
(34) Schwertmann, U. 1985. The effect of pedogenic environments on iron oxide minerals. Adv.
Soil Sci. 1:171-200.
(35) DeConinck, F. 1980. Major mechanisms in formation of spodic horizons. Geoderma.
24:101-128.
(36) McKeague, J.A., DeConinck, F. and Franzmeier, D.P. 1983. Spodosols. In: L.P. Wilding,
N.E. Smeck and G.F. Hall (Editors), Pedogenesis and Soil Taxonomy II. The Soil Orders.
Elsevier, New York, pp. 217-252.
(37) Farmer, V.C., Russell, J.D. and Berrow, M.L. 1980. Imogolite and proto-imogolite allophane
in spodic horizons: Evidence for a mobile aluminum silicate complex in podzol formation.
J. Soil Sci. 31:673-684.
(38) Anderson, H.A., Berrow, M.L., Farmer, V.C., Hepburn, A., Russell, J.D. and Walker, A.D.
1982. A reassessment of podzol formation processes. J. Soil Sci. 33:125-136.
(39) Ugolini, F.C., Minden, R., Dawson, H. and Zachara, J. 1977. An example of soil processes
in the Abies amabilis zone of central Cascades, Washington. Soil Sci. 124:291-302.
(40) Shoji, S., Kurcbayashi, T. and Yamada, I. 1990. Growth and chemical composition of
Japanese pampas grass (Miscanthus sinensis) with special reference to the formation of
dark-colored Andisols in northeastern Japan. Soil Sci. Plant Nutr. 36:105-120.

115

QUANTITATIVE ASPECTS OF WEATHERING AND NEOFORMATION
VOLCANIC SOILS IN PERHUMID TROPICAL COSTA RICA.

IN

A. Nieuwenhuyse. Programa Zona Atldntica, Apartado 224, 7210 Guópiles, Costa Rica.
Abstract. Mass balance calculations provide insight in behaviour of elements in weathering and
neoformation processes. A calculation method using Ti as an immobile element was used to
establish gains and losses of major elements in 9 soil profiles developed on volcanic parent
material in the perhumid tropical Atlantic lowland of Costa Rica. Results indicate that during the
initial phase of weathering a Tropopsamment is diluted due to incorporation of organic matter
and formation of structure and biopores, but no significant elemental gains or losses occur. In
2 to 5 ka old Hapludands, primary minerals are still abundant and X-ray amorphous materials
make up the bulk of the secondary mineral fraction. Dilution continues and losses of Mg, Ca,
Na and K, and to a lesser degree Si, become measurable. In a < 18 ka old Melanudand primary
minerals, especially volcanic glass, become depleted. Short-range order materials and metalhumus complexes dominate in the upper horizon, while gibbsite and halloysite are most important
secondary minerals at greater depths. Dilation decreases with depth to the lower part of the B
horizon where near zero strain values are reached. Considerable amounts of mobile elements are
lost: 40 to 90% of Si, Mg, Ca, Na, and K have been leached from the soil profile. Older than
50 to 450 ka old Haploperox which are thought to have formed from Andisols are devoid of
primary minerals except opaques in the upper meters, and are dominated by gibbsite, kaolin
minerals and goethite. Due to ongoing leaching of elements collapse has occurred. Basic cations
virtually are depleted while Si losses may amount >80% in the topsoils. Under the prevailing
conditions of the study area, the use of Ti as an immobile element appears to permit
quantification of element behaviour.
Introduction. Mineral weathering and neoformation in volcanic materials depend mainly on the
soil forming factors parent material, climate, drainage conditions, and time (10). Although
weathering pathways are quite well known (27), rates of weathering have received less attention,
especially in humid tropical climates. Chemical weathering in these climates is generally thought
to be rapid due to high temperatures, year round biological activity and intense leaching
conditions. Mobile elements are normally lost and immobile elements are relatively (residually)
enriched under these circumstances. Mass balance calculations of soil weathering can provide
independent estimates of these element gains and losses.
Several methods have been used to quantify soil development in the field. Probably the oldest
method is based on optically determined contents of a soil component which is not affected by
weathering, often zircon (8). Using zircon contents in soil and parent material the original
thickness of the soil material may be estimated. Main disadvantages of this method are that it is
laborious, and that in many soils stable minerals like zircon may not be present in optical
detectable grain sizes.
Outside the range of activity of roots and burrowing soil fauna, isovolumetric methods may be
used to estimate rates of mineral weathering (16; 26). However, isovolumetric calculations
cannot be applied to open soil systems in which continuous volume changes take place.
Element concentrations of natural waters (5) may provide insight in the average weathering rates
of rocks in watersheds, but do not give information on processes in individual weathering
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profiles.
A rapid calculation method for open, complex soil systems, which uses elemental concentrations
and bulk densities of each soil horizon as input data, has recently been published by Brimhall and
co-workers (3; 4). In this paper I use their method to calculate mass balances for soils in the
humid tropical Atlantic lowland of Costa Rica, and relate the results to soil mineralogy and
morphology.
Such calculations may provide valuable data to soil conservationists and agronomist on e.g.
acceptable annual soil loss (30) or the minimum amount of nutrients which is liberated by
weathering (24).
Mass Balance Calculations. A set of equations to estimate open-system mass transport (3; 4)
permits to calculate chemical gains and losses of element j (T,.W) for a soil material sample
compared to the parent material. Volumetric changes determine strain e^w, i.e., the ratio of
volume change in a process to the initial volume ((V.-Vp)/Vp). Positive strains are dilations of
the soil mass and negative strains represent collapse. For an immobile element i which is neither
lost or enriched from the soil profile, strain may be calculated as follows:
<*,.= (PpQ.p/p.Q.) - 1

(equation 1)

in which:
p =
C =

dry bulk density in g cm' for soil sample (p.) and parent material (pp)
chemical concentration in weight % of element i in the soil sample (Q„) and parent
material (Qp)

7j,w may be calculated as follows:
TJ.» = (p.Cj.w/ppQ.pXe,,. + 1) - 1

(equation 2)

If TjpW is calculated for each horizon, the net mass flux of each analyzed element can be calculated
for the entire studied soil with depth Z:
" W (g cm2) = pp(Cjp/100) J
Z=0

TjMt)dZ

(equation 3)

Two conditions should be met for correct application of the equations (6):
1:
2:

the soil should have been formed in a homogeneous parent material of the same age, and
the soil material needs to contain an immobile element.

In order to calculate rates of soil formation and mineral weathering, also:
3:

the age of the studied soil profile should be known.
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These three conditions are not easily met. In many parent materials, particularly in fluvial or
pyroclastic deposits, stratification of chemically and structurally heterogeneous materials is
common. Furthermore, surficial additions of material of a similar composition may occur after
soil formation has started, e.g. volcanic ash deposition or sedimentation of thin alluvial deposits.
Often they cannot be recognized in the soil profile shortly after their deposition, but lead to
errors in the estimation of rates of element gains and losses.
Generally Ti and Zr containing minerals are thought to be stable in soil environments (17).
However, the use of Ti as an immobile element may not always be correct. For example, an
Oxisol in South West Wales, Australia, was found to have lost considerable Ti by leaching (18),
presumably due to poor drainage conditions. The authors think that Ti may have been leached
under extremely acid and strongly reducing conditions, possibly in the form of organic Ticomplexes. Ti was also leached from a Paleustalf formed in granodiorite (13), while Ti losses
were reported from weathering rinds in alkali basalt pebbles in France (12).
Dating soils is difficult, and provide in many cases only approximations of the true age of a soil
profile. Although some successful '*C datings of soil organic matter are reported (15),
determining ages of soils usually is done relating position of the soil in the landscape to known
geological events, e.g. uplift rates of terraces, or by dating parent material or under- or overlying
deposits.
Soils of the Atlantic lowland of Costa Rica. The study area forms part of the Nicaragua
depression, a backarc basin which has been filled up with mainly fluviovolcanic sediments
derived from the volcanic Central Cordillera (29). In the footslopes of this cordillera <450 ka
old soils formed on alluvial fans, lava and mud flows are found. In the extensive lowlands fluvial
deposits occur which may be divided in < 5 ka old Holocene soils of variable texture, and > 50
ka old Pleistocene clayey soils on slightly elevated (about 10 m) terrace remains. The mainly
fluvial deposits on which these latter soils have been formed are thought to be deposited during
an interglacial sea-level high stand, possibly Sangamon. Along the Caribbean Sea a < 5 ka old
sandy beach ridge plain occurs. Throughout this area, 9 soils were selected for the present study
(Table 1).
Table 1: Selected characteristics of the studied soil profiles.
Profile

Age1

Landform', Parent material (14)

Classification (23)

AT3
AT4
AT5
AT7
YB
RPA
RF1.2
RCR

<0.5 (0.2)
2
2-A (2.5)
2-4 (3.5)
2
<18 (18)
>50 (125)
<450 (450)

sandy beach ridge, basaltic andesite
sandy beach ridge, andesite
sandy beach ridge, andesite
sandy beach ridge, basaltic andesite
fluvial sheet sand deposit, andesite
blocky lava, basaltic andesite
(sandy) fluvial plain deposits, andesite?
lava, (trachy)andesite

Typic Tropopsammment
Typic Hapludand
Acrudoxic Hapludand
Aquic Hapludand
Typic Hapludand
Pachic Melanudand
Typic Haploperox
Typic Haploperox

Data taken from previous studies (19; 20) and unpublished material (Nieuwenhuyse, 1993).
The most likely age is given between parentheses.
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Except for the RF soils which contain clayey layers in the subsoil, mineralogical composition of
the parent material of these soils is similar, and consist of plagioclase, pyroxene and opaque
minerals in a matrix in which variable amounts of volcanic glass are present.
Main annual air temperature is 25 to 26 °C, with differences between coolest (January) and
hottest (June) month of about 2°C. The mean annual rainfall of about 3500 to 5500 mm is well
distributed throughout the year and exceeds mean evapotranspiration in all months (Institute
Meteorológico Nacional de Costa Rica, 1992, unpublished data). All sites were deforested less
than 50 years ago or are still under forest. At the YB and RPA sites indian pottery was found.
Methods. In previous studies, soils were described in profile pits or fresh exposures in quarries
and road cuts (19; 20; unpublished data, 1993). Care was taken to select sites in flat positions
in the landscape from which migration of particles may be supposed to be minimal. Horizons
were described according the FAO guidelines (7). Bulk density of each horizon was determined
by measuring the oven-dry weight of 100 ml core samples taken in triplicate. Petrographical
composition of material > 20 /im was determined qualitatively by studying thin sections, using
standard optical techniques. X-ray diffraction (XRD) on <20 /*m fractions, and
thermogravimetric (TGA) techniques on whole soil samples were used to obtain further
information on the soils mineralogical composition.
For this study, chemical composition of the < 2 mm material was determined by X-ray
fluorescence (XRF). After ignition at 900°C, glass disks were obtained by melting aliquot of the
samples with Li2B407, and analyzed on a Philips XRF assembly. Major elements were presented
as mass fractions of oxide components and recalculated to a volatile-free basis.
Strain, mass fractions added to or subtracted from each horizon, and average loss or gain of
elements during pedogenesis were calculated using equations 1,2, and 3. Besides Ti and Zr, also
Cr and V were considered as immobile (28), and for some soil profiles used as index element.
Since no fresh parent material was exposed in the RF profiles, chemical composition and bulk
densities of the parent material were taken from literature on actual river sediments in the study
area (25). These sediments are thought to be acceptable approximations of the parent materials
of the RF soils. Calculations for these layered profiles were done taking into account chemical
differences in parent material of the different layers: when sedimentological structures evidenced
deposition as fine sediment, composition of a silty clay sediment was used, while for layers with
structures typical for higher stream velocities a medium sand composition was used.
A stony soil as the RPA soil is difficult to evaluate. Firstly, obtaining a meaningful value for
bulk density is difficult (6). Secondly, it is difficult to account for the fact that the soil matrix
is altered by chemical weathering while stone cores may be fresh. Based on observations in the
exposures, I assumed that 25 to 50% of this soil is composed of unaltered material. Results of
the calculations to estimate yearly gains and losses per hectare were carried out under these
assumptions. In order to improve reliability all samples of this soil were taken in triplicate.
It was tried to obtain an idea weather the estimations of losses during pedogenesis are similar to
leaching data from watersheds or not. Eight water samples were taken from the Tortuguero river,
one of the main rivers draining the study area, and analyzed on major elements.
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Results and Discussion.
<0.5 ka old Tropopsamment (AT3). Except for a thin A horizon in which organic matter has
accumulated, no profile differentiation has occurred yet in this soil (Table 2). Small amounts of
X-ray amorphous fine material have been formed, presumably from the sandy parent material
(19). In this young soil, one would not expect significant changes in elemental composition.
However, calculations indicate that most elements have been slightly enriched (Table 3), which
is unlikely given the prevailing weathering processes. Thus, assuming that no Ti has been lost,
it appears that the calculated values reflect parent material variability and that even in
homogeneous beach ridge sediments gains and losses of about 5 to 10% may be entirely due to
parent material variability. Positive strain values indicate that incorporation of organic matter and
formation of structure and biopores are important soil forming processes during the initial phase
of weathering.
2 to 5 ka old Hapludands (AT4r 5, and 7; YB). Clear ABC profiles have developed and more
clay and silt sized material and organic matter are present than in the AT3 soil. Dominant
secondary minerals are short-range order materials and Al- and Fe-humus complexes (Table 2).
Dissolution of primary minerals has led to leaching of Mg, Ca, Na, and K, and some Si (Table
3). In these young soils application of the used calculation method may be hampered by slight
variations in parent material composition. For example, T values indicate greater losses of cations
in AT4 than in the AT5 profile (Table 3). This may have been caused by small variations in
parent material, although it cannot be excluded that for whatever reason, the differences are real,
and the AT4 soil has lost more bases than AT5. In all 2 to 5 ka old, well drained soils strain
values are positive indicating dilation. Greatest dilation occurs near the soil surface (Fig. 1),
where maximum incorporation of organic matter, structure development, and formation of
biopores occurs. Organic matter has a lower bulk density and lower concentration of immobile
elements than mineral soil material, thus contributing to dilution.
In a separate study on mineralogy of 2 ka old poorly drained soils on andesitic sand
(Nieuwenhuyse, unpublished data, 1993), it was found that probably due to restricted leaching,
formation of hydrated halloysite dominates formation of secondary minerals. Similar results were
obtained in New Zealand (21). Due to stratification of the sandy parent material of these soils,
no meaningful mass balance could be established.
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Table 2: Organic matter content, texture and mineralogical composition of studied soils.
Profile

Horizon

Depth

Organic
Matter

(cm)
AT3
AT4

AT5
AT7
YB

RPA

RF1
RF2
RCR

1

2
3

A
CA
A
B
CB
A
B
C
A
B
C
A
B
C
A
Bl
B2
C
A
B
CB
A
B
CB
A
B
C

16
55
19
50
120
18
80
150
25
75
170
35
51
81
105
±150
±230
300
10
200
610
10
195
550
10
375+
500+?

64
10 .
104
29
4
120
25
3
148
33
8
77
21
8

85
10
0
90
10
0
116
9
0

Texture
<50/*rc i > 50 fim
- (g kg•') 130
40
310
200
30
430
190
20
500
300
120
487
366
175
na
na
na
na
950
920
480-990
900
910
50-810
850
840
na

870
960
690
800
970
570
810
980
500
700
880
513
634
825
na
na
na
na
503
805
520-10
1003
903
190-950
1503
1603
na

Most important minerals'
>20pm
<20/im
prim.ls
prim,ls
prim,Is
prim.ls
prim.ls
prim.ls
prim,Is
prim,ls
plag,pyr,ls
prim, Is
prim,Is
prim.ls
prim.ls
prim, Is
pyr.pla
pyr.pla
pyr.pla
prim
op.gi
op.gi
op,gi
op.gi
op,gi
prim,op,gi
op,gi
op,gi
prim,Is

sro,mh,ls
na3
sro,mh,ls
sro,ls
na
sro,mh,ls
sro.ls
na
mh,sro,gi,ls
sro,ls
na
sro,mh,ls
sro.gi
na
sro,mh,gi
gi,sro
hall,gi,sro
na
gi.kao.goe
gi,kao,goe
hall,gi,goe,cri
gi,kao,goe,ls
gi,kao,goe,ls
hall,sro,cri
gi.kao
gi.kao
na

cri=cristobalite; gi=gibbsite; goe=goethite; hall=halloysite; kao=kaolin minerals; ls=2:l
layer silicates; mh=metal-humus complexes; op=opaques; pla-plagioclase; prim=primary
minerals; pyr=pyroxene; sro=short range order material. Minerals are listed in order of
importance.
na=not analyzed.
mostly present as sand-sized gibbsite

< 18 ka old Melanwdand (RPA). With increasing soil age, soils become depleted of the most
easily weatherable minerals, especially volcanic glass. This is already indicated in the topsoil of
the AT7 soil, but is more clearly shown throughout the RPA soil. Volcanic glass is absent in the
< 2 mm material, but is still present in fresh cores of coarser fragments.
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Table 3: r values for studied soil horizons influenced by weathering and neoformation,
using Ti as immobile element.
Depth
(cm)
Profile AT3
mean2
Profile AT4
0-3
6-10
13-17
25-30
45-50
50-70
mean
Profile AT5
0-3
5-8
12-16
22-26
40-45
mean
Profile AT7
2-0
2-8
14-20
28-33
38-48
60-70
90-100
mean
Profile YB
0-16
16-35
35-51
mean
Profile RPA
0-5
10-20
60-70
110-120
200-210
250-260
mean

strain

Si

K
P
Mg
Ca
Na
Al
Fe'
- % of parent material lost (-) or
< gained (+) —

3

2

6

4

0

-1

-1

7

0.60
0.57
0.57
0.33
0.01
0.03

-5
-8
-8
-12
-7
-5
-8

-6
-6
-4
-4
-3
-2
-3

-4
-5
-5
-5
-8
-5
-6

-10
-16
-22
-19
-19
-14
-16

-19
-24
-29
-30
-23
-20
-24

-17
-19
-18
-21
-10
-10
-14

-6
-6
-4
-9
2
5
-1

-2
-9
4
1
-16
-19
-10

0.78
0.74
0.61
0.49
0.20

-1
-3
-3
-5
-3
-3

0
0
0
3
3
2

-1
-1
-1
-1
1
0

-22
-24
-26
-22
-8
-15

-32
-36
-37
-36
-15
-25

-17
-18
-17
-17
-6
-11

-13
-15
-12
-7
-3
-6

27
24
13
13
-8
3

3.00
1.89
1.92
1.38
0.74
0.68
0.21

-2
-21
-10
-17
-8
-11
-8
-11

-29
-27
10
-3
5
7
-1
0

5
4
11
4
11
7
6
7

-16
-26
-22
-14
-8
-21
-8
-14

-23
-37
-32
-29
-21
-29
-17
-25

-42
-51
-36
-36
-27
-24
-17
-27

-45
-50
-30
-29
-22
-23
-12
-23

-6
-42
-31
-52
-54
-53
-65
-53

0.21
0.22
0.25

-14
-15
-12
-14

-6
0
-2
-2

1
3
1
2

-18
-18
-14
-17

-29
-32
-20
-27

-36
-38
-19
-31

-17
-17
8
-9

122
74
9
69

1.76
1.33
0.56
0.39
-0.03
0.00

-46
-55
-62
-65
-69
-26
-56

-25
-13
-12
-5
6
19
-1

1
11
5
7
-1
8
6

-24
-27
-Al
-29
-84
-4
-38

-59
-74
-86
-81
-96
-49
-77

-87
-95
-99
-91
-100
-60
-89

-74
-87
-89
-98
-95
-54
-84

92
97
62
212
-61
-42
58
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Table 3: continued
Depth
(cm)
Profile RF1
0-100
100-200
200-290c3
290-375f
375-445c
445-470f
470-490c
490-51 Of
510-545c
545-560f
560-595c
595-610f
mean
Profile RF2
0-75
75-150
150-240c
240-300vc
300-330c
330-340vc
340-420c
420-425vc
425-440f
440-520C
52O-570C
mean
Profile RCR
0-5
20-25
80-85
150-160
240-250
370-375
mean

Al
K
Mg
Na
Fe1
Ca
% of parent material lost (-)i or gained (+)

strain

Si

-0.41
-0.46
-0.65
-0.20
-0.40
-0.20
-0.34
-0.22
-0.53
-0.15
-0.35
-0.11

-71
-76
-82
-28
-54
-26
-46
-26
-63
-16
-46
-20
-57

8
4
-12
24
9
25
25
17
-21
19
13
31
8

0
-5
-31
-23
-1
-36
-27
-47
-13
-44
-16
-4
-15

-0.46
-0.48
-0.62
-0.59
-0.34
-0.36
-0.23
-0.31
-0.34
-0.21
-0.16

-77
-80
-84
-74
-46
-53
-37
-50
-44
-34
-34
-60

3
3
-5
-34
-9
5
3
25
-7
23
16
1

0
4
-1
-1
-2
-2
-3
6
-10
-13
2
-2

-0.03
-0.11
-0.15
-0.31
-0.20
-0.16

-84
-85
-89
-93
-87
-87
-88

-7
-6
-2
-3
-5
6
-2

9
10
9
8
0
14
8

1

-99
-98
-98
-84
-96
-85
-95
-79
-95
-78
-94
-75
-93
*
-98
-99
-97
-66
-51
-55
-29
-86
-82
-56
13
-65
-99
-99
-99
-99
-100
-100
-100

P

-100
-100
-100
-100
-100
-100
-100
-100
-100
-100
-100
-100
-100

-100
-100
-100
-100
-100
-100
-100
-100
-100
-100
-100
-100
-100

-97
-100
-100
-94
-96
-93
-96
-85
-98
-82
-96
-88
-96

-68
-74
-52
-61
-37
-59
-60
-49
-48
-51
-59
-34
-58

-100
-100
-100
-97
-86
-93
-73
-99
-98
-85
-41
-88

-100
-100
-100
-95
-80
-88
-75
-100
-100
-86
-81
-91

-97
-99
-99
-77
-33
-45
-4
-78
-94
-33
-38
-64

-62
-73
-40
-22
-9
14
-7
-53
-68
-9
-23
-33

-100
-100
-100
-100
-100
-100
-100

-100
-100
-100
-100
-100
-100
-100

-100
-100
-100
-100
-100
-100
-100

-81
-88
-92
-96
-95
-87
-92

Iron has been reported as Fe203 , although actually both Fe^Oj and FeO may be present.
Averaged over studied depth
3
Sediment type: c = coarse f =: fines vc = very coarse
2
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In addition to weathering of the remaining plagioclase and pyroxene, also secondary minerals
may disintegrate and contribute to leaching, in particular of Si. Except for the B2 horizon, shortrange order materials and metal-humus complexes dominate among secondary minerals. TGA
shows that gibbsite increases with depth to about 15% gibbsite throughout the B horizon. In the
B2 horizon 1.0 nm halloysite (about 18%) is the dominating secondary mineral (Table 2). In
RPA about 60% of Si, and 50 to 90% of Ca, Mg, Na, and K has been leached (Table 3).
Dilating decreases with depth to the B2 horizon were near zero strain is reached. A similar
tendency was found in a chronosequence on marine terraces in northern California (3).
>50 to 450 ka old Haploperox (RF1,2: RCR). Horizon differentiation in the >50 ka old soils
is less pronounced than in the younger soils. A thick, dark A horizon present in the Andisols
from which these soils are thought to have formed is absent. Except for small quantities of
opaques, the soils are devoid of primary minerals, and consist mainly of gibbsite, kaolin
minerals, and crystalline iron oxides (Table 2). Apparently ongoing weathering leads to
dissolution or transformation of short-range order materials and metal-humus complexes. In these
soils differences caused by sedimentary layering are erased in the part of the profile influenced
by biological activity. In both RF profiles, layering is still clearly present in the CB horizons
which are virtually devoid of biological activity. Although chemical weathering by percolating
water has altered chemical composition of the various layers, striking differences remain between
them. Originally sandy or gravelly layers have been more strongly leached than originally clayey
layers (Table 3). Most likely this is due to the fact that in the percolating solution primary
minerals in the sandy layers are less stable than secondary minerals in the clayey layers, and
weathering proceeds at faster rates. In the RCR profile weathering seems to have proceeded more
homogeneous as all horizons have been leached more or less equally. Virtually all basic cations
and 60 to 90% of the originally present Si have been leached. In the upper horizons some Mg
and K may be present, perhaps related to organic matter.
In the RCR and RF2 profiles, leaching of Fe seems to be limited or absent (Table 3). In RF1,
however, Fe appears to be leached from the subsoil horizons. Mottling indicates that this may
be due to poor drainage for some time during pedogenesis. In well drained soils liberated Fe24
ions from primary minerals is oxidized immediately to insoluble ferric oxide, so it remains as
a residue instead of being carried off in solution, which occurs under reducing conditions. In the
RF2 profile, located at about 400 m from RF1 and supposed to be of the same age, some of the
coarse subsoil layers still contain appreciable amounts of primary minerals relicts, reflected in
considerable amounts of basic cations.
Strain values are negative, indicating collapse (Table 3). Collapse is to be expected when
chemical weathering leaching has removed part of the minerals and biological activity not is able
to stabilize the remaining mineral structure under the weight of overlying soil material and
vegetation.
Elemental behaviour and mineralogy. In all older than 0.5 ka soils basic cations and Si are
leached. Basic cations are the first elements to be liberated upon weathering primary minerals.
Since under the prevailing conditions they are not retained in any of the neoformed products they
are rapidly leached from the soil profile. When cations are set free from primary mineral
crystals, the Al-Si-O frameworks of the original silicate minerals are in part reconstituted into
neoformed secondary minerals present in the studied profiles (e.g. allophane like minerals), in
part leached and lost from the soil profile. Some Mg is retained in many of the soil horizons,
which is explained by the presence of 2:1 layer silicates containing Mg. Such layer silicates
occur in most studied soils from very young to old. Formation of 2:1 layer silicates is often
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Figure 1: Strain values for selected profiles.
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related to dry climates or poorly drainage conditions (1; 2), so their occurrence in the studied
soils is surprising. Most likely, they are formed by hydrothermal transformation in the volcanoes
and subsequently deposited as volcanic ash or alluvial sediments after erosion (11). Although 2:1
layer silicates usually are thought to be unstable in the well drained tropical environment (1),
these minerals show a remarkable stability in the studied soils. This may be due to the dense
structure of the bodies in which they occur.
In most soils P is leached to some extend. However, in the YB and RPA soils P is enriched in
the topsoil. Surface accumulation caused by nutrient pumping and input of airborne P which is
retained in the topsoil by short-range order materials and metal-humus complexes, may explain
this enrichment (27). In the YB soil, an average enrichment of 69% of a 51 cm thick surface
layer of a parent material having a bulk density of 1.2 g ml' and a P205 concentration of 0.25 %,
implies a net accumulation of about 4600 kg P ha"1. Given an annual input of airborne P in the
study area of about 0.1 to 0.2 kg ha'yr' (22), and a rough estimate of accumulated P in tropical
forests of about 30 to 100 kg ha' (9), it is unlikely that these are the only reasons for this
enrichment, although measurement of atmospheric P-input is difficult and variable (5). Probably
also P brought into the soil by indian activity has contributed to the enrichment.
Although Al generally appears to be immobile, in the RPA soil developed on lava it appears that
Al is leached from the topsoil and precipitates in lower horizons (Table 3). Possibly this is due
to transport as complexes with organic matter, which is abundant in the upper horizons of these
soils. Fe is slightly enriched in most of the studied soils.
Ti is residually enriched In all profiles, and appears to be immobile. The mobility of Ti may be
compared with other relatively immobile elements as Cr, V, and Zr through calculation of strain
values (Fig.1). Cr and V give strain values comparable with Ti, but e^ values are higher,
indicating Zr mobility, assuming no Ti, Cr, and V input has occurred. Zr mobility is difficult
to explain, but may be related to presence of Zr in pyroxene (28), which may have been leached
upon release by weathering. It can be concluded that under the conditions of the study area Ti
is a rather immobile element.
Using equation 3 and most likely age of the soils (Table 1), average annual elemental gains and
losses per hectare during the time pedogenesis has been active can be estimated (Table 4).
Table 4:
Profile
AT4
AT5
AT7
YB
RPA (min)
(max)
RF1
RF2
RCR

Average gains and losses of elements during time pedogenesis has been
active, using Ti as immobile element.
Si02 A1A
-211
-68
-230
-217
-294
-442
-197
-192
-109

-32
18
-3
-14
-2
-3
9
1
-1

F e A MgO CaO IS^O
- kg ha yr 1
-19
0
27
4
5
7
-8
-1
1

-27
-21
-36
-16
-17
-26
-18
-13
-9

-68
-48
-66
-34
-60
-90
-24
-23
-17

126

-15
-9
-17
-20
-30
-45
-13
-13
-8

KA

PA

-1
-4
-10
-4
-11
-16
-11
-7
-5

-1
-0
-5
5
2
4
-1
-1
-1

For the RF 1 and 2 profiles as well as for the RCR soil, these estimates must be considered as
minimal values, since parent materials have been weathered to greater depths than studied. On
the other hand, actual leaching in these soil must be different from the presented data. For
example, Table 4 indicates that mean annual yearly CaO losses from RCR were 17 kg ha' yr'
Actually no Ca is present in this soil, so- Ca leaching must be zero. It is obvious that cation
losses in the studied setting are important only during a relatively short time period, perhaps 20
to 30 ka. If soils are preserved for longer time periods, no significant cation reserves are present
in the part of the profile which can be exploited by roots.
Data from Table 4 may be compared with preliminary leaching data from watershed studies. For
example, assuming an annual average leaching of 1.5 to 2 m and a negligible input of Si and Ca
by atmospheric deposition, the annual losses of these elements from the studied soils (Table 4)
should be reflected in stream water concentrations of rivers draining such soils by concentrations
of 57 to 490 mmol Si m3 and 30 to 107 mmol Ca m3 During a short dry spell measurements
at various point in the Tortuguero river, whose basin mainly comprises soils similar to the
studied ones, yielded Si concentrations of 490 to 890 mmol Si m 3 and 240 to 680 mmol Ca m 3 .
The order of magnitude of leaching estimation from pedogenesis and stream water measurements
is alike, supporting the estimations of elemental gains and losses of this study.
Conclusions.
1: Weathering and neof'ormation in of andesitic parent material in the humid tropical Atlantic
lowland of Costa Rica follow pathways as described by other authors in different regions of
the world.
2: Using Ti as an immobile element, the used calculation method permits to determine elemental
gains and losses from soil profiles formed in homogeneous parent materials, although gains
and losses up to 10% may be due to parent material variability.
3: The neoformed short-range order materials and metal-humus complexes nor the tropical rain
forest vegetation are capable of retaining much of the basic cations liberated upon weathering
of the primary volcanic minerals, so they are lost from the soil profile at rates between about
5 to 15 kg h a ' M (K20) and 35 to 90 kg ha1 yr 1 (CaO).
4: In a maximally 18 ka old Melanudand about 30% of Mg, 70% of Ca, 90% of Na, and 85%
of K are leached from the upper meter. In > 50 ka old soils, Mg, Ca, and K reserves are
completely depleted to depths > 2 m . Possibly, mineral reserves of these elements are lost
from the soil profile in time periods somewhere between 20 and 50 ka.
5: In developing Andisols in the study area Si losses become clearly measurable between 2 and
18 ka.
6: In the younger Andisols of the study area, P behavior is rather variable, most likely caused
by P-retention by X-ray amorphous materials and human activity. However, the result on
older Oxisols indicate that mineral P reserves are gradually lost from the soil profile,
although even after long time periods (50 to 450 ka) still mineral P reserves are present.
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Abstract. Ultramafic rocks occur in Southeast Kalimantan due to tectonic activity in late Cretaceous
and Tertiary. In some areas the ultramafic rocks have a high content of chromite. Samples from
a soil located in one of these areas were investigated by chemical analysis, X-ray diffractometry,
infrared spectroscopy, scanning electron microscopy and microprobe analysis. The results showed
no major differences in the chemical and mineralogical composition of soil from different horizons.
The inorganic soil material consists of 65-70 % F e ^ , 10-11 % A1203, 5-6 % Si0 2 , 6-8 % Cr 2 0 3 ,
and small amounts of other elements. About half of the F e ^ and one third of the A1203 were
extractable by sodium citrate-bicarbonate-dithionite. Only small amounts of F^Oj and A1203 were
extractable by sodium oxalate or sodium pyrophosphate. X-ray diffractograms showed the presence
of large amounts of goethite and hematite, minerals with a spinel crystal structure, and smaller
amounts of kaolinite, chlorite and gibbsite in all samples. Some particle size fractions contained
quartz, but quartz is not a major constituent of the soil material. IR-spectra confirmed the presence
of kaolinite, goethite and gibbsite in all samples. Investigations of sand fractions by scanning
electron microscopy showed that most sand grains are spheroid and consist of an outer quite dense
shell and an interior solid core. Microprobe analyses showed that the core has a composition
corresponding to a chromite with an average composition approaching Fe0 7Mg0 ^ C ^ , Al0 6 Fe 0 3 )0 4 .
In the shell the content of iron is almost twice as high as in the core and the contents of chromium
and magnesium are very low. In addition some silicon is present in the shell. It is suggested that
the shell consists of hematite, goethite, gibbsite and kaolinite. Some sand grains without core had
a composition similar to that of the shell and probably consist of similar minerals. The chemical
composition of other sand grains and veins in sand grains is very close to that of a chlorite with
the composition Mg4 5Feo.5Al2Si3010(OH)8. Based on earlier investigations on the formation of
chlorite in chromite rocks, it is assumed that the chlorite has formed during metamorphism at
elevated temperatures and pressures. Hematite, goethite, gibbsite and kaolinite are considered to
be weathering products forming separate grains or shells covering a chromite core.
Introduction. The soil cover of Kalimantan, which constitutes the Indonesian part of the island of
Borneo, is dominated by highly leached acid soils developed on silicic rocks in a humid equatorial
climate (12). These soils generally have a kandic horizon and are classified as Ultisols. The
mineralogy of the Ultisols are dominated by quartz and kaolinitic clay minerals (8, 12). However,
in some areas soils with rather different properties and a completely different mineralogy have
developed due to the occurrence of rocks with special properties. One of these areas is located in
Southeast Kalimantan where ultramafic rocks occur at the surface as the result of tectonic activity
in late Cretaceous and Tertiary (5). The ultramafic rocks are found in the Meratus mountain ranges
(4, 14). In the ultramafic rocks several occurrences of chromitite have been located and described
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by Burgath and Mohr (4). The chromitite occurs as lenses estimated to reach a size of more than
20x20x1 m3 and is always associated with dunite. The chromitite lenses are usually covered by
thick layers of weathered material. The soils on these rocks are classified as Oxisols. In order to
investigate to what extent the ultramafic rocks influence soil properties, especially soil mineralogy,
a profile in this area was described and samples were collected for chemical and mineralogical
analyses. The profile site is located just south of an area with a high concentration of chromitite
occurrences surveyed and mapped by Burgath and Mohr (1985) and near the border of an area with
peridotite mapped by Yuwono et al. (1988).
Profile description.
Location:
Peleihari Sugar Estate, South Kalimantan (3° 47' S, 114° 44' E).
Parent Material: Ultramafic rock.
Slope:
4 % towards east.
Vegetation:
Secondary growth with 5 m tall shrubs.
Classification:
Soil Taxonomy, Humic Rhodic Acroperox.
FAO-Unesco, Rhodic Ferralsol.
Horizontation:
-2 - 0 cm O Litter.
0 - 18 cm A Dark reddish brown (2.5 YR 2.5/4), moist; clay loam;
moderate, very fine to fine angular blocky; friable; few
coarse and many fine roots; diffuse boundary.
18 - 66 cm AB Dark reddish brown (2.5 YR 2.5/4), moist; clay loam;
weak, medium subangular blocky breaking to strong, fine
granular; very friable; few medium and common very fine
roots; diffuse boundary.
66 - 125 cm Bw Dark reddish brown (2.5 YR 2.5/4), moist; clay; weak,
medium subangular blocky breaking to moderately strong,
fine granular; very friable; few medium and fine roots.
The material from all three horizons has rather high magnetization values and adheres readily to
a permanent magnet.
Methods. Particle density was measured using a pycnometer and soil texture was determined by
a combined sieve and pipette method after dispersing the samples by shaking for 16 hours in 0.002
M sodium pyrophosphate. No other pretreatment was employed. Separation of particle size
fractions for mineralogical investigations were made by sieving and sedimentation in water. The
pH was measured in suspensions of 10 g soil in 25 ml water or 25 ml 1 M KC1. Organic carbon
was determined by dry combustion in a LECO instrument and nitrogen was determined by a semimicro Kjeldahl procedure. Exchangeable Ca, Mg, K and Na were extracted with 1 M ammonium
acetate at pH 7. Ca and Mg were measured by flame atomic absorption spectroscopy, K and Na
by flame emission spectroscopy. CEC was obtained from the amount of ammonium retained by the
soil after removal of excess ammonium acetate with ethanol. Exchangeable Al was determined by
extraction with 1 M KC1. Total elemental analyses (Si, Al, Fe, Mg, Ca, K, Na, Cr, Mn, Ni and
Ti) were made by digestion with hydrofluoric acid as described by Bernas (3). The elements
dissolved were determined by flame atomic absorption spectroscopy or flame emission
spectroscopy. Total elemental analyses were also made by X-ray fluorescence spectroscopy.
Extractable iron and aluminium oxy-hydroxides were determined by treatment with sodium citratebicarbonate-dithionite according to Mehra and Jackson (11). Iron and aluminium extractable by
ammonium oxalate and sodium pyrophosphate were determined as described by Schwertmann (13)
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and McKeague (10), respectively. In all the extracts iron and aluminium were determined by flame
atomic absorption spectroscopy.
The morphology of the grains in the sand size fraction of the Bw horizon (0.125-0.250 mm
and 0.8-2 mm) was studied by a scanning electron microscope (JEOL JSM-U3 operated at 25 kV).
Both whole and splitted grains were studied. The splitted grains were used to facilitate observations
of the interior of the grains. Prior to observation the grains were coated with Pt. X-ray
diffractograms of randomly oriented samples of sand, silt and clay fractions were recorded on a
Philips PW1050 vertical diffractometer using Co-Ka radiation. Infrared spectra of the clay, silt and
the 0.25-0.8mm sand fractions were recorded following heating of the samples at 110 °C overnight
using a Perkin Elmer 2000 FT-IR instrument. Prior to investigation by X-ray diffraction and IR
spectroscopy the samples were ground in an agate mortar.
The elemental composition of polished thin sections of sand grains from the Bw horizon
(0.125-0.250 mm and 0.8-2 mm size fractions) embedded in resin was estimated by microprobe
analysis using a JEOL 733 instrument with a TRACOR wavelength dispersive detector system. A
slightly defocussed beam (diameter: approx. 2 pm), a counting time of 20 sec for each element,
a voltage setting of 10 kV and a current setting of 15 nA were used. A full analysis included MgO,
A1203, Si0 2 , K 2 0, CaO, Ti0 2 , Cr 2 0 3 , V 2 0 5 , MnO, FeO, NiO, and ZnO.
Results and discussion. General soil characteristics are given in Table 1. The clay content
increases gradually with depth while the contents of sand and silt decrease. Scanning electron
micrographs revealed that the sand size fractions are dominated by aggregated particles. The cation
exchange capacity of the soil is rather low. Assuming a cation exchange capacity at pH 7 of 200
cmol(+)kg"' for humus and that, besides humus, only the clay fraction has cation exchange
properties, the cation exchange capacity of the clay decreases from about 9 cmol(+)kg_I in the
surface horizon to about 7 cmol(+)kg"' in the subsurface horizons. The organic carbon content is
not particularly low, in fact the total amount of organic carbon until a depth of 1 m is about 19
kgm"2 assuming a bulk density of 2.0 Mgm 3 which, although not determined, is a realistic value
since the particle density is about 4.0 Mgm"3. Compared with the low base saturation percentage
Table 1. General soil characteristics.
Depth
cm
0-18
18-66
66-123

0-18
18-66
66-123

Texture, %
Sand Silt
36
34
32

35
30
28

Clay
29
36
40

Particle
density,
Mg/m3

pH

C

H20

KC1

3.97
4.10
4.14

6.4
6.4
6.6

5.0
5.4
5.5

N

C/N

%
1.84
0.88
0.64

0.15
0.05
0.03

Exchangeable cations, cmol(+)/kg

CEC, cmol(+)/kg

Ca

Mg

pH 7

Soil pH

%

0.5
0.4
0.3

0.2
0.04
0.03

8.9
5.5
4.9

1.3
0.8
0.6

10
9
8

K

Na

Al

0.06
0.2 0.3
<0.01 0.07 0.3
<0.01 0.1 0.2
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13
19
21

Base saturation

Table 2. Total elemental analysis by digestion with hydrofluoric acid,
% by weight at 110 °C.
Depth, cm

0 - 18

18-66

66 - 125

Si0 2
A1203
MgO
CaO
K20
Na 2 0
Cr 2 0 3
MnO
NiO
Ti0 2
Humus
Loss on ignition, excl. humus

6.00
9.87
66.50
0.633
0.00376
0.000
0.0211
5.87
0.206
0.440
0.142
3.24
7.09

4.96
10.32
65.91
0.566
0.0014
0.000
0.000
6.40
0.216
0.477
0.110
1.55
6.38

4.84
10.66
67.69
0.495
0.00057
0.000
0.0027
6.41
0.227
0.505
0.082
1.12
7.21

Total

100.02

96.89

99.24

FeA

Table 3. Total elemental analysis by X-ray fluorescence spectroscopy,
% by weight at 110 °C.
Depth, (:m
Particle size fraction

0 - 18
All

18-66
All

66 - 125
All

66 -125
0.25-0.8 mm

SiO,
A1203
MgO
CaO
K20
Cr 2 0 3
MnO
NiO
Ti0 2
V
Loss on ignition

5.3
10.6
58.3
0.0
0.0
0.0
7.2
0.8
0.2
0.0
0.1
8.9

4.6
10.9
59.1
0.0
0.0
0.0
7.9
0.8
0.2
0.0
0.1
6.8

4.3
11.0
58.8
0.0
0.0
0.0
7.9
0.8
0.2
0.0
0.1
6.7

4.0
11.1
52.8
0.0
0.0
0.0
10.1
0.8
0.1
0.0
0.1
6.0

Total

91.4

90.4

89.8

85.0

FeA

(5-10 % based on CEC at pH 7), the pH values are rather high. This behaviour is generally
expected for soils high in iron-oxides and low in phyllosilicates.
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The total elemental composition as determined by digestion with hydrofluoric acid and by Xray fluorescence spectroscopy are shown in Tables 2 and 3, respectively. The latter method was
employed, because it was observed that the material was not completely dissolved during digestion
with hydrofluoric acid. Nevertheless, it appears from Table 2 that totals close to 100 % are
obtained by hydrofluoric acid digestion and therefore the dissolution must have been almost
complete. The major elements show only minor variation with sample depth. A comparison of
Tables 2 and 3 shows that the contents of all elements, except chromium and aluminium, are higher
when determined by hydrofluoric acid digestion than by X-ray fluorescence spectroscopy, and also
that the digestion with hydrofluoric acid produces higher totals. These discrepancies are most likely
due to difficulties in obtaining representative samples and differences in analytical sensitivity of the
two methods. The composition determined by the hydrofluoric acid method is considered to be
more precise and reliable for most elements. The X-ray flourescense data (Table 3) indicate a
relative enrichment of Cr in the medium size sand fraction in comparison with the whole soil.
Table 4 shows the amounts of iron and aluminium extracted with sodium citrate-bicarbonatedithionite, ammonium oxalate and sodium pyrophosphate. It appears that a substantial part of the
total amount of iron and aluminium (Table 2) is extracted with sodium citrate-bicarbonate-dithionite
while only small amounts are extracted with ammonium oxalate or sodium pyrophosphate.
However, even following sodium citrate-bicarbonate-dithionite extraction, F e ^ is the dominating
component of the sample. The relative small amounts of iron extracted with ammonium oxalate
indicate that only a small part of the iron in the samples are present as poorly crystalline iron oxyhydroxides. About 35 % of the total amount of aluminium is extracted with sodium citratebicarbonate-dithionite while ammonium oxalate and sodium pyrophosphate extract only about 5 %
and 0.5-1 %, respectively.
Table 4. Iron and aluminium extracted with sodium citratebicarbonate-dithionite (CBD)» sodium oxalate ( ox )
and sodium pyrophospate ( pyR ), % Fe 2 0 3 and % A1203.
Depth, cm

0-18

18-66

66-125

FeA

32.88
1.17
0.21
3.72
0.51
0.14

35.67
1.25
0.03
3.63
0.51
0.06

34.17
1.25
0.02
3.70
0.51
0.05

Fe

CBD
2 ° 3 OX

F e ^ PYR
AI2Q3 CBD
AI2Q3 ox

A1203 PYR
The typical grains in both sand size fractions are spheroidal (Fig. 1 a), but frequently also
more irregular particles are observed (Fig. 1 b). At higher magnification the surface of the particles
is quite variable and both grooves and raised parts may be found (Fig 1 a and c). Rarely also cubic
particles and particles with step-pitted surfaces are observed. Observations on splitted particles show
that the spheroidal grains commonly consist of two parts: an outer quite dense shell and an interior
solid part (Fig. 1 d). It appears that the association between the shell and the interior is rather weak
as a void commonly is found between the core and the shell. The structural details on the surface
of the interior part stands out very clearly and cracks are not filled with precipitates (Figs. 1 d and
2 a). A less frequently observed morphology is an infilling into a cross lamellar texture, with
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Figure 1. Scanning electron micrographs of sand grains: a) sheroidal grain with surface
grooves, b) irregular grain, c) spheroidal grain with raised surface parts, d) shell
and interior of spheroidal grain.
the degree of infilling being highest towards the surface but highly variable in the interior of the
particles (Fig. 2 b).
X-ray diffractograms of randomly oriented samples of sand, silt and clay fractions from
different depths are shown in Figs. 3 and 4. (The reason that no results are shown for clay samples
from depth 0-18 cm in Figs. 4 and 5 is that very little clay was obtained when sedimentation was
carried out in water. The major part of the clay is probably included as flocculated material in the
silt fraction). There are few differences between particle size fractions and between samples from
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Figure 2. Scanning electron micrographs of sand grains: a) orthogonal cracks in grain,
b) partly filled cross lamellar texture.
different depths. All diffractograms show clear reflections from goethite and hematite. The goethite
reflection at 0.418 nm seems to be relatively more intense in the coarsest sand and in silt and clay
fractions than in the finer sand fractions. This is taken to indicate that the highest contents of
goethite are found in the coarsest and finest fractions while sand with a particle size from 0.125
mm to 0.8 mm has a lower content of goethite. As indicated by reflections at 0.369, 0.271 and
0.252 nm hematite is present in all samples and the diffractograms indicate no major differences
between particle size fractions or depths.
In all diffractograms a peak at 0.485 nm is observed. This peak may be due to a spinel-type
mineral, gibbsite or both. There seems to be a trend that the intensity of this peak decreases with
decreasing particle size. In addition all diffractograms have peaks corresponding to d-values ranging
from 0.473 nm to 0.480 nm. The peak at 0.473 nm, which is rather distinct for some samples, may
be partly or completely due to chlorite. The remaining peaks ranging up to 0.480 nm are attributed
to various minerals with a spinel-type crystal structure. The occurrence of spinel minerals is
confirmed by a series of reflections at about 0.295 nm and the broadening towards lower d-values
of the hematite reflection at 0.252 nm. The peak at 0.357 nm is attributed to chlorite and kaolinite.
The peak is present in most diffractograms from sand and silt samples, but it is less pronounced
in diffractograms from clay samples. However, the presence of chlorite in the silt and clay fractions
was demonstrated by X-ray diffractograms of oriented samples from which iron and aluminium
oxides had been removed by extraction with sodium citrate-bicarbonate-dithionite. Reflections at
0.426 and 0.334 nm in most diffractograms indicate the presence of quartz, but quartz does not
seem to be a major constituent of any sample.
IR spectra of samples of sand (0.25-0.8 mm), silt and clay fractions are shown in Figs. 5-7.
The spectra confirm the mineralogical similarity of the different particle size fractions and show
that kaolinite, gibbsite and goethite are present in all particle size fractions. The absorption bands
due to gibbsite and kaolinite seem to be more pronounced in the silt and clay fractions than in the
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Figure 3. X-ray diffractograms of sand fractions.
sand fraction. The rather limited number of absorption features in the low wavenumber region is
due to the dominance of iron oxides in the samples.
Microprobe analyses of spheroidal grains in the size fraction 0.125-0.250 mm demonstrate
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Figure 4. X-ray diffractograms of silt and clay fractions.
that they consist mainly of iron, chromium, aluminium and magnesium. However, as shown in
Tables 5-7 there is marked difference between the composition of different sand grains and, in the
grains where a distinct core and shell are present, between the composition of the core and the
shell.
Several authors have studied chromite alterations in rocks and have observed that chromite
grains may develop a rim with a different appearance and composition. In the Stillwater Complex,
Montana, Beeson and Jackson (2) found that chromite grains were surrounded by rims of ferritchromite with a lower content of A1203 and MgO than the chromite in the grain cores. The ferritchromite was suggested to have formed from the parent chromite and olivine by replacement of
A1203 and MgO by Fe203 and FeO during metamorphism. Hamlyn (6) studied chromite alteration
in the Panton Sill, East Kimberly Region, Western Australia. In addition to rims consisting of
ferrit-chromite, Hamlyn found rims enriched with Mg and Al and depleted in Fe and Cr. These
rims were considered to be secondary spinels developed on the surface of chromite grains acting
as sites for nucleation of the secondary spinels which contained almost no chromium and had a
variable Mg:Fe(II) ratio. They were assumed to have formed from other minerals during
metamorphism. Ahmed and Hall (1) studying chromite alteration in the Sakhakot-Qila ultramafic
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Wavenumber (cm 1 )
Figure 5. Infrared spectra of clay fractions. K, Gi and Go indicate positions of absorption
bands due to kaolinite, gibbsite and goethite, respectively.
complex in Pakistan found rims of ferrit-chromite enriched in Cr and Fe and depleted in Al and
Mg. They concluded that the enrichment in Cr and Fe was residual and that no reprecipitation of
Cr had taken place. This involves a considerable decrease in volume causing the formation of pores
and fractures in the particles.
The morphology of the cracks and pores observed in the interior part of the grains are similar
to those described in the above studies and they are taken as evidence that at least the interior of
the grains were subjected to metamorphic conditions. None of the studies referred to have
demonstrated shells dominated by iron oxide, and the shells are considered to have formed at low
temperatures. This is confirmed by the content of kaolinite and gibbsite in the shells.
The chromite forming the interior part of the sand grains appears to be relatively unaffected
by weathering. This is deduced from the results in Table 5 which show that the composition of the
core is close to that of a chromite with the composition Feo 7Mgo 3 (Cr[, Alg 6Feo 3 )0 4 . However, the
variation in d-values calculated from the X-ray diffractograms indicates that a number of different
spinels may be present. It was observed that the entire soil material is strongly magnetic and this
is attributed to the presence of spinel minerals, probably spinels with a relative high iron content
(pure magnetite was not detected by the microprobe investigation).
Chlorite has been found to occur in chromite ores in close association with rims of ferritchromite (1, 2, 6, 7). Beeson and Jackson (2) proposed a genetic link between the formation of
ferrit-chromite and chlorite. This was supported by Ahmed and Hall (1) who observed that
chromite was progressively destroyed with fractures developing near the ferrit-chromite. The
fractures promoted growth of ferrit-chromite inwards in the chromite grains and were filled up with
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Figure 6. Infrared spectra of silt fractions. For identification of absorption bands, see
Fig. 5.
secondary chlorites. Haslam, Harding and Tresham (7) suggested that chlorite was formed from
an aluminium spinel originally crystallized from a magma. At lower temperatures the spinel was
unstable and released alumina and magnesia which combined with magnesium silicate minerals to
form chlorite.
As discussed above chlorite was identified from X-ray diffracrograms, and the results shown
in Table 7 correspond closely to a chlorite with the composition Mg4 5Feo 5Al2Si3O10(OH)8. Hence,
Table 5.

Main elements found by microprobe analysis in spheroid sand grains
from the 0.125-0.250 mm size fraction from the Bw horizon, % by weight.
Core

FeO/Fe^
Cr 2 0 3
MgO
A1203
Si0 2
Total

31.65a
35.94
7.61
23.07
0.00
98.27

30.90a
35.03
7.11
22.79
0.00
95.83

Shell
34.17a 42.07a 69.45b 66.92b 70.32b
48.45 41.89
1.68
1.33
2.65
5.34
0.07
0.07
4.24
0.04
9.71
12.28
8.43
12.70 11.30
0.00
4.34
0.00
3.21
6.01
97.67 96.63 76.94 79.62 85.29

a: Iron calculated as FeO
b: Iron calculated as Fe^Oj
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Infrared spectra of sand fractions (0.25-0.8 mm). For identification of absorption
bands, see Fig. 5.

some sand grains appear to consist almost exclusively of chlorite and some sand grains have
chlorite veins.
The results in Table 5 show that the shell of sand grains with a chromite core has an iron
content which is almost twice as high as in the core and the contents of chromium and magnesium
are very low. The shell probably consists of hematite, goethite and some gibbsite and kaolinite. As
shown in Table 6 some sand grains are completely dominated by iron and they are considered to
consist mainly of hematite and goethite.
In agreement with the results of the investigations on alterations of chromite during
metamorphish it is reasonable to assume that the chlorite in the soil investigated in the present study
Table 6.

FeA
Cr 2 0 3
MgO
A1203
Si0 2
Total

Main elements found by microprobe analysis in cross section
of rounded homogeneous sand grain from the 0.125-0.250 mm
size fraction from the Bw horizon, % by weight.
86.54
0.50
0.10
0.41
0.96
88.51

87.78
1.23
0.00
4.44
2.53
95.98

64.66
0.99
0.55
13.34
6.46
86.00

79.24
1.11
0.03
3.78
2.53
86.69
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81.77
0.96
0.06
2.10
1.88
86.77

84.38
1.91
0.03
4.04
3.35
93.71

84.99 93.07
1.33 0.64
0.06 0.10
3.96 0.85
2.08 2.16
92.42 96.82

Table 7.

Main elements found by microprobe analysis in areas with high
contents of Mg, Si and Al of sand grains from the 0.125-0.250 mm
fraction from the Bws horizon, % by weight.
Dark infillings in cracks

Si0 2
A1203
FeO
Cr 2 0 3
MgO
Total

28.60
18.29
5.70
0.63
30.41
83.63

26.04
16.70
8.87
0.61
29.13
81.35

28.20
18.57
5.57
0.95
30.14
83.43

Grains with corroded appearance
29.78
19.33
5.43
1.08
31.75
87.37

27.73
18.23
5.71
1.05
30.09
82.81

29.39
17.40
5.21
1.49
31.11
84.60

28.58
16.82
4.57
1.56
30.89
82.42

30.81
16.74
4.59
1.55
30.81
84.50

has been formed by a similar mechanism, i.e. at elevated temperatures and pressures.
A part of the minerals in the soil investigated in the present study have probably been subject
to metamorphic transformations but in addition they have been exposed to weathering for an
extended period of time. Effects of weathering on ultramafic rocks with a content of chromium
spinels have been studied by Marker and Friedrich (9). On well drained sites in a humid climate,
like that prevailing in parts of Southeast Asia, leaching of silicon, alkali metals and alkaline-earth
metals leads to a residual accumulation of chromite minerals and iron. The soil investigated in the
present study is probably developed on a parent rock which orginally was rich in olivine. The
majority of silicon and magnesium has been lost by weathering and leaching and at the same time
hematite, goethite and smaller amounts of gibbsite and kaolinite have formed.
Conclusions. It appears from the investigations that there are few differences in the mineral
composition of the different particle size fractions and the variation with depth is also rather
limited. The dominating minerals in all particle size fractions and at all depths investigated are
goethite, hematite and minerals with a spinel-type crystal structure. Spinels analyzed by microprobe
have a composition approaching Fe<, 7Mg0 3(Cr, , Al0 6Feo 3 )0 4 but the variation in d-values calculated
from X-ray diffractograms indicates that a number of different spinels are present. In addition,
smaller amounts of kaolinite, gibbsite and chlorite are present.
The remarkable mineral composition is considered to be a combined result of metamorphism
and intense weathering. The original rock has probably been rich in chromite and olivine.
Metamorphic processes at high temperatures and pressures have caused alteration of chromite and
formation of chlorite. Subsequent intense and extended weathering and leaching in a hot humid
climate has caused a loss, especially of magnesium and silicon, and formation of hematite, goethite,
gibbsite and kaolinite. Hence, the spinel minerals with chromium originate from magmatic and
metamorphic processes, chlorite has been formed during metamorphism, and hematite, goethite,
gibbsite and kaolinite are formed during weathering.
The minerals are not found in the soil as separate particles but rather as aggregates consisting
of several minerals. This is a result of the mineral development sequence described above and cause
of the similarity in mineralogical composition of the different particle size fractions. The fact that
the entire soil material is magnetic also indicates that magnetic minerals, i.e. some spinels, are
present in virtually all particles.
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Clay Mineralogy of Nonallophanic Andisols from Nevado
de Toluca Volcano, Mexico1
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Introduction. Soils of the Nevado de Toluca volcano, located above 3700 m and classified as
Alic Melanocryand and Alic Melanudand, are nonallophanic. Their clay fraction is dominated by
halloysite, 1:1/2:1 mixed layers and hydroxy-Al polymers. Imogolite and allophanic materials,
up to 6%, are only present in the deeper non-humus subsoil (C horizon). Halloysite becomes
more dominant with increasing soil temperature, from cryic to isomesic.
Material and Methods. Clay samples from five Andisols located on the upper NNW slope of
the Nevado de Toluca volcano were studied using XRD, IR, TEM and chemical analyses. Acidoxalate- extractable Al (Alo), Fe (Feo) and Si (Sio) and the pyrophosphate-extractable Al (Alp)
and Fe (Fep) were measured for allophane quantification and soil characterization.
Results and Discussion. The results of XRD, IR and TEM analyses of clay samples are shown
in figure 1, 2 and 3, respectively. The series of reflections (1.7, 0.85, 0.54 and 0.34 DID) in the
XRD patterns of the glycolated samples indicate the presence of halloysite/smectite (Hy/Sm)
mixed layers. The IR spectra and the TEM (fig. 3a) reveal the presence of smectite (IR: 3620,
3428 cm"1, 912 and 668 cnr1) and halloysite (IR: 1093-1098, 797-790, 690-695 and 476 cm"1).
The DCB soluble components, called allophane-like constituents or proto-imogolite (1), are
indicated by the absorption bands at 3200, 2924, 2852 and 2361 cm"1. The analytical results also
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Figure 3 TEM of clay samples : AP, hydroxy-Al polymers; Hys, spherical halloysite; Hyt,
tubular halloysite; lm, imogolite; Sm, smectite.
show the presence of feldspars (XRD : 0.65, 0.322, 0.367 and 0.380 nm), mica (XRD : 1.0, 0.50
nm), chlorite (XRD : 1.4 nm), opal phytolith (IR : 798-800 cm"1; XRD : 0.408 nm) and imogolite
(Im) as well as proto-imogolite allophane (2) (IR : 1016 cm4; and TEM, fig. 3b). At 4000-4300
m altitude, spheroidal halloysite (fig. 3c) is formed in the microcavities of vesicular volcanic glass
as a consequence of the physical entrapment of Si and Al in the micropores. Just above 3700 m
altitude, tubular halloysite (fig. 3d) is formed out of allophane. High concentrations of hydroxyAl polymers (fig. 3e) are found in the Alic Melanocryand under pine forest.
The high organic carbon content (12.6% average), the formation of Al-humus complexes
(Alp/Alo ranging from 0.50 and 0.90) and the accumulation of phytoliths in the humus horizon
bring about conditions unfavorable (low concentration of Al and Si in the soil solution) for the
formation of allophane.
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